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Magmas contain significant quantities of volatile
compounds, including water (H2O), carbon dioxide
(CO2), sulphur, and halogen species, particularly at
high pressures. Their separation through degassing
is a critical process in planetary differentiation and
plays a central role in shaping planetary atmospheres
and climates. Key questions remain regarding the
initial volatile inventory within planetary interiors
and the mechanisms by which these volatiles are re-
distributed across the various layers of a planet.

In planets like the Earth, large-scale convection
serves to erase pre-existing temperature or density
gradients, often leading to partial melting of solid
rocks, such as during adiabatic upwelling. These
partial melts act as powerful sinks for most volatiles.
As a result, magmas are among the primary conduits
for volatile redistribution within planetary interiors.
When magmas reach the surface, their degassing
can impact atmospheric conditions over a range of
temporal and spatial scales. This includes secular
degassing, which has gradually contributed to the
formation of present-day atmospheres, as well as the
ephemeral effects of individual volcanic episodes,
which can modify atmospheric chemistry and tur-
bidity with resultant climatic change. Volcanic erup-
tions also have immediate local and regional impacts
on surface environments and on society. As a re-
sult, scientists are continuously refining monitoring
strategies to improve forecasting of the timing and
progression of eruptions.

This special issue highlights several ongoing ef-
forts to understand the behaviour of volatiles in mag-
matic systems. It opens with a contribution from
Labrosse et al., who explore the behaviour of a
magma ocean at the base of the mantle. The authors
develop a new set of equations to model the coupling
between a crystallizing basal magma ocean and an
overlying convecting mantle, as well as its interaction
with the core. Although the role of volatiles is not

directly addressed in this study, it lays the ground-
work for future investigations by considering the case
of a magma ocean deficient in volatiles (e.g., water
or CO2). Their results reveal large-scale geochemical
heterogeneities that may help explain seismic ob-
servations of low-velocity zones at the core-mantle
boundary.

In a separate study, Sanloup et al. investigate
the behaviour of iodine in basaltic magmas under
mantle pressures, particularly its speciation, using
in situ X-ray measurements at high pressures and
temperatures. Although iodine is a heavy halogen
present in trace amounts in magmas (typically less
than 1 ppm), it plays important roles in atmospheric
chemistry, particularly in ozone depletion during ex-
plosive eruptions. The authors challenge previous
assumptions by showing that, at high pressures, io-
dine binds to oxygen in the melt rather than to
network-modifying cations (as is the case with chlo-
rine). This finding suggests that oxidized iodine
species may have been overlooked in past studies
and could play a role in the degassing of water-poor
magmas. This work highlights the need for further
research into the speciation of iodine and other halo-
gens in natural silicate melts.

Vetere et al. explore the effects of varying H2O and
CO2 contents on phase equilibria in a shoshonite
basaltic magma sampled from Vulcano, an active vol-
cano in the Aeolian Arc. Phase equilibria experiments
are a powerful tool for constraining the effects of
volatiles on magma behaviour and identify the stor-
age conditions of magmas beneath active volcanoes.
While H2O is well-known to depress the melting tem-
perature of silicates, CO2 was traditionally thought
to have little such effect due to its lower solubility in
silicate melts. However, Vetere et al. show that this
is not the case for alkali-rich and water-poor melts,
where high CO2 concentrations decrease crystal frac-
tion, potentially reflecting speciation effects linked to
alkali elements. This finding underscores the need
for further investigation into the effects of volatiles
on such melts.

Daffos et al. examine how crystal content and
strain influence the degassing behaviour of magmas
during ascent in volcanic conduits. The loss or re-
tention of volatiles during ascent dictates eruptive
style at the surface. Magmas that retain most of their
volatiles until approaching the surface tend to pro-
duce explosive eruptions, particularly in arc settings
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where magmas are rich in water. Conversely, any
factor that promotes volatile loss during ascent will
act to reduce explosivity, often leading to lava or
dome-forming eruptions. Daffos et al. demonstrate,
through high-pressure experiments with bubble- and
crystal-bearing magmas, that even moderate defor-
mation at relatively low crystal fractions significantly
enhances bubble connectivity, thereby facilitating
gas loss during magma ascent. This has implications
for understanding the dynamics of explosive erup-
tions, such as the infamous 1902 eruption of Mon-
tagne Pelée.

Moussallam et al. revisit geochemical gas data
from several volcanic regions to identify signals of
changes in deep magmatic processes, with a fo-
cus on temperature and oxygen fugacity ( f O2). Gas
monitoring is a key method for forecasting vol-
canic activity, as the composition and flux of gases
escaping from magmatic reservoirs can indicate
magma migration, recharge, hydrothermal inter-
action and pressurization. Using data from three
well-monitored active volcanoes in Japan, the au-
thors show that variations in temperature and f O2

can occur during the course of an eruption, with
changes also observable through other petrological
proxies. They propose that thermodynamic process-
ing of routinely collected gas compositions could
yield real-time insights into ongoing magmatic pro-
cesses, thereby supporting hazard assessment.

In another study, Aiuppa and Moussallam exam-
ine global volcanic gas data to estimate fluxes of

hydrogen (H2) and hydrogen sulphide (H2S). These
gases play a crucial role in the Earth’s atmosphere,
contributing to the balance of oxidized and reduced
species, yet their global fluxes remain poorly con-
strained. The low concentrations of these gases and
their rapid oxidation in the atmosphere make them
difficult to measure accurately. The authors dis-
cuss the factors affecting H2 and H2S concentrations
in volcanic gases, such as cooling and rock inter-
actions, and provide new insights into their global
fluxes.

Finally, Scaillet et al. aim to quantify the sulphur
yield from eruptions of alkali-rich and evolved mag-
mas, such as phonolites and trachytes. These mag-
mas have been associated with several major erup-
tions, including the 1815 eruption of Tambora, which
had a significant impact on global climate and is
associated with “the year without a summer” of 1816.
While the atmospheric and climatic impact of the
Tambora eruption has been widely studied, the po-
tential climatic effects of other such events, like the
13 kyr calBP Laacher See eruption, remain uncer-
tain. Scaillet et al. use thermodynamic calculations
to show that the sulphur yield from alkali-rich mag-
mas is not higher than that of their calc-alkaline
counterparts, which dominate explosive eruptions.
They suggest that the Laacher See eruption likely did
not have a strong global climate impact, highlighting
the importance of accurately assessing sulphur con-
tent under pre-eruptive conditions on a case-by-case
basis.
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Abstract. Fractional crystallisation of a basal magma ocean (BMO) has been proposed to explain
the formation of large scale compositional variations in the mantle and the persistence of partially
molten patches in the lowermost mantle. We present a complete set of equations for the thermal and
compositional evolution of the BMO and show that it can be implemented in a mantle convection
code to solve the long term mantle evolution problem. The presence of the BMO modifies the
dynamics of the mantle in several ways. The phase equilibrium at the bottom of the solid mantle
implies a change of mechanical boundary condition, which helps solid state convection. The net
freezing of the BMO implies a change of computational domain, which is treated by mapping the radial
coordinate on a constant thickness domain. Fractional melting and freezing at the boundary makes
the composition of the BMO and the solid mantle evolve, which is treated using Lagrangian tracers.
A sample calculation shows that the persistence of the BMO and its long term evolution drastically
changes the dynamics of the solid mantle by promoting downwelling currents and large scale flow.
The gradual increase of the FeO content in the BMO and in the solid that crystallises from it leads
to the stabilisation of large scale thermo-compositional piles at the bottom of the mantle, possibly
explaining the observations from seismology.

Keywords. Thermal evolution, Mantle convection, Core cooling, Basal magma ocean.

Manuscript received 21 May 2024, revised 3 October 2024, accepted 7 October 2024.

1. Introduction

The long term evolution of the Earth is paced by con-
vection in the solid mantle, which is much slower
than the dynamics of the underlying liquid core. The
present day structure of the mantle is rather well
constrained, thanks to the tremendous progress of
seismic tomography over the last few decades [e.g.

∗Corresponding author

Fichtner et al., 2024], and is generally well under-
stood in the context of mantle convection in a plate-
tectonic regime [e.g. Coltice et al., 2019]. Paleo-
geographic reconstructions have been used to con-
strain models of mantle convection going back 1 Gyr
[Flament et al., 2022] although, of course, the un-
certainties regarding paleogeography increase dras-
tically with ages larger than about 200 Myr, the age
of the oldest oceanic plate. These studies gen-
erally consider the presence of chemically denser
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material in the form of thermochemical piles at the
bottom of the mantle as a way to explain the seis-
mically imaged large low shear velocity provinces
(LLSVPs) [e.g. Hernlund and McNamara, 2015, for
a review].

If we accept the chemical interpretation of
LLSVPs, the question of their formation remains.
Several scenarios have been proposed. The forma-
tion of the Earth could make the mantle initially
chemically stratified in two layers and the slow ero-
sion of the stratification by mantle convection could
lead to the present state [e.g. Le Bars and Davaille,
2004]. Instead of gradually mixing an initial strati-
fication, dense material produced by the extraction
of the oceanic crust could accumulate at the bottom
of the mantle after being subducted [Christensen
and Hofmann, 1994, Nakagawa et al., 2010, Li and
McNamara, 2013]. A last scenario, which is the topic
of the present paper, proposes that the fractional
crystallisation of a basal magma ocean (BMO) can
lead to the stabilisation of chemically different piles
at the bottom of the mantle [Labrosse et al., 2007].

In addition to LLSVPs, seismological studies of
the deep mantle have uncovered regions of very re-
duced seismic velocity, on a much smaller scale than
LLSVPs, termed ultra low velocity zones (ULVZs).
These regions, that can be tens to hundreds of km
wide, have seismic velocities about 30% (for S) and
10% (for P) smaller than the surrounding mantle,
and a density a few percent larger [Rost et al., 2005],
while typical variations of the seismic velocities on
the large scale are of the order of a few percent. These
extreme velocity reductions, and the fact that the
velocity of S waves is more reduced than that of P
waves, has been used to imply the presence of par-
tial melt [Williams and Garnero, 1996]. If indeed the
mantle in contact with the core is currently partially
molten, more melt should have been present in the
past when the core was hotter. Indeed, we know
that the Earth has been cooling down [Jaupart et al.,
2015] and the possibility of the core to be cooling
faster than the mantle has been invoked [Driscoll and
Bercovici, 2014, Labrosse, 2016, Patočka et al., 2020]
to solve the long standing thermal catastrophe prob-
lem for the thermal evolution of the Earth [Chris-
tensen, 1985]. The rapid core cooling is also a conse-
quence of the necessity to maintain a convective dy-
namo with a large thermal conductivity of the core
[Labrosse, 2015, Patočka et al., 2020]. All these argu-

ments together led to the scenario of a basal magma
ocean [Labrosse et al., 2007].

The aim of this paper is to present a first step to-
ward including a basal magma ocean in a fully dy-
namical model of mantle evolution. Starting with a
mantle convection model, in this case StagYY [Tack-
ley, 2008], a first ingredient to add is the possibil-
ity of a solid-melt phase change at the boundary
with the underlying magma ocean. Compositional
changes associated with the phase change are also re-
quired. Both aspects have already been reported and
the implications of such a boundary have been ex-
plored [Labrosse et al., 2018, Agrusta et al., 2019, Bol-
rão et al., 2021, Lebec et al., 2023, 2024]. The possi-
bility of melting and freezing at one of the horizon-
tal boundaries helps convection in the solid. This ef-
fect is included by applying a phase change bound-
ary condition [Alboussière et al., 2010, Mizzon and
Monnereau, 2013, Deguen et al., 2013, Deguen, 2013,
Labrosse et al., 2018] controlled by a single dimen-
sionless parameter, the phase change numberΦ. For
small values of this parameter (Φ ≲ 10), the phase
change is fast and the critical Rayleigh number for
the onset of convection is reduced compared to the
situation without phase change or with a slow phase
change (Φ≳ 103). The heat and mass transfer is also
enhanced by the phase change at the boundary.

These previous studies on the effect of a solid–
liquid phase change at the boundary did not include
the net evolution of the planet, with the possibility
of volume change of the basal magma ocean. In-
cluding this effect requires several important mod-
ifications of the model, which are presented below.
Firstly, a numerical treatment of the moving bound-
ary at the bottom of the solid mantle is necessary and
this is the topic of Section 2.1. This requires knowing
the moving rate of the boundary, which can be deter-
mined from the energy balance of the BMO. The rel-
evant theory is presented in Section 2.2. An example
calculation is then presented in Section 3 before dis-
cussing the implications and limitations of the model
in Section 4.

2. Physical and numerical model

2.1. Convection in the solid mantle

We start with a mantle convection numerical code,
StagYY, which can solve the equations for mass,
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composition, energy and momentum balances in an
infinite-Prandtl-number fluid, like planetary man-
tles, in various geometries and with many complex-
ities [Tackley, 2008]. This code is widely used in the
geodynamics community and needs not be detailed
here; only features directly relevant to the present
study are presented. The code uses a finite vol-
ume approach for the mass, energy and momen-
tum balances and a particle-in-a-cell (PIC) approach
for composition [Tackley and King, 2003, Gerya and
Yuen, 2003, Ismail-Zadeh and Tackley, 2012]. In the
present study, we use the spherical annulus geome-
try [Hernlund and Tackley, 2008] since the spheric-
ity is important for a proper surface to volume scal-
ing in an evolving planet. In order to keep the study
as simple as possible, we consider an incompressible
mantle using the Boussinesq approximation, with all
physical quantities uniform. With these assump-
tions, the solid part of the model is controlled by
three dimensionless numbers, the Rayleigh number
Ra, the internal heating rate H and the buoyancy
number B , their usual definition being,

Ra = αg∆T d 3

κν
, H = ρhd 2

k∆T
, B = β

α∆T
, (1)

with α and β the thermal and compositional (FeO)
expansion coefficients, respectively, g the gravity, κ
the thermal diffusivity, ν the kinematic viscosity, ∆T
the temperature scale, d the thickness of the whole
mantle (solid and BMO), ρ the density and h the
time-evolving radioactive heating rate. Among the
parameters entering the definition of the dimension-
less numbers, ∆T and d deserve a special discus-
sion since the actual temperature drop across the
solid mantle and its thickness, which are normally
used as scales to define the dimensionless numbers,
vary with the progressive crystallisation of the BMO.
We use fixed values (see Appendix) and take into ac-
count the variations of the actual values as time-
varying factors in the balance equations emerging
from our way of dealing with the moving bound-
ary, which is the main modification of the numeri-
cal model as presented in previous studies. The solid
mantle shell is bounded by two spheres, the basal
ocean-mantle boundary (BOMB) with dimensionless
radius rBOMB(t ), and the Earth surface with dimen-
sionless radius RE. We can map the time-varying

spherical shell to a constant one, between rescaled
radii 1 and 2, by using as radial coordinate

z = 1+ r − rBOMB

RE − rBOMB
. (2)

This change of radial coordinate implies a change of
both radial and temporal derivatives, obtained us-
ing the chain rule. Considering a function f (r, t ) =
f̃ (z, t ), we get

∂ f

∂r
= ∂z

∂r

∂ f̃

∂z
= 1

RE − rBOMB

∂ f̃

∂z
, (3)

and so on for higher order derivatives. Consider now
the time derivative,

∂ f

∂t
= ∂ f̃

∂t
+ ∂z

∂t

∂ f̃

∂z
= ∂ f̃

∂t
− ṙBOMB

RE − r

(RE − rBOMB)2

∂ f̃

∂z
,

(4)
the overdot standing for time derivative. Therefore,
the change of BMO radius implies an additional ad-
vection term in the equation of energy balance when
mapping the domain to a constant one. This addi-
tional advection is also applied to tracers. Introduc-
ing the time-dependent scaled solid mantle thick-
ness, Γ = RE − rBOMB, the dimensionless balance
equations for mass, momentum, energy, FeO mass
fraction ξ and concentration cHPE of heat producing
elements (HPE) become

0 =∇·u, (5)

0 =−∇p +∇2u

+RaΓ3 [(T −Bξ)−〈T −Bξ〉]ez , (6)

Γ2 ∂T

∂t
=−u ·∇T − Γ̇Γ(2− z)

∂T

∂z
+∇2T

+HcHPEΓ
2 exp

(
− t ln2

τHPE

)
, (7)

Γ2 ∂ξ

∂t
=−u ·∇ξ, (8)

Γ2 ∂cHPE

∂t
=−u ·∇cHPE, (9)

with u the flow velocity, T the temperature, p the dy-
namical pressure. For simplicity, we consider only
one heat producing element with a unique half life
parameter τHPE that represents a mean of the four
main ones in the Earth, 235U, 238U, 232Th and 40K. The
time derivative Γ̇BOMB is computed from the balance
equations for the BMO, which are explained in the
next section. This calculation requires knowing the
fluxes of heat and FeO, which are directly computed
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in StagYY from the temperature field and tracers, re-
spectively. The change with time of bottom tempera-
ture, TBOMB(t ), does not appear directly in the equa-
tions above but is applied as boundary condition at
the bottom of the solid mantle. Therefore, the ef-
fective Rayleigh and buoyancy numbers at any given
time are

Raeff = RaΓ3TBOMB, Beff = B
(〈ξbot〉−〈ξtop〉)

TBOMB
,

(10)
where the actual FeO mass fraction difference across
the layer is introduced in the definition of the effec-
tive buoyancy number.

An important feature of the model, already in-
cluded in StagYY for a few previous studies [Agrusta
et al., 2019, Bolrão et al., 2021, Lebec et al., 2023,
2024], is the solid–liquid phase change bound-
ary condition at the bottom of the solid shell [e.g.
Labrosse et al., 2018],

2
∂ur

∂r
−p −Φur = 0, (11)

ur being the radial velocity, p the dynamic pressure
andΦ the phase change number. This dimensionless
parameter is the ratio of two timescales, Φ = τφ/τη,
with τη the timescale to create a topography from
viscous stress in the mantle and τφ the timescale to
erase it by convection in the liquid layer. The bound-
ary condition, initially derived for the dynamics of
the inner core [Deguen et al., 2013], expresses the
competition between the generation of a topogra-
phy by viscous stress in the solid and its removal by
melting and freezing. With this equation, the bound-
ary condition can be the classical no-penetrative one
for Φ → ∞, in which case the phase change is ef-
fectively prohibited (ur = 0), or of the flow-through
type for small values of Φ. This boundary condi-
tion strongly affects convection: for small values ofΦ,
convection is easier to start [i.e. the critical Rayleigh
number for the onset of convection is reduced, see
Deguen, 2013, Labrosse et al., 2018, Morison et al.,
2024], heat and mass transfer are increased and the
wavelength of convection is increased compared to
the situation usually considered in mantle convec-
tion [Agrusta et al., 2019]. For a purely thermal prob-
lem [Deguen et al., 2013], the phase change number
can be expressed as

Φ= ρs(ρl −ρs)Ld

ρ2
l Cpl(mad −mp )ulηs

, (12)

with ρs and ρl the density of the solid and the liq-
uid, respectively, L the latent heat of fusion, Cpl the
heat capacity of the liquid, ul the typical flow veloc-
ity in the magma ocean, ηs the viscosity of the solid
and (mad −mp ) the difference between the adiabatic
gradient in the liquid and the Clapeyron slope. Sev-
eral parameters are rather uncertain but reasonable
estimates give Φ ∼ 10−8 (see Appendix). With such a
very small value, we are clearly in the flow-through
regime. In that regime, down-welling currents reach-
ing the boundary do not turn and, instead, melt to
reach the BMO. For this to happen, the temperature
has to reach the boundary temperature, which hap-
pens on a short length-scale. Resolving that thin
boundary layer can be challenging at large Rayleigh
number and we use here the technique introduced
by Agrusta et al. [2019]: the fixed temperature bound-
ary condition is replaced by a laterally varying Robin
boundary condition representing the behaviour on
the inner edge of the boundary layer:

Hs(ur +u0)θ+ [1−Hs(ur +u0)]
∂θ

∂r
= 0, (13)

with Hs a smooth approximation of the Heaviside
function, θ the temperature anomaly, and u0 the
reference velocity at which the boundary condition
switches behaviour. For ur <−u0, in downwelling re-
gions, the outflow of solid material toward the BMO
makes Hs = 0 and therefore leads to an imposed zero
gradient. Conversely, where ur >−u0, Hs = 1 and the
value of the temperature is set to the freezing one. See
Agrusta et al. [2019] for more details and benchmark
comparisons.

The PIC method consists of using Lagrangian trac-
ers in the domain to carry various quantities as they
are transported by the flow, and averaging the rele-
vant quantities on the finite volume grid to compute
the flow solution. In the context of the present study,
we use a unique compositional information, repre-
senting the FeO content of the mineral assemblage.
A complexity added to this approach by the phase
change boundary condition and already treated by
Bolrão et al. [2021] comes from the fact that the
flow crossing the phase change boundary implies ex-
change of FeO with the BMO. In practice, when solid
material crosses the boundary by melting, the as-
sociated tracers are removed while new tracers are
added to regions where crystallisation occurs. These
new tracers are given the information associated with
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their FeO content according to a simple phase dia-
gram model (Equation (19)) [Bolrão et al., 2021]. The
net flux of FeO is computed by compiling the infor-
mation carried by both removed and added tracers.
The composition acts on the density through a lin-
earised equation of state to give the last term on the
right-hand-side of the momentum equation (6). The
buoyancy number B measures the tendency of FeO
entering from the BMO to stabilise against entrain-
ment by thermal convection.

Note that this approach assumes a spherical
boundary between the solid mantle and the BMO,
i.e. a negligible topography of that boundary. The
dynamic topography associated to convection in
the solid mantle is in fact included in the theory
that leads to the phase change boundary condition
Equation (11) [see Labrosse et al., 2018, for a full
development], which assumes it to be small. This as-
sumption is consistent with the fact that it is limited
by convection in the liquid ocean that tends to erase
it by mixing laterally solute and energy.

In addition to the phase change at the bottom
boundary of the solid mantle, partial melting could
in principle occur anywhere in the bulk, depending
on the local temperature and the solidus of the local
composition. This possibility is already implemented
in StagYY [e.g. Nakagawa and Tackley, 2012], the melt
being then extracted to the surface to form a crust,
but has not been used in the present paper to focus
on the phase change at the bottom boundary.

2.2. Evolution of the BMO

The flow of heat and FeO across the boundary be-
tween the solid mantle and the BMO makes the
boundary move by melting or freezing according to
the phase diagram and the conservation of heat and
solute in the BMO. The phase diagram prescribes
the temperature of the liquidus, TL, and the solidus,
Ts, as function of composition and pressure. At the
boundary between the solid and the liquid, the tem-
perature equals the solidus of the solid composition
and the liquidus of the liquid composition. This de-
pendence on composition makes this evolution de-
pend also on the net flux of FeO between the solid
and the liquid, which is due to the partitioning be-
tween the two phases upon crystallisation and melt-
ing. The heat flow out of the BMO controls the rate
of cooling and crystallisation of the BMO to form the

solid mantle and the rate of cooling and crystallisa-
tion of core. The evolution of the BMO follows from
the global energy balance in much the same way as
the evolution of the core. The equations are there-
fore similar and we follow the theory presented by
Labrosse [2015].

2.2.1. Evolving reference state

We consider the BMO to be composed of an en-
tirely liquid magma, whose composition can evolve
between two end-members, an MgO-rich one and an
FeO-rich one. The composition is quantified by the
mass fraction of FeO, ξl, the corresponding one in the
solid mantle being ξs.

Fractional crystallisation at the top of the BMO
releases FeO at the top, which drives compositional
convection. Cooling from the top and heating by the
underlying core also favor convection. Since both
temperature and composition promote convection,
we assume that the BMO stays well mixed at all times,
such that ∂ξl/∂r = 0, and that it is also isentropic
on average. Alternatively, the BMO could start stably
stratified [Laneuville et al., 2018] but we neglect this
possibility in the present study.

We therefore consider a well-mixed isentropic
magma ocean whose reference profile of density,
temperature, chemical potential, mass fraction of
FeO, etc., are linked by the phase equilibrium occur-
ring at the top of the layer. The system is charac-
terised by three state variables, the specific entropy
s, the mass fraction of FeO in the magma ξl and pres-
sure P . The reference state is well mixed, ∂ξl/∂r = 0,
isentropic, ∂s/∂r = 0, and hydrostatic, ∂P/∂r = −ρg .
For the sake of simplicity, the density ρ is kept con-
stant, and so is the gravitational acceleration g . In
the reference state, the radial derivatives of the tem-
perature T and chemical potential µ come only from
the pressure variation. The chemical potential can be
obtained using thermodynamic identities by integra-
tion of [e.g. Braginsky and Roberts, 1995, Lister and
Buffett, 1995, Labrosse, 2015]

∂µ

∂r
=

(
∂µ

∂P

)

s,ξ

dP

dr
=−βg , (14)

β being the coefficient of chemical contraction

β≡− 1

ρ

(
∂ρ

∂ξl

)

P,s
= ρ

(
∂µ

∂P

)

s,ξ
. (15)

Note that for FeO in a magma, β here defined is
negative. This is opposite to the case of light elements
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in the core. Assuming, for simplicity, β and g to be
constant, Equation (14) can readily be integrated to
give

µ=µBOMB +βg (rBOMB − r ) ≡µBOMB +µ′ (16)

with µBOMB the chemical potential at the top of the
BMO and µ′ the deviation from that value in the
BMO.

Similarly, for the temperature we get the classical
isentropic gradient:

∂T

∂r
=

(
∂T

∂P

)

s,ξ

dP

dr
=−αg T

Cp
, (17)

with α the thermal expansion coefficient and Cp the
heat capacity at constant pressure. We know that
α generally decreases with pressure and therefore
depth [Anderson et al., 1992, Chopelas and Boehler,
1992, Duffy and Ahrens, 1993, Ricard, 2007, Ricard
et al., 2022] but since we consider here a magma
ocean whose total thickness is a few 100 km only, we
consider the assumption of a constantα as sufficient.
Therefore, Equation (17) can be integrated to give

T = T BOMB exp

[
αg (rBOMB − r )

Cp

]
, (18)

with T BOMB the temperature at the top of the BMO.
This equation can be safely linearised if that simpli-
fies the expressions. T BOMB is equal to the liquidus
corresponding to the composition of the magma
ocean, which evolves with time. The liquidus also
depends on pressure and, for simplicity, we assume
a linear dependence of the liquidus on both pressure
and mass fraction of FeO, yielding

T BOMB = TL(rBOMB) = TL(r0)− ∂TL

∂P
ρg (rBOMB − r0)

+ ∂TL

∂ξ
(ξl −ξl0) , (19)

with r0 the initial position of the freezing front, ξl 0

the initial FeO mass fraction of the magma ocean
and TL(r0) the corresponding liquidus value. This
equation can be time differentiated to give

dT BOMB

dt
=−∂TL

∂P
ρg

drBOMB

dt
+ ∂TL

∂ξ

dξl

dt
. (20)

The two time derivatives on the right-hand-side can
be related to each other using the equation for FeO
conservation. This and other balance equations are
derived in the next subsection.

The different profiles obtained above are only
strictly valid in the well mixed isentropic bulk of the
magma ocean and are complemented by boundary

layers on both top and bottom. However, as soon
as the magma ocean is unstably stratified, which we
assume here from the start, the Rayleigh number
is enormous and convection is very efficient, which
makes the super-isentropic temperature difference
across the BMO very small [Labrosse et al., 2007, Ul-
vrová et al., 2012]. Therefore, we neglect the thick-
ness of boundary layers and their associated temper-
ature, composition and chemical potential jumps.

2.2.2. Balance equations

The mass fraction ξl of FeO in the BMO is assumed
to be uniform, owing to the high efficiency of con-
vective stirring in the liquid. However, it evolves with
time due to interaction with the solid mantle due to
fractional crystallisation at the boundary, and pos-
sibly exchange by diffusion through the core man-
tle boundary. The equations describing the evolu-
tion of ξl are derived for their introduction in StagYY.
The integrated fluxes over the CMB and top surface of
the BMO are denoted I CMB and I BOMB, respectively,
and are counted positive upward. The global balance
equation for the FeO content is

dMBMOξl

dt
= I CMB − I BOMB, (21)

MBMO being the mass of the BMO in the ξl = 0 limit.
For the time being, we will neglect I CMB since its
treatment would require constraints on the partition-
ing between the liquid metal and the liquid silicate at
the relevant pressure and temperature and a model
for the vertical transfer of light elements at the top of
the core. This could be a target for future develop-
ments.

With this assumption, Equation (21) can be devel-
oped to give

MBMO
dξl

dt
+4πr 2

BOMBρ0ξlṙBOMB =−I BOMB. (22)

The flux to the solid mantle, I BOMB, is due to the
phase change happening at the boundary, with a
crystallisation mass rate w associated with the solid
radial velocity ur at the boundary as computed in
StagYY, ur, by w = ur − ṙBOMB since, in StagYY, the
boundary is kept fixed by a continuous adjustment of
the computation domain thickness (Section 2.1). We
get

I BOMB =
∫

ΩBOMB

ρ0ξs (ur − ṙBOMB)dΩ, (23)
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with ΩBOMB the surface of the boundary and ξs the
mass fraction of FeO on the solid side of the bound-
ary:

ξs =
{

Dξl, ur ≥ 0

ξs, ur < 0.
(24)

In regions of solid upwelling, fractional crystalli-
sation occurs, producing a solid with a mass fraction
ξs = Dξl with D < 1 the partition coefficient of FeO
between the solid and the liquid. Note that D de-
pends on the composition and is related to the distri-
bution coefficient K of the phase change, as detailed
by Bolrão et al. [2021]. In regions of downwelling, the
solid with a mass fraction ξs arrives in contact with
the liquid and melts. Note that the composition of
this solid may be different from that for equilibrium
with the liquid at its liquidus temperature but melt-
ing can still proceed by pumping FeO from the liquid,
which acts to reduce the mass fraction FeO in the liq-
uid. This effect is balanced by the release of FeO in
regions of crystallisation. The lateral transfer of FeO
in the liquid occurs on a timescale, τφ, much shorter
than the timescale for convection in the solid and the
same timescale applies to the transfer of latent heat
from regions of freezing to regions of melting. This
is taken into account in the dimensionless number
Φ= τφ/τη which parameterises the boundary condi-
tion applied for convection in the solid, τη being the
viscous timescale on which a topography is built as
a result of viscous stress in the solid [Labrosse et al.,
2018].

Combining Equations (22) and (23) gives, after re-
arrangement:

(
4πr 2

BOMBρ0ξl −
∫

ΩBOMB

ρ0ξsdΩ

)
ṙBOMB

+ 4π

3
ρ0

(
r 3

BOMB − r 3
CMB

)
ξ̇l

=−
∫

ΩBOMB

ρ0ξsurdΩ. (25)

The two integrals in Equation (25) are computed in
StagYY at each time-step and that gives the relation-
ship between ṙBOMB and ξ̇l. Equation (20) then allows
us to express the rate of change of T BOMB as a func-
tion of ṙBOMB only.

Note that in the case ur = 0, which is obtained for
Φ =∞, ξs = Dξl is uniform and the mass flux of FeO
to the solid mantle is I BOMB =−4πr 2

BOMBDξlρ0ṙBOMB.

This flux is positive for ṙBOMB < 0, i.e. when crystalli-
sation occurs. Equation (25) leads to

ξ̇l =−
3r 2

BOMB∆ξ

r 3
BOMB − r 3

CMB

ṙBOMB (26)

with ∆ξ = ξl − ξs. This equation was used in the
original BMO paper [Labrosse et al., 2007] but the
general Equation (25) accounting for flow through
the boundary is used in the present study.

The flux i of FeO across both boundaries con-
tributes to the total heat flux density q as

q =−k∇T +µi (27)

and we note the thermal part as

qT ≡−k∇T. (28)

Integrated over a surfaceΩ (BOMB or CMB), we get

QΩ =QΩ
T +µΩIΩ (29)

with µΩ the average value of µ over the surfaceΩ.
The long term thermal evolution of the BMO is

controlled by the integrated energy balance equa-
tion, which is written as [e.g. Braginsky and Roberts,
1995, Lister and Buffett, 1995]

∫

VBMO

ρ

(
T
∂sl

∂t
+µ∂ξl

∂t

)
dV

=
∫

ΩBOMB

ρL(ur − ṙBOMB)dΩ

+QR +QCMB −QBOMB, (30)

with QR the radiogenic heat production in the BMO
and L the latent heat of melting, which contains two
contributions:

L = TL∆s +µ∆ξ (31)

∆s = sl − ss being the entropy of melting. The sur-
face integral on the right-hand-side of Equation (30)
is the total latent released or consumed by phase
change at the boundary and is related to the crys-
tallisation change rate ur − ṙBOMB. The entropy con-
tribution to the latent heat, TL∆s, is uniform along
the phase change boundary and, since ρur averages
to 0 at the interface, only the net crystallisation rate
ṙBOMB contributes to that part. Combining Equa-
tion (30) with the global balance in FeO Equation (21)
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and the expressions for the BOMB and CMB fluxes
Equation (29) gives

QBOMB
T =−

∫

VBMO

ρT
∂s

∂t
dV

−TL(rBOMB)∆s4πr 2
BOMBṙBOMB +QR +QCMB

T

+ (
µCMB −µBOMB)

I CMB − dξl

dt

∫

VBMO

ρµ′dV

+
∫

ΩBOMB

ρµBOMB (∆ξur +ξsṙBOMB)dΩ. (32)

This equation has a simple interpretation: the heat
flow out of the BMO has contributions from secular
cooling, latent heat of freezing (positive for ṙBOMB <
0), radiogenic heating, heat flow at the CMB, the flux
of compositional energy due to the chemical flux at
the CMB and the change of compositional energy
content in the BMO. Note that the CMB flux term
has a sign opposite to I CMB, which is expected since
mixing any dense component from the core would
require energy.

This equation can be used to compute the ther-
mal and compositional evolution of the BMO and the
core for a given heat flow at the bottom of the solid
mantle. Each term of the equation needs to be ex-
pressed as function of a minimum number of param-
eters, which is the next task here.

As stated above, we will neglect I CMB, for now.
QBOMB

T is provided at each time step by the convec-
tion model of the solid mantle, StagYY. Computing
QR is straightforward for a given value of the parti-
tion coefficient of heat producing elements at the top
of the BMO and their decay constants. The compo-
sitional energy term, the one involving µ′ in Equa-
tion (32), is easily related to rate of change of rBOMB

using Equations (16):

Eχ1 ≡−dξl

dt

∫

VBMO

ρµ′dV =−ρ0βg
[
rBOMBVBMO

−π
(
r 4

BOMB − r 4
CMB

)] dξl

dt
. (33)

Using Equation (25), this term can be related to
ṙBOMB.

The second compositional term (last on the right-
hand-side of Equation (32)) can be simplified assum-
ing µBOMB, ρ and ξl to be constant and using the fact
that ur is 0 on average on the boundary. This gives

Eχ2 = ρ0µ
BOMB

∫

ΩBOMB

ξs (ṙBOMB −ur)dΩ. (34)

The secular cooling term is expressed as

QC ≡−
∫

VBMO

ρT
∂s

∂t
dV =−

∫

VBMO

ρCp
∂T

∂t
dV , (35)

which can be computed using the Equations (18) and
(20):

QC =−4πρ0CP L3
M

[
dT BOMB

dt
+ αg T BOMB

Cp
ṙBOMB

]

×
∫ rBOMB/LM

rCMB/LM

x2 exp

[
αg LM

CP

(
rBOMB

LM
−x

)]
dx.

(36)

Using Equation (20) and (26), this term can be ex-
pressed as an afine function of ṙBOMB.

The last term to deal with is the CMB heat flow.
The thermal evolution of the core can be parame-
terised using the CMB temperature [Labrosse, 2015]
and we therefore have all the equations needed to
solve the coupled evolution of the solid mantle, the
BMO and the core. For a liquid core (only situation
implemented for the moment), the core cooling term
is related to the rate of change of the CMB tempera-
ture by

QCMB
T =−4π

3
ρN CpN L3

ρ

fC

(
rCMB

Lρ
,γ

)

(
1− r 2

CMB

L2
ρ

− Aρ
r 4

CMB

L4
ρ

)γ
dT CMB

dt
,

(37)
with ρN the density at the center of the core, CpN the
assumed constant heat capacity of the core, Lρ and
Aρ the structure parameters describing the density
variation with radius in the core, γ the Grüneisen
parameter of the core and

fC (r,γ) = 3
∫ r

0
x2 (

1−x2 − Aρx4)1+γ
dx

= r 3
[

1− 3

5
(γ+1)r 2

− 3

14
(γ+1)(2Aρ −γ)r 4 +O(r 6)

]
. (38)

The boundary layers on both sides of the CMB are
tiny, with temperature differences across them that
are negligible compared to the temperature differ-
ences across the whole layers due to compressibility
effects. Therefore, the cooling of the core must fol-
low that of the BMO. More precisely, the CMB tem-
perature is related to that at the top of the BMO using
Equation (18):

T CMB = T BOMB exp

[
αg

Cp
(rBOMB − rCMB)

]
. (39)
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Therefore, the rate of change of T CMB is

dT CMB

dt
=

[
dT BOMB

dt
+ αg T BOMB

Cp
ṙBOMB

]

× exp

[
αg

Cp
(rBOMB − rCMB)

]
. (40)

The equations for the evolution of the BMO and
the core presented in this section have been made
dimensionless (see Appendix) and implemented in
StagYY. In practice, at each time step, the tempera-
ture and composition fields in the solid mantle are
used to compute the body force responsible for con-
vection. The velocity and pressure fields resulting
from the momentum balance are computed, which
permits to compute the evolution of the temperature
and composition fields, using tracers for the latter.
The heat flow at the bottom of the solid mantle is also
used to compute the evolution of the BMO and core.

3. Example of dynamical evolution

The model is controlled by many input parameters,
the classical ones for mantle convection using StagYY
[Tackley, 2008] and the additional ones for the BMO
evolution, so that the parameter space is effectively
enormous. Although we have run many cases, the
goal of the present paper is not to provide a com-
prehensive study of this complex system but to show
with one example a possible evolution of the Earth
with a basal magma ocean. As will appear clearly,
the model results are in some ways encouraging, in
the sense that we obtain some of the expected fea-
tures, in particular thermo-chemical structures that
might explain some of the current seismological ob-
servations. On the other hand, some of the outcomes
point toward strong limitations of this model, at least
with the choice of parameters of this specific calcula-
tion. Future developments to solve these issues will
then be discussed. Even though all the complexities
of mantle convection that are included in the numer-
ical code StagYY are also accessible with the BMO
model, we restrict ourselves here to the simplest case,
notably with a constant viscosity and compositional
variations only due to the fractional crystallisation of
the BMO.

The parameters specific to the basal magma ocean
and its evolution are as follows: the initial thickness
is taken to be 30% of the total mantle, the partition
coefficients for FeO and the heat producing element

are KFeO = 0.3, KHPE = 10−2, respectively and the
phase change parameter is Φ = 3 × 10−2. The ini-
tial composition of the solid mantle and the BMO
are uniform in both FeO and HPE and in equilibrium
with each other according to these partition coeffi-
cients. The mean mass fraction of FeO is 0.1 while
that for HPE makes the mean dimensionless internal
heating rate equal to 5, which is somewhat smaller
than the expected value for the bulk silicate Earth.
The internal heating rate decays exponentially with
a dimensionless half-life time of 10−2. The nomi-
nal Rayleigh and buoyancy numbers are Ra = 3×107,
B = 5, respectively. These are defined using, as a
temperature scale, ∆Tm, an estimate for the melting
temperature difference between the top and the bot-
tom of the mantle, so that the dimensionless tem-
perature accross the solid ∆T /∆TM is of order one.
The chosen value is ∆TM = 4000 K. The composi-
tional range implied by the definition of B is 1, which
corresponds to the density difference between the
MgO and FeO end-members. Since the range of tem-
perature and composition actually encountered in
the model are different from these defining values,
a rescaling needs to be performed after the calcula-
tions, as discussed below. Other parameters are de-
tailed in the Appendix.

Figure 1 shows the evolution of several key fields
with time, the temperature (top row), mass fraction
of FeO (middle row) and HPE (bottom row). The
time of each snapshot is written at the top of each
column. The BMO is depicted by a uniform pink
layer to visualise its shrinking by crystallisation. The
total duration of this calculation, which lasts until
nearly full crystallisation of the BMO, is about t =
6.4 × 10−3 (dimensionless), which is nearly half the
dimensionless age of the Earth. This duration clearly
depends on the value of several input parameters,
and, in particular, is expected to decrease with an
increase of the Rayleigh number, since this makes the
heat flow increase, and decrease with the buoyancy
number, since FeO buoyancy goes against thermal
convection.

Convection first sets in at large scale (Figure 1),
which is usual for convection with a phase change
at the bottom boundary [Labrosse et al., 2018, Mori-
son et al., 2019, 2024]. Starting from a composition-
ally uniform mantle, variations of concentrations in
FeO and HPEs soon develop from fractional crys-
tallisation of the BMO. In the first three snapshots
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Figure 1. Evolution of the temperature (top row), FeO content (middle row) and concentration in heat
producing elements (bottom row) as function of time, as indicated on the top. Note that the colorbar is
adapted to each snapshot for maximum lisibility.

of Figure 1, variations in FeO content do not seem
to affect the dynamics, which is controlled by cold
plumes that reach the bottom boundary with the
BMO and melt, as expected from previous studies
of purely thermal convection with solid–liquid phase
change [Agrusta et al., 2019, Lebec et al., 2023]. In the
last two snapshots, FeO-enriched regions start form-
ing dome-like structures from which hot plumes de-
part. This behaviour, that was predicted in the origi-
nal BMO model [Labrosse et al., 2007], happens when
the FeO concentration contrasts become sufficient to
compete with the thermal buoyancy.

To better understand the evolution, it is useful to
study the mean temperature and composition pro-
files, as shown on Figure 2. The radius is scaled with
the total thickness of the mantle (solid and magma
ocean) so that the figure shows the crystallisation of
the magma ocean with time.

The FeO mass fraction profiles show a gradual
increase with time and, more importantly for the
dynamics, an increase of radial contrast. As the
BMO concentration in FeO becomes larger, the solids
that form from it become enriched and therefore
denser, which leads to the partial stratification ob-
served on Figure 1. Figure 3 shows the evolution
of the minimum FeO mass fraction at the upper

boundary, min(ξFeO,top), and the maximum at the
bottom boundary, max(ξFeO,bot). The minimum
value is stable, expressing the fact that no diffusion is
allowed in this model, while the maximum value, af-
ter a rapid increase in the early evolution, increases
with an almost constant time rate. The Buoyancy
number in this calculation is set to a nominal value
of B = 5 but this corresponds to a change of com-
position between the MgO and FeO end-members
and a dimensionless temperature change between 0
and 1. Since the model is evolving with time with
fixed temperature and composition scales, the effec-
tive buoyancy number at each time is given by Equa-
tion (10). The value obtained is also shown on Fig-
ure 3. Comparison with the snapshots of Figure 1
suggests that a critical value of Beff ∼ 0.5 makes the
convective regime transition between the well mixed
situation to the stratified one. Determining the de-
pendence of that number on other parameters of
the problem, in particular the Rayleigh number, falls
beyond the scope of the present paper. It is how-
ever grossly consistent with the value of the buoy-
ancy number needed to get partial entrainment or
a doming regime in convection with a composition-
ally layered initial condition [Tackley, 1998, Davaille,
1999, Le Bars and Davaille, 2004].
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Figure 2. Temperature (left) and composition (right) mean profiles for the time steps corresponding to
those of Figure 1. The radial position reflects the crystallisation of the BMO with time.

Figure 3. Time evolution of the minimum
FeO mass fraction at the upper boundary,
min(ξFeO,top), the maximum at the bottom
boundary, max(ξFeO,bot) (left axis) and the ef-
fective buoyancy number Beff, right axis. Empty
circles on the black line gives the position of the
snapshots presented on Figure 1.

The bottom temperature, equal to the liquidus,
also varies with time because of the combined effect

of the pressure (depth) and composition of the
magma. With the choice of parameters made for this
calculation, the pressure effect dominates over that
of FeO mass fraction, which implies an increase of
the liquidus with time. At the end of the calculation,
the mass fraction of FeO increases faster than pres-
sure at the BMO boundary (BOMB) which makes the
liquidus decrease with time. Other choice of parame-
ters would change this evolution and a more realistic
phase diagram could be implemented in the future.

A striking feature of the temperature profiles
shown on Figure 2 is that, for the long early period
where the solid stays well mixed, the mean temper-
ature is nearly independent of the radius and varies
significantly only in the upper boundary. Therefore,
no boundary layer exists at the bottom and, conse-
quently, no focused hot plumes. This behaviour has
already been observed from both linear and non-
linear models [Labrosse et al., 2018, Agrusta et al.,
2019] in cartesian geometry and results from the
phase change boundary condition. In this scenario,
hot plumes can only develop once the basal magma
ocean gets crystallised enough to get Φ ≳ 103 or, as
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in the present case, when a compositional stratifi-
cation separates the phase change boundary from
the bulk of the convecting mantle. It is worth recall-
ing here that this model assumes an incompressible
solid mantle within the Boussinesq approximation
and the development with time of a significant tem-
perature gradient at the bottom of the solid shell is
due here solely to the stabilisation of dense thermo-
chemical piles, not to any compressibility effect. To
convert these temperature profiles to realistic ones
for the Earth requires to add an isentropic tempera-
ture gradient.

The concentration in HPE, depicted on the bot-
tom row of Figure 1, is somewhat similar to that of
FeO since both come from fractional crystallisation
of the BMO. However, because the partition coeffi-
cient is much smaller, the enrichment is slower and
the mean concentration becomes significant only at
the very end of the crystallisation process. Moreover,
comparing the various FeO-enriched domes, we can
see that their concentrations are not uniform: at the
latest stages of their formation, small differences in
crystallisation time result in large concentration vari-
ations, a phenomenon much less visible for the con-
centration in FeO which increases in a more grad-
ual manner. Finally, the enrichment in HPEs of the
domes makes them warm up and, in some calcula-
tions (not shown here), they become unstable at the
end of the calculation.

4. Discussion and the way ahead

The model presented in the previous section is the
first application of the complete set of equations cou-
pling the evolution of a basal magma ocean to con-
vection in the solid mantle. As such, it provides some
interesting results but has some limitations when ap-
plication to Earth are considered.

First of all, this model is a proof of concept for
the possibility of forming large scale compositional
variations in the lower mantle from fractional crys-
tallisation of the BMO, as can be seen on Figure 1.
The fact that this situation arises at the end of this
calculation is linked to the shrinking of the BMO,
which is necessary to make its FeO mass fraction in-
crease sufficiently for solids that crystallise from it
to be dense enough. Our calculation stops when
the BMO crystallises almost entirely. In the present
model, the BMO is imposed to fully freeze when a

minimum thickness is reached, while it is assumed
to be fully liquid before. In reality, we expect that, at
some point, a transition should occur toward a two-
phase layer, the present interpretation of ULVZs as
partially molten being the last remnant pockets of it.
The present model does not include the physics nec-
essary to deal with this transition. This two-phase
situation could last quite a long time, the last melt
getting enriched in all the incompatible elements, in
particular volatiles, which significantly depress the
freezing point of the magma [Nomura et al., 2014].

On the other hand, the thermal structure shown in
Figures 1 and 2 may be difficult to reconcile with ob-
servations constraining the early Earth. Indeed, the
absence of boundary layer at the bottom of the solid
mantle implies that, except for thin downwelling
plumes, the whole solid mantle in our model is at
the same temperature as the bottom boundary. This
situation, which results from the presence of phase
change boundary condition at the bottom [Labrosse
et al., 2018, Agrusta et al., 2019, Lebec et al., 2023], is
difficult to sustain when applied to the mantle of the
Earth since it would lead to very high temperature be-
low the lithosphere, possibly making most of the up-
per mantle liquid. We expect that such a state would
lead to massive eruptions and the associated rapid
cooling would not allow it to persist for the length
of time implied here [Davies, 1990, Sleep, 2000]. One
way to avoid that problem is to increase the value of
the phase change parameter, Φ. Indeed, for Φ > 103,
the dynamics is similar to that obtained for a non-
penetrative boundary condition [Agrusta et al., 2019]
with a well-developed boundary layer on the solid
side. However, the value of Φ is expected to be on
the low side, similar to the value used here, although
it is difficult to estimate it precisely.

In the present model, the situation with a high up-
per mantle temperature persists as long as the solid
stays well mixed but once a compositional stratifica-
tion develops, the bulk of the mantle can cool down
compared to its bottom boundary (Figure 2). The
main problem therefore comes from the initial con-
dition of the calculation. The one shown here starts
from a compositionally uniform solid mantle and the
variations of composition only arise from fractional
crystallisation of the BMO, since testing the feasibility
of this mecanism is one of the goals of this paper. The
freezing of the surficial magma ocean is, however,
likely to produce a compositional stratification of the
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solid that could be included as initial condition of our
calculations. For example, models of fractional crys-
tallisation of the lunar or martian magma oceans [e.g.
Hess and Parmentier, 1995, Elkins-Tanton et al., 2003,
Elkins-Tanton, 2012] suggest a gradual densification
of the solid that make it prone to overturn and that
should produce a solid mantle that is initially stably
stratified. The degree of initial stratification can be
rather extreme if the overturn happens after full crys-
tallisation but several overturns are expected to occur
during crystallisation [Ballmer et al., 2017, Maurice
et al., 2017, Boukaré et al., 2018, Morison et al., 2019].
This initial stratification should therefore be consid-
ered as an input parameter whose effect should be
quantified in future studies.

Alternatively, it could be desirable to run a model
coupling the crystallisation of the surficial magma
ocean to convection in the solid in order for the
initial condition to result directly from this process.
This means writing a set of equations similar to the
one developed in Section 2.2 for the surficial magma
ocean and including phase change boundary condi-
tion. Some progress has been donc in that direction
[Morison, 2019] but a systematic exploitation of this
model is still needed and will be the topic of a future
study.

5. Conclusions

This paper presents, for the first time, a complete
set of equations for the evolution of a basal magma
ocean coupled to a convecting mantle and a cooling
core. This theory has been used to build a model,
starting from the mantle convection code StagYY
[Tackley, 2008], for the evolution of the whole Earth
that tracks the fractional crystallisation of the BMO
and the implied compositional evolution of the man-
tle. The BMO is treated as a well-mixed layer whose
evolution is controlled by general energy and compo-
sition balance equations. The solid mantle is treated
with a full convection model that includes the pos-
sibility of melting and freezing at its bottom bound-
ary as a phase change boundary condition [Labrosse
et al., 2018].

The parameter space for this model is very large
and, in this paper, we have only considered one typi-
cal case. It shows, for the first time in a self-consistent
dynamical model, the feasibility of the scenario for
the generation of large compositionally dense and

heterogenous anomalies proposed by Labrosse et al.
[2007].

The phase change boundary condition at the bot-
tom of the solid mantle has profound implications
on its dynamics and thermal structure: as long as it
is well mixed, its bulk temperature follows an isen-
tropic upward extrapolation of the BMO liquidus.
This would likely imply large amounts of melting in
the upper mantle although, of course, a more thor-
ough exploration of the parameter space is necessary
to confirm that implication. In any case, that points
toward the necessary discussion of the initial con-
ditions, in particular concerning the compositional
structure of the solid mantle, that results from the
crystallisation of a surficial magma ocean. Models in-
tegrating that aspect in the evolution would help de-
cipher this question.

Another interesting addition to this model would
be to include a treatment of volatiles, and in particu-
lar water. Assuming water to be incompatible at high
pressure, we can expect its concentration to increase
in the basal magma ocean as it crystallises, which
would help to maintain partial melt to the present
day by decreasing the solidus [Nomura et al., 2014].
The solid forming from it would gradually see its H
content increase, with important implication on its
viscosity and possibly on the melting and degassing
of the mantle near the surface.
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Appendix A. Dimensionless numbers and pa-
rameter values for the example
calculation

We use dimensionless variables in the whole model,
both for convection in the solid mantle and the
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Table 1. Dimensionless parameters for the Basal Magma Ocean evolution

Symbol Expression Description Run value

Γ−0
R−−Rc

d
Initial BMO thickness 0.3

TBOMB,0
TBOMB(t = 0)

∆T
Initial BOMB temperature 0.37

ξ0 ξ(t = 0) Initial FeO content 0.07

cHPE,0 cHPE(t = 0) Initial HPE content 5×10−3

B − β

α∆T
Compositional buoyancy 5

Di
αg LM

Cp
BMO dissipation number 1.74

TLP
ρg LM

∆TM

∂TL

∂P
Pressure dependence of melting
temperature

Depth-dependent from Fiquet
et al. [2010]

TLξ
1

∆TM

∂TL

∂ξ
Composition dependence of
melting temperature

−0.125

St
∆s

Cp
Stefan number 0.3

τhpe
τhpe,dκ

L2
M

HPE half-life 0.02

Pc
Pc,d

ρCp L3
M

Core cooling contribution 3.67

evolution of the BMO and core. The solid mantle part
is explained in Section 2.1. The value expected for
the phase change number Φ can be estimated using
its expression in Equation (12) using reasonable val-
ues for the various parameters: ρs ≃ 5×103 kg·m−3,
ρl ≃ 5.5 × 103 kg·m−3, Cpl ≃ 103 J·K−1·kg−1, ηs ≃
1022 Pa·s, d ≃ 3000 km. For the latent heat, we use L =
T∆S, with ∆S = 652 J·kg−1·K−1 the entropy of melt-
ing [Stixrude et al., 2009] and T ≃ 4000 K the melting
temperature. The slopes of the isentropic profile and
melting temperatures are estimated from Stixrude
et al. [2009]: mad ≃ 15 K·GPa−1, mp ≃ 4 K·GPa−1. The
least well constrained quantity is the flow velocity in
the BMO and we tentatively set it to a value simi-
lar to that in the present-day core, ul ∼ 10−4 m·s−1.
This gives Φ ∼ 4×10−8. For convection with a phase
change boundary condition at one of the horizontal
boundaries, the asymptotic limit of very small values
of the phase change number is reached for Φ≲ 10−1

[Labrosse et al., 2018, Agrusta et al., 2019, Morison
et al., 2024]. The value just estimated for the BOMB

puts it safely in that regime, irrespective of any pos-
sible overestimation of the flow velocity in the BMO.
We therefore set this value to 3×10−2, which is suffi-
ciently low to get the proper behaviour.

The magma ocean evolution equations are made
dimensionless with the following scales:

• d , the total thickness of the mantle (solid
and magma ocean), considered constant in
this study for simplicity. For the Earth, d =
2900 km.

• ∆T , an arbitrary reference temperature dif-
ference. In practice it is taken as an esti-
mate for the melting temperature difference
between the top and the bottom of the man-
tle, so that the dimensionless temperature
accross the solid is of order one. The chosen
value is ∆T = 4000 K.

• ρ, the reference density of the consid-
ered materials. For the Earth’s mantle,
ρ = 4000 kg/m3.
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• κ = k/(ρCp ), the diffusion coefficient κ =
10−6 m2/s, associated with the conductivity
k = 4 W/(mK) and the heat capacity Cp =
103 J·K−1·kg−1.

The dimensionless parameters arising from the
non-dimensionalization are shown in Table 1. More
detailed can be found in Morison [2019].
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1. Introduction

Halogens can provide key insights into magmatic
processes ranging from partial melting to volcanic
eruptions [Webster et al., 2018] if their behaviour is
fully understood from fluorine to iodine. However,
iodine is the least investigated halogen in magmatic
and volcanic processes, in relation with its lowest
abundance both in magmas [Kendrick et al., 2012,
2014] and in volcanic plumes [Aiuppa et al., 2005].
It is nonetheless an important element as it im-
pacts atmospheric chemistry through ozone deple-
tion [Solomon et al., 1994], having the largest ozone-
depleting efficiency [Cuevas et al., 2022].

As for most elements, iodine speciation controls
its solubility, transport, and eventual elemental and
isotopic fractionation between coexisting phases.
Progresses have been made towards the understand-
ing of its transfer between reservoirs, especially be-
tween magmas and aqueous fluids to assess the ex-
tent of its degassing [Bureau et al., 2000, Leroy et al.,
2019], but not on its speciation in natural magmas.
There are besides no available in situ data on iodine
speciation in silicate melts, i.e. under high temper-
ature (T ) and high pressure (P ) conditions. Avail-
able data on iodine speciation in silicate glasses have
been obtained using Raman, X-ray photoelectron
and/or X-ray absorption spectroscopies on borosili-
cate melts quenched from high P–T conditions [Ci-
cconi et al., 2019, Morizet et al., 2021], in order to
understand and better predict iodine behaviour and
eventual mobility in nuclear waste glasses. Conse-
quently, there is a lack of data on iodine speciation in
natural magmas in general, and in particular at the
high P–T conditions at which they form and ascend.

Here, we report in situ high P–T synchrotron X-
ray diffraction data (XRD) on basaltic magmas, and
Raman spectroscopy data on recovered quenched
glasses. High P are necessary to dissolve suffi-
cient amount of iodine so that its effect on mag-
mas properties can be measured, but more impor-
tantly because arc magmas that are produced at
greater depths hence greater pressures than oceanic
ridge basalts are the most relevant to investigate io-
dine speciation, due to recycling of marine sedimen-
tary components that bring iodine to the arc magma
source [Muramatsu and Wedepohl, 1998].

The choice of Saint Vincent island (Lesser Antilles
arc) basalt [Pichavant et al., 2002] and of Mount Etna

basalt (from 2002/2003 South scoria [Gennaro et al.,
2019]) was guided by the need to reflect a range of
volatile-rich basalts, with high MgO Saint Vincent
basalt being representative of one type of primary
magma in subduction zones, and Mount Etna alkali
basalt representative of later stage basalt differenti-
ated through fractional crystallization and degassing.

2. Materials and methods

2.1. Glass synthesis

Starting natural basalt samples were ground, doped
with NaI as iodine source, and with deionised milli-Q
water added in the case of Saint Vincent basalt. When
investigating the local environment of a trace ele-
ment in a magma, one must reach a compromise be-
tween lowest amount possible and detection above
noise level to avoid interaction between iodine ions
that would occur for elevated concentrations. Two
iodine levels were targeted, circa 3 wt% for the Saint
Vincent basalt, and circa 1 wt% for the Etna basalt.
Since iodine solubility increases with P , I-doping was
done at 3.5 GPa and 1600 °C for the Saint Vincent
basalt using platinum capsules welded at both ends,
and at 1 GPa and 1350 °C for the Etna composition
using gold–palladium capsules which have a lower
T -stability but prevent Fe loss to the capsule unlike
for Saint Vincent basalt that became almost FeO-free.
Having two different FeO content turned out to be es-
sential in assessing iodine local environment in the
melt (cf. Section 3.2). For both compositions, I-free
glasses were synthesized under the same conditions.
High P–T conditions were generated by a Depth of
the Earth piston cylinder press using a half inch talc-
pyrex cell assembly with a graphite heater; T was
monitored using a W/Re thermocouple, run duration
at high T was one hour.

2.2. High P–T X-ray diffraction experiments

The recovered glass from piston cylinder press ex-
periments was extracted from the platinum or gold–
palladium capsule, crushed, and loaded in either
graphite capsule (Saint Vincent basalt) or in single
crystal diamond capsules with inner graphite caps
and sealed under P by Pt–5%Rh caps (Etna basalt).
High P–T conditions (Table 1) were achieved us-
ing a Paris-Edinburgh press with cell-assembly (Fig-
ure 1) as described in Yamada et al. [2011]. This



Chrystèle Sanloup et al. 25

Figure 1. Sketch of the cell-assembly used for
in situ high P–T X-ray diffraction experiments
[Yamada et al., 2011]. Sample (inner white rec-
tangle) is packed either in a graphite capsule or
in a single crystal diamond cylinder (as drawn
here, inner diameter: 1.0 mm), covered by in-
ner graphite caps and sealed by Pt–Rh caps.

cell-assembly is designed to optimize the sample sig-
nal by using low absorbing materials along the X-ray
path (boron epoxy and hBN windows inside the MgO
ring outside the graphite heater), while ZrO2 parts
away from the X-ray path insure cell-assembly stabil-
ity at high P–T conditions. Talc powder was added
on top and bottom of graphite capsules, to act as
f O2 buffer. Temperature was calculated from power-
T curve calibrated against melting temperatures of
salts [Kono et al., 2014], and P was calculated from
the cell volume of MgO cylinder surrounding sam-
ple capsule [Kono et al., 2010]. Uncertainties on P
and T are respectively 0.3 GPa and 80 °C. While most
runs were carried at T above the liquidus, two ex-
periments were run between solidus and liquidus T
(TGH25 and TGH26).

In situ high P–T experiments were conducted us-
ing energy-dispersive XRD on beamline 16-BM-B at
the Advanced Photon Source (Argonne, USA). The in-
cident beam was collimated by tungsten slits (0.3 mm
vertical × 0.1 mm horizontal) and the diffracted sig-
nal was collected by an energy-dispersive germa-
nium solid-state detector. In the molten state, X-ray
diffraction data were collected at different 2θ angles
(2°, 2.7°, 3.5°, 5°, 7°, 10°, 15°, 20°, and 27°) thus cov-
ering up to 15 Å−1 in q-space (q = 4πE sinθ/12.398,
where E is the energy of the X-rays in keV ranging up
to 125 keV).

The multi-angle energy dispersive X-ray diffrac-
tion spectra were converted into the structure fac-
tor S(q) using analysis software package (aEDXD)
program developed by Changyong Park [Kono et al.,
2014]. The real-space radial distribution function,
g (r ), that described the short-order range structure
(i.e. interatomic relations within 5–6 Å) was obtained
by Fourier Transform of the spline smoothened S(q):

g (r ) = 1+ 1

4πr n

∫ qmax

0
q(S(q)−S∞)sin(qr )dq (1)

where n is the atomic density in atoms per Å3 (n =
NAM/ρ, with NA the Avogadro’s constant, M the
mean atomic molar mass of samples, and ρ their
mass density).

2.3. Starting and recovered samples analyses

Samples were polished for textural analyses using a
Zeiss Ultra 55 field emission scanning electron mi-
croscope (SEM) at OSU Ecce Terra, Sorbonne Uni-
versité, followed by chemical analyses (Table 1) car-
ried at the Camparis center, Sorbonne Université, us-
ing a Cameca SX-FIVE electron probe microanalyser
(EPMA) with accelerating voltage set at 15 keV, beam
current at 4 nA, and a defocussed beam (7 µm ra-
dius).

Raman spectra were recorded on a Jobin Yvon
Horiba HR460 spectrometer using a single-grating
monochromator with 1500 gratings/mm and an ar-
gon laser (514.5 nm wavelength).

3. Results

3.1. Quenched texture and composition of start-
ing and recovered glasses

Nanosize iodine droplets are observed on Saint Vin-
cent basalt starting glasses (PC82 and PC83, Fig-
ure 2a), and could either be quench products or due
to iodine oversaturation as those samples have the
highest iodine content (Table 1). Such nanodroplets
are not observed in other samples, including Saint
Vincent glass recovered from XRD experiment which
moreover was conducted at higher P (APS run 13)
than during piston-cylinder press synthesis, i.e. at
conditions of higher iodine solubility. Iodine was
thus fully dissolved in molten basalts probed by XRD.

Recovered Etna basalt samples from XRD exper-
iments, either I-doped or not, contain droplets of
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Table 1. Chemical analyses (wt%). Starting and recovered samples

Sample SiO2 TiO2 Al2O3 FeO MgO CaO Na2O K2O I Total∗

P–T conditions (Standard deviations)

Saint Vincent basalt (glass), starting and recovered samples from XRD experiments

PC82∗∗ 46.91 1.37 15.16 0.95 11.58 10.58 2.98 0.50 2.97 96.59

3.5 GPa-1600 °C (0.51) (0.27) (0.09) (0.15) (0.18) (0.08) (0.58) (0.04) (0.22)

PC83 47.95 1.36 15.57 1.24 12.33 10.94 2.84 0.46 2.90 95.59

3.5 GPa-1600 °C (0.92) (0.10) (0.47) (0.13) (0.19) (0.34) (0.18) (0.07) (0.14) (1.28)

APS run 13 47.16 1.30 15.42 0.70 12.42 10.78 2.55 0.38 2.26 93.2

4.7 GPa-1600 °C (0.86) (0.07) (0.40) (0.10) (0.23) (0.18) (0.11) (0.09) (0.19) (1.13)

APS run 26 51.14 1.14 16.52 0.58 12.97 11.57 2.41 0.48 – 97.06

4.9 GPa-1600 °C (0.93) (0.11) (0.32) (0.15) (0.16) (0.27) (0.11) (0.05) – (0.72)

Etna basalt (glass), recovered samples from XRD experiments

APS Etna2002 49.38 1.92 18.35 3.86 5.91 11.38 3.63 2.24 – 96.91

1.0 GPa-1250 °C (0.46) (0.15) (0.40) (0.37) (0.14) (0.25) (0.16) (0.24) – (0.79)

APS 20BaM19 46.79 1.94 17.31 3.88 6.88 11.49 3.82 2.06 0.80 95.20

1.3 GPa-1120 °C (0.66) (0.10) (0.29) (0.04) (0.10) (0.31) (0.13) (0.13) (0.09) (0.81)

Etna basalt (glass+clinopyroxenes), recovered samples from X-ray diffraction (XRD) experiments

APS TGH25 glass 49.73 2.00 19.20 7.04 3.55 8.40 4.73 2.91 – 97.85

3.7 GPa-1450 °C (0.97) (0.05) (0.28) (0.34) (0.09) (0.32) (0.17) (0.21) (1.19)

APS TGH27 glass 50.30 1.85 19.31 3.52 4.35 7.55 4.76 3.09 1.15 96.23

3 GPa-1550 °C (0.58) (0.11) (0.54) (0.23) (0.16) (0.17) (0.21) (0.19) (0.10) (0.17)
∗ Note that ‘Total’ does not include water content, that varies from 1.6(0.3) to 3.8(0.5) wt% as
measured only for PC83 and PC82 respectively Leroy et al. [2019].
∗∗ Data from Leroy et al. [2019]. Note that Etna basalt samples were recovered from XRD experi-
ments still embedded in their diamond capsule, hence high quality polishing could not be achieved.

metallic iron (Figure 2c), indicating reduction from
FeO. This is not observed in recovered Saint Vincent
glasses, as those contained very little FeO in the start-
ing glass (less than 1 wt%, Table 1), and remained ho-
mogeneous (Figure 2b).

3.2. Melt structure: X-ray diffraction

To investigate the effect of iodine on melt structure,
both I-doped and I-free basaltic melts were probed.
In case of co-existence of melt and crystals, the press
was moved relative to X-ray beam position until
area free of crystals could be probed. Amongst the
three pairs of I-doped/I-free runs (Table 1), two pro-
vided sufficiently high quality data to extract radial

distribution functions (APS runs 13/26 and APS
TGH25/27, Figure 3). The structure factor, S(q), of
the I-doped melts have a weaker first-sharp diffrac-
tion peak (highest intensity near 2 Å−1 on Figure 3 left
panel) compared to the I-free melts, indicative of a
lesser degree of medium-range order [Salmon, 1994],
in other words, a lesser degree of polymerisation.
APS runs 13 and 26 have different hydration levels in
the starting samples (1.6 vs 3.8 wt% H2O), which also
contributes to a lesser degree of depolymerisation in
I-doped APS run 13. However Etna basalts were not
hydrated prior to XRD experiments, but are similarly
impacted by the presence of iodine.

The effect of iodine on the radial distribu-
tion function g (r ) (Figure 3 right panel) is less
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Figure 2. SEM images of quenched glasses recovered from piston-cylinder runs and in situ high P–T X-
ray diffraction (XRD) experiments. (a) Starting sample PC82 (Saint Vincent basalt, I-doped). (b) Saint
Vincent basalt in graphite capsule recovered from XRD experiments (left: run 13, I-doped, right: run 26,
I-free). (c) Etna basalt recovered from XRD experiments (left: 20BaM19, I-doped, in diamond capsule,
right: Etna2002, I-free, extracted from diamond capsule). Bright zones are either I2 droplets (a), Pt bits
inherited from the previous piston-cylinder run using Pt capsules (b right), or metallic Fe droplets (c).

pronounced. The small contribution near 3 Å−1

on S(q) for run APS TGH27 stems from dispersed Fe
droplets in the magma, and translates into a contri-
bution peaking at 2.5 Å−1 on g (r ), consistently with
reported XRD data on molten Fe [Sanloup et al., 2000]
and with the observation of Fe droplets on recovered
samples (Figure 2c). Interestingly, we do not observe
this contribution of molten Fe for the I-free run APS
TGH25, attesting that reduction of Fe was less ex-
tensive in the I-free basalt (Table 1). Diffusion of hy-
drogen through the Pt–Rd caps, and/or diffusion of
C from the inner graphite caps, can not be excluded
as other causes of Fe reduction, but the difference
between I-free and I-doped samples is significant.

To better evidence the contribution of iodine
atoms to the radial distribution function, we used
the APS run13/26 datasets, that are not impacted
by the contribution of molten Fe to the XRD sig-
nal. The difference between reduced radial distri-
bution functions, G(r ) = 4πrρ(g (r )− 1), for I-doped
and I-free basalts was calculated after normalisation
of g (r ) to the Si–O contribution (Figure 4). Note
that while this procedure enables to evidence inter-
atomic distances, it is not sufficient to calculate ac-
curate coordination numbers. To do so, the full g (r )
should be simulated against the sum of all partial
pair distribution functions, but this is challenging for
such small differences. Two interatomic distances
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Figure 3. Right panel: structure factors, S(q); left panel: radial distribution functions, g (r ).

are visible at 2.2 Å and at 3.5 Å (Figure 4), and due
to the normalisation procedure to the Si–O contribu-
tion, we cannot exclude that distances shorter than
2 Å also exist. These contributions are either I-related
or enhanced contributions due to the presence of io-
dine. XRD is sensitive to the electrons, the inten-
sity of the signal evolves with Z 2 (Z , atomic num-
ber). Iodine being a very heavy element, its scatter-
ing is 4 times stronger than that of Fe, and 14 times
stronger than that of Si. Hence the likeliest possi-
bility is that differences on radial distribution func-
tion between I-doped and I-free basalts are due to io-
dine, and not to other elements even if their abun-
dances may vary slightly. The potential contribu-
tion of Fe–O nevertheless needs to be discussed, as
its contribution to g (r ) in a basalt is at 2.07 Å and
3.4 Å (Fe–O and Fe–Fe interatomic distances respec-
tively [Guillot and Sator, 2007]), all other main in-
teratomic distances being different (see position of
main cation-oxygen interatomic distances on Fig-
ure 3). However, it cannot be the case since FeO
content is similar between I-free and I-doped Saint
Vincent basalt, and this content is lower than 1 wt%
hence the expected contribution is very low. These

additional contributions in I-doped G(r ) can neither
be attributed to an eventual P difference between I-
doped and I-free basalts. The maximum P (4.9 GPa)
reached in these experiments can induce changes of
coordination number for some cation-oxygen bonds,
but it is way too modest to induce a contraction of
interatomic distances. Na–O for instance contracts
by 0.02% between 0 GPa and 5 GPa [Karki et al.,
2018], all other main cation-oxygen distances change
even less.

Amongst reported I–X bonds for iodine com-
pounds, the 2.2 Å distance is shorter than iodine–
iodine (2.7 Å) or iodine–metal bonds (3.2 Å–4.0 Å),
and closer to iodine–oxygen bonds reported for
crystalline iodates (1.8–2.2 Å range), the longest
I–O bonds corresponding to medium intramolec-
ular bonds with a single covalent bond character
[Gautier-Luneau et al., 2010, Abudouwufu et al.,
2020], indicative that we are not looking at IO−

3
units here (I–O bond length nearer 1.8 Å), but at
more complex iodates. The longer 3.5 Å distance
is too long for Na–I or Ca–I, but matches well with
the I–I interatomic distance in polyiodates such as
K2Na(IO3)2(I3O8) [Abudouwufu et al., 2020].
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Figure 4. The iodine contribution to the re-
duced G(r ) radial distribution function, as ob-
tained from the difference between APS run 13
and APS run 26 XRD datasets.

3.3. Melt structure: Raman spectroscopy

Some starting and recovered samples were analysed
by Raman spectroscopy (Figure 5). We note that it
is difficult to obtain Raman spectra on these natural
compositions due to an inherent high level of fluo-
rescence, and in particular in the intramolecular wa-
ter range (e.g. [2800–3600] cm−1). Iodine–iodine sig-
nature is visible on starting sample PC82, with bands
at 114 cm−1 and 154 cm−1, consistently with the ob-
servation of nano-size iodine (I2) bubbles by SEM
(Figure 2a), bands that are also observed in the I-
richest borosilicate glass in Cicconi et al. [2019] and
were attributed to NaI bonds but seem more con-
sistent with I2 signal. There is no visible iodine–
iodine nor metal–iodine contribution on any spec-
tra measured on samples recovered from XRD ex-
periments. Instead there is the systematic presence
of four small but clear vibrational bands in I-doped
samples at 615 cm−1, 647 cm−1 (this one on top of
a broader band by comparison with I-free samples),
1098 cm−1, and 1177 cm−1. Interestingly, there is also
a broad band circa 640–660 cm−1 in I-doped borosili-
cate glasses (Figure 5), albeit not discussed by the au-
thors. While we are most likely observing oxidized
iodine in these glasses, it is not in the form of IO−

3
units that give rise to bands in the [700–800] cm−1

Figure 5. Raman spectra collected on an io-
dine over-saturated sample (PC82), and on two
recovered samples from in situ X-ray diffrac-
tion experiments (I-doped 20BA/M19 and I-
free Etna2002), Raman spectra collected on I-
doped and plain borosilicate glasses (NBS20)
[Cicconi et al., 2019] are shown for compari-
son. For I-doped basaltic glasses, I2 related
modes are observed below 200 cm−1 for PC82
(grey shaded area), and iodate-related modes
are marked by asterisks. Note that PC82-Saint
Vincent basaltic composition (3.8 wt% H2O) is
less polymerised, as seen by the increased band
near 1070 cm−1. For borosilicate glasses, the
strong bands in the [740–840] cm−1 are related
to borate rings and boroxol.

range [Cicconi et al., 2019], but of more complex
iodate forms alike hydrated periodate groups. For
instance, mixed salt Cs2[I(OH)3O3]·CsSO4(H)H5IO6

has its strongest band at 651 cm−1, attributed to I–O
IO−5

6 symmetric stretching vibration [Romanchenko
et al., 2004]. The two highest Raman shift modes
fall within the range reported for δ I–O–H modes in
octahedral periodates, i.e. [1050–1190] cm−1 [Dengel
et al., 1993].
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4. Discussion

Iodine induces changes in the silicate melt net-
work structure, observed here by a lesser degree
of polymerisation as probed by X-ray diffraction,
and reported on the basis of Raman spectroscopy
on Fe-free alkali-rich felsic magmas [Faranda, 2023],
and Fe-free borosilicate glasses [Cicconi et al., 2019,
Morizet et al., 2021]. While this behaviour is notice-
able for experimental levels of I-doping in the order
of 1 or more wt%, and is a relevant property in the
context of nuclear waste glasses, it is not expected for
natural levels of I content in magmas. The network
modifying role of I however does indicate that I is not
retained passively in the voids or in the ring structure
of magmas, nor that it removes Na or K ions from the
melt oxides otherwise the opposite effect would be
observed, i.e. enhanced polymerisation.

The coexistence of reduced iodide (I−) and oxi-
dized iodate (IO−1

3 ) species in SiO2 poor (14–33 wt%
SiO2) borosilicate glasses [Cicconi et al., 2019] syn-
thesized at 1.5 kbar in the B2O3–SiO2–Na2O sys-
tem, was reported based on combined Raman and
X-ray Absorption Near Edge Structure (XANES) spec-
troscopies. However, as mentioned above, the Ra-
man data also showed vibrational modes corre-
sponding to IO−5

6 groups. More complex high P
aluminoborosilicate glasses in the system SiO2–
Al2O3–B2O3–CaO–Na2O investigated by X-ray photo-
electron and extended X-ray absorption spectro-
scopies have a large predominance of iodide species
[Morizet et al., 2021], in addition to iodates for their
most SiO2 poor composition (NH glass, 43 wt% SiO2),
although reconciling information from both types
of spectroscopies proved difficult. It is important to
note that borosilicate glasses are not ideal analogues
for basaltic melts, but they share the same charac-
teristic to have a low degree of polymerisation and
high I solubility. Last but not least, Leroy et al. [2019]
observed only I2 signals on in situ Raman spectra of
I-doped haplogranite melt coexisting with hydrous
fluid. This points out that I speciation depends on
magma polymerisation, e.g. on the SiO2+Al2O3 con-
tent, and also on its FeO content. This, in turn, could
underpin the lower solubility of I in SiO2-rich well
polymerised magmas [Cicconi et al., 2019, Leroy
et al., 2019].

The potential role of FeO is highlighted here by
the amount of reduced iron that is higher for I-doped

samples than I-free samples ran for similar duration
at high T (TGH25 and TGH26, Table 1), indicating
that FeO was the likely source of oxygen to form pe-
riodates, leading to the formation of metallic Fe. This
effect is unfortunately not clear for I-free Etna2002
compared to I-doped 20BA/M19, with similar FeO
content in the quenched glass which could result
from Etna2002 shorter run duration. In the case of
Saint Vincent basalt experiments, the starting glass
was already almost FeO free (Table 1) after piston-
cylinder press iodine and water doping using plat-
inum capsules. Hence the most obvious source of
oxygen was water for this composition.

Iodine speciation in basalts as an oxide is quite
unique amongst halogens elements. X-ray absorp-
tion spectroscopy measurements on glasses recov-
ered from high P–T conditions have mostly targeted
chlorine and bromine speciation so far. Chlorine
bonds to network modifying cations [Evans et al.,
2008, Thomas et al., 2023], in particular to Ca, Fe
and Mg, to a lesser extent to Na, and in the case of
the most SiO2 rich melts also to Si [Thomas et al.,
2023]. The higher affinity of chlorine for alkaline-
earth cations than for alkaline cations was confirmed
for borosilicate glasses [Jolivet et al., 2023]. Bromine
speciation in silica-rich magmas changes between
low P , with Br–Na bonds and a hydration shell, to
a closer oxygen environment above 2 GPa [Cochain
et al., 2015, Louvel et al., 2020] although whether oxy-
gen belongs to water molecules or to the silicate net-
work could not be deciphered. Bromine speciation
besides remains to be investigated in basaltic com-
positions. The bulk silicate Earth (BSE) contains ap-
proximately ten times more Br than I [Kendrick et al.,
2017, Guo and Korenaga, 2021], the Br/I ratio raises
in MORB and arc basalts (circa 50, [Kendrick et al.,
2014]), and even slightly more in atmospheric vol-
canic plumes (58–87, [Aiuppa et al., 2005]). Differ-
ences in Br and I speciation in magmas could, at least
partially, underpin this behaviour.

5. Conclusion

While iodine is generally thought as present in nature
either as iodide (I−), iodate (IO−

3 ), or elemental iodine
(I2), we show here that it is stable in basaltic melts
and glasses as a more complex iodate such as polyio-
dates or orthoperiodates. It is thus possible that
this peculiar speciation of iodine might have been
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missed in past investigations, in particular when us-
ing spectroscopic methods that require the collection
of data on reference materials and for which only I−,
I2 and IO−

3 were looked for. An alternative to refer-
ence materials is to use an input model, but this is
very difficult to have for non-crystalline materials. In
this respect, the X-ray diffraction method used here
is not standard- nor model-dependent. But it can
only be applied to the study of the heaviest—hence
most scattering—I element. Indeed, with solubili-
ties reaching only a few wt% in compressed basalts,
its detection is clear but remains small, demonstrat-
ing that any lighter halogen element will not be
detectable by this method. Iodine as orthoperio-
date is observed in basaltic melts generated between
1.5 GPa and 4.9 GPa in the present study, but simi-
larity in Raman spectroscopy data shows that this ox-
idized state extends to SiO2-poor borosilicate melts
at 1.5 kbar [Cicconi et al., 2019]. It does not how-
ever extend to SiO2-rich compositions, as only I2 sig-
nal was observed on Raman spectra measured on
compressed I-doped haplogranite melt [Leroy et al.,
2019], and mostly as iodide in SiO2-rich high P alu-
minoborosilicate glasses [Morizet et al., 2021].

Interstingly, formation of iodates has also been
observed during circulation of water–iodide solu-
tions through volcanic rock cores at ambient con-
ditions [Neil et al., 2020], on the basis of UV spec-
troscopy measurements. This was interpreted as re-
sulting from the retention of oxidized I by minerals in
volcanic rocks, concomitantly with reduction of fer-
ric ions. In conjunction with the present results, this
points out that future studies should be dedicated to
elucidating simultaneously the speciation of I and Fe
in magmas to fully understand I behaviour in petro-
logic and volcanic processes.
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Assuming that the widths of Vulcanello conduits vary from 0.5 to 1.5 m, estimates of the ascent
velocity vary in the range 1.5 × 10−4–3.5 × 10−2 m·s−1 for CO2 free systems and from 5.7 × 10−4–1.3
× 10−1 m·s−1 for CO2 bearing systems.

Since shoshonitic magmas are common not only in the Italian volcanic provinces (Aeolian Arc,
Campi Flegrei, Ischia Island, Pontine Islands, Monti Cimini, Monte Amiata, Capraia Island, Radicofani,
Roccamonfina) but also in different volcanoes worldwide (Yellowstone, Mariana Arc, Kurile Arc, Tonga
Arc, Andean Arc, Kamchatka Arc), we suggest that the new data will be useful to better understand
shoshonitic magma behaviour under relevant geological scenarios. As such, we also suggest that
hazard evaluation should incorporate the probability of very rapid ascent of poorly-evolved melts from
depth.

Keywords. Vulcanello, Shoshonite, Phase equilibria, Mineral assemblage, H2O–CO2.

Manuscript received 24 February 2023, revised and accepted 22 June 2023.

1. Introduction

Volatiles dissolved in magmas are key parameters
to understand geophysical and geochemical signals
at depth, as their exsolution provides the needed
driving force for magma rise and, possibly, trigger
explosive eruptions. Being a multiphase system,
most magmas are composed of phenocrysts coexist-
ing with a volatile bearing silicate melt (e.g. H2O,
CO2, S species, F, Cl, etc. . . . ). Phase equilibrium
studies are of paramount importance to better deci-
pher magma storage conditions and physical prop-
erties during ascent to the surface. Thus, the role
of parameters governing equilibrium between melt
and phenocrysts such as pressure, temperature, re-
dox state, volatile content, must be known. The
best way to constrain magma storage conditions of
volcanic rocks and changes occurring during ascent
is to compare the natural solid assemblages with
the phase assemblage and compositions obtained
through phase-equilibrium experiments in which all
these parameters are controlled [e.g., Martel et al.,
2019]. Dissolved volatiles are known to affect the
rheological properties of magmas during ascent to
the Earth’s surface and H2O is the most important
volatile in igneous systems since it affects density,
viscosity, as well as phase equilibria, including crys-
tallinity and liquidus temperature [e.g., Burnham,
1981, Schulze et al., 1997]. It is well known that the
amount of dissolved water in melts, as well as the
mode of degassing in magma conduits, both affect
eruptive styles [e.g., effusive vs. explosive, Sisson and
Layne, 1992; plinian vs. pelean, Martel et al., 1998].

However, water is not the only volatile component
in magmas. Over tha last decades researchers have
focused their efforts on trying to understand how dif-
ferent volatile ratios, such as H2O/CO2, can influence
the magma properties in terms of phase equilibria,

mobility of chemical elements, and the amount,
shape and size of crystals [e.g. Kent, 2008, Martel
et al., 2019, and references therein]. The presence
of CO2 reduces water activity and it is commonly
assumed that the decreasing H2O/CO2 ratio in the
melt results in an increase of the liquidus tempera-
ture and crystal/melt ratio in most silicate systems
[e.g., Clemens and Wall, 1981, Scaillet and Evans,
1999]. However, the results of some experimental
studies seem to indicate that the opposite may occur
in basaltic or depolymerized systems at very high
CO2 concentrations (low water activities) [Giuffrida
et al., 2017]. These results are unexpected and con-
trast with our common assumption of the role of
CO2–H2O-bearing fluids on phase relationships.

In order to expand the experimental dataset on
the effect of CO2 on phase equilibria, we present new
H2O- and CO2-bearing high temperature and high
pressure crystallization experiments performed on a
shoshonitic composition from the Vulcanello penin-
sula (Island of Vulcano, Aeolian Island, Italy). Exper-
iments were targeted to investigate the phase stabili-
ties at pressure and temperature conditions relevant
for/to some of the southern Italy volcanoes such as
Vulcanello and, possibly, to other chemically similar
volcanic systems. We discuss experimental results in
terms of phase equilibria but we also address how
both H2O and CO2 volatiles affect rheological prop-
erties of the magma depending on their content.

1.1. Vulcanello magmatic source and products

Based on the analysis of fluid inclusions in quartz
xenoliths, Zanon et al. [2003] provided evidence that
the deepest level of magma storage at Vulcanello is
located between 17 and 21 km, close to the Moho [21–
25 km; Falsaperla et al., 1985] and excluded signif-
icant magma ponding at mid-crustal levels. This is
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in accordance with the aeromagnetic data at Vulcano
pointing to a magma reservoir between 18 and 21 km
depth [De Ritis et al., 2013]. Moreover, Zanon et al.
[2003] provided and estimate for Vulcanello magmas
temperature of 1083 ± 40 °C.

The formation of Vulcanello occurred during the
last Eruptive Epoch of the island of Vulcano [Eruptive
Epoch 8, De Astis et al., 2013], between AD 1100 to
1250 [Arrighi et al., 2006], simultaneously to effusive
and explosive activity in the La Fossa crater [Fusillo
et al., 2015].

The lava platform comprises several superim-
posed shoshonitic lava flows, which, together with
the products of explosive activity that form a scoria
cone, were the first subaerial products of the penin-
sula (Vulcanello 1). The rocks composing the lava
platform are mainly shoshonitic and contain large
(up to 1.5 cm) xenocrysts of plagioclase [Davì et al.,
2009, De Astis et al., 2013, Fusillo et al., 2015]. Af-
ter a short time break, the activity resumed with
explosive eruptions (Vulcanello 2) which led to the
formation of a second cone during a single erup-
tive unit, showing 3-m-thick fallout deposit having
shoshonitic composition [Fusillo et al., 2015]. Fol-
lowing Vulcanello 2, no activity took place during
∼500 years. Subsequently, lava emission resulted in
the emplacement of the latitic Roveto lava flow, that
was followed by three explosive phases leading to
the edification of Vulcanello 3 cone. These rocks are
latitic in composition with the presence of clinopy-
roxenes megacrysts [ca. 1.5 cm; Fusillo et al., 2015].
The activity of Vulcanello 3 ended with the emplace-
ment of a final lava flow (Valle dei Mostri latitic lava
flow), which flowed in the same direction than the
Roveto latitic lava flow [Fusillo et al., 2015, Nicotra
et al., 2018, Davì et al., 2009].

2. Experimental and analytical methods

2.1. Starting material and experiments

The starting material of our experiments is a nat-
ural scoria lava from Vulcanello 1. The bulk rock
composition (Table 1) is characterized by SiO2 =
53.40 wt% and Na2O + K2O = 8.76 wt%. In the
total Alkali-Silica (TAS) diagram this composition
plots in the field of shoshonite (Table 1). The
modal abundance of phenocrysts, mainly composed

Table 1. Compositions of starting glass

VL0
(wt%)

std Vetere et al.
[2007] (wt%)

n 100 100

SiO2 53.40 0.41 53.47

TiO2 0.70 0.04 0.71

Al2O3 15.78 0.24 15.48

FeO 8.04 0.36 8.39

MnO 0.10 0.12 0.10

MgO 4.88 0.15 4.88

CaO 8.81 0.22 8.51

Na2O 3.66 0.23 3.66

K2O 3.71 0.13 4.72

P2O5 0.62 0.21

LOI

Total 99.76 99.92

Notes: Oxide components are given in wt%.
Errors represent one standard deviation (std).
Shoshonite studied by Vetere et al. [2007] is
also reported for comparison.

of clinopyroxene (Cpx) and plagioclase (Pl), is 8–
11 vol%. The phenocrysts often contain inclu-
sions of Fe–Ti oxides. As reported in Davì et al.
[2009] the composition of clinopyroxene and feldspar
phenocrysts ranges between Wo49–44En36–42–36Fs9–20

and An5–46Ab51–52Or3–43, respectively. Feldspar mi-
crophenocrysts show a similar composition to that
of phenocrysts (An3–35Ab51–61Or4–46). Olivine has
a compositional range Fo42–62 and the Fe–Ti oxides
have Usp content close to 14 mol%. The groundmass
consists of glass, leucite (Lc), Fe–Ti oxides, Cpx, Pl
and small amount of olivine (Ol).

Sample preparation prior to high-pressure exper-
iments was performed at the Petro-Volcanology Re-
search Group laboratories of the University of Pe-
rugia (PVRG; http://pvrg.unipg.it). About 100 g of
crushed bulk rock was melted in a Pt crucible in air
at 1600 °C for 4 h in a Pt80Rh20 crucible. Melting
was performed in a Nabertherm HT 04/17 MoSi2-
heated box furnace. The melt was quenched to a
glass by pouring it on a brass plate. The glass was
crushed, re-melted and quenched again using the
same procedure. This technique ensured composi-
tional homogeneity of the glass and avoided crystal-

http://pvrg.unipg.it
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lization [Vetere et al., 2015a]. The composition of
the glass and the absence of crystals were controlled
by electron microprobe imaging and measurements
with a CAMECA SX 100 at the Institute of Min-
eralogy University of Hannover (see details below;
Table 1).

The NBO/T parameter corresponds to the num-
ber of non-bridging oxygens (NBO) per tetrahedrally
coordinated cation (T ) and is a good proxy to depict
the structure of silicate melts in terms of polymeriza-
tion [Mysen and Richet, 2005]. This ratio can be cal-
culated as follows:

NBO

T
= 1

T
×

∑i
i=1n ×M n+

i (1)

where T is the total atomic abundance of tetrahe-
drally coordinated cations, M is the proportion of
network modifying cations i , with electrical charge
n+ after subtraction of the portion required for
charge-balancing trivalent cations on tetravalent
sites [Mysen and Richet, 2005]. Our starting compo-
sition has a NBO/T of 0.39. The fragility, F , of our
starting composition, was also calculated and has a
value of 0.60. This parameter is useful to estimate the
deviation from Arrhenian behaviour upon cooling in
a plot relating viscosity and the scaled temperature
(Tg /T ) while approaching the glass transition tem-
perature Tg [Angell, 1995, Giordano and Dingwell,
2003]. Both the NBO/T and F point to a high degree
of depolymerisation of our starting material.

In order to prepare volatile-bearing charges, we
used the following procedure:

The capsules (Au80Pd20; 5 mm diameter, 3 cm in
length, previously annealed at 1100 °C for 10 min and
then welded on one end) were filled with the follow-
ing procedure: (a) the capsule was charged with the
desired amounts of ±H2O ± Ag2C2O4 + glass pow-
der (Ag2C2O4 is the source for CO2 as the silver ox-
alate decomposes during heating and generates the
carbon dioxide); (b) a steel piston was used to gently
compact the charge; (c) to avoid any volatiles release,
the capsule was tightly squeezed on top, rolled up in
a wet tissue, and frozen by placing it into a bath of
liquid nitrogen; (d) the upper end of the capsule was
welded shut with a conventional graphite-arc welder.
In agreement with literature data on the Vulcanello
magmatic source (21–17 km depth and 1083 ± 40 °C,
see above) we performed experiments at 500 MPa

Figure 1. H2O and CO2 concentrations added
to the capsules before experiment (at 500 MPa
and 1080 °C). The shaded area represent the
undersaturated conditions in accord with the
modeled H2O and CO2 concentrations at fluid
saturation obtained by Vetere et al. [2014, 2011]
for the same composition is also shown (solid
black curve). Orange and blue symbols indi-
cate experiments performed at reduced and ox-
idized conditions, respectively, (see Table 3).
Green and black circles are nominally anhy-
drous VL46 and 47 experiments, respectively
(Table 3). Red dot refers to the sample with the
highest water content.

and 1080 °C for 70 h, in order to shed light on pro-
cesses relevant to the magmatic source of Vulcanello
magma.

A total of 13 experiments with variable volatile
contents (see Figure 1) were performed at 500 MPa
and 1080 °C (Tables 2 and 3). Experiments were
done in an internally heated pressure vessel (IHPV)
equipped with a rapid-quench sample holder at
the Institute fur Mineralogy, Leibniz University of
Hannover (Germany). Details for the IHPV are pro-
vided in Berndt et al. [2002]. Temperature was mea-
sured using four unsheathed S-type thermocouples
(precision of temperature was ±5 °C). The IHPV
was pressurized with argon. Pressure was monitored
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Table 2. Results of microprobe analyses of residual glasses

VL32 std VL33 std VL34 std VL36 std

SiO2 54.86 0.39 55.53 0.47 54.28 0.60 52.17 0.55

TiO2 0.71 0.05 0.73 0.04 0.73 0.06 0.71 0.04

Al2O3 20.61 0.26 20.71 0.34 19.87 0.22 17.99 0.23

FeOT 1.81 0.57 1.21 0.27 1.99 0.31 2.95 0.18

MnO 0.10 0.06 0.09 0.04 0.15 0.09 0.13 0.11

MgO 1.72 0.15 1.51 0.57 2.13 0.37 3.07 0.46

CaO 4.70 0.31 4.13 0.27 5.16 0.27 6.23 0.10

Na2O 6.32 0.26 6.66 0.16 6.08 0.21 5.42 0.17

K2O 4.91 0.39 5.11 0.21 4.82 0.28 4.25 0.32

P2O5 0.49 0.14 0.56 0.21 0.45 0.10 0.46 0.16

Total 96.23 96.24 95.66 93.38

H2O 3.77 3.76 4.34 6.62

VL37 std VL38 std VL39 std VL41 std

SiO2 55.50 0.68 56.03 0.47 55.72 0.91 53.90 0.21

TiO2 0.45 0.13 0.49 0.10 0.49 0.09 0.62 0.05

Al2O3 20.35 1.03 20.67 0.62 20.18 0.72 18.57 0.27

FeOT 4.32 1.07 4.12 0.70 3.96 0.58 4.64 0.23

MnO 0.12 0.05 0.09 0.10 0.09 0.10 0.10 0.11

MgO 1.29 0.38 1.14 0.23 1.10 0.32 2.00 0.37

CaO 3.99 0.40 3.69 0.42 3.60 0.32 4.66 0.17

Na2O 6.65 0.35 6.74 0.38 6.95 0.17 5.87 0.10

K2O 4.86 0.27 5.04 0.24 5.07 0.26 4.65 0.18

P2O5 0.57 0.23 0.51 0.16 0.50 0.17 0.46 0.12

Total 98.10 98.52 97.66 95.47

H2O 1.90 1.48 2.34 4.53

VL45 std VL46 std VL47 std

SiO2 51.36 0.99 56.02 0.83 55.69 0.44

TiO2 0.63 0.02 0.76 0.02 0.75 0.04

Al2O3 15.01 0.24 18.10 0.34 18.55 0.64

FeOT 7.29 0.41 7.15 0.46 6.75 0.41

MnO 0.10 0.10 0.13 0.08 0.18 0.09

MgO 4.19 0.29 2.40 0.10 2.23 0.39

CaO 7.34 0.44 4.33 0.12 4.48 0.66

Na2O 2.81 0.39 6.07 0.26 6.21 0.20

K2O 3.61 0.13 4.01 0.08 4.01 0.27

P2O5 0.51 0.04 0.74 0.03 0.75 0.07

Total 91.85 99.70 99.61

H2O 8.15 0.30 0.39

Notes: H2O represent the water content estimated by difference methods. Micro-
probe data are reported for all the residual glasses investigated in wt% together
with errors represented by one standard deviation (std).
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using digital pressure transducers having an uncer-
tainty of about 1 MPa. The variation of pressure dur-
ing the experiments was ≤5 MPa. Some experiments
were performed at the intrinsic oxygen fugacity (f O2)
conditions of the pressure vessel which was found to
be close to QFM+4 (the intrinsic f O2 corresponding
to H2O-saturated conditions), with QFM being the
quartz–fayalite–magnetite equilibrium [Berndt et al.,
2002]. At H2O-undersaturated conditions, f O2 is
lower, depending on the prevailing water activity
[QFM−0.8 to QFM+3; Botcharnikov et al., 2005]. In
our experiments f O2 was calculated using the follow-
ing relation:

log f O2 = log f O2(at X H2Oin = 1)−2log X H2Oin. (2)

[Scaillet and Evans, 1999]. We estimate that the
maximum error on the calculated f O2 is about 0.2–
0.3 log units according to Botcharnikov et al. [2005].
Other experiments were performed under controlled
f O2 conditions (QFM−0.7 to QFM−1.4) by adding
H2 to the Ar pressure medium. The hydrogen fu-
gacity (f H2) in these experiments was monitored us-
ing a Shaw membrane as described in Berndt et al.
[2002]. The f H2 was adjusted to be f H2 = 20 bar at ex-
perimental P–T conditions. Experiments were drop
quenched with a cooling rate of approximately 150–
200 °C/s [Berndt et al., 2002]. For one experiment
(Table 3), it was not possible to avoid the formation
of quench crystals due to the relatively high amount
of added water (see results for details).

2.2. Electron microprobe and image analyses

All run-products were mounted in epoxy, ground
flat and polished for textural and chemical analyses.
Glasses and minerals produced during the experi-
ments were analysed using a Cameca SX100 micro-
probe at the Institute of Mineralogy. An accelerat-
ing voltage of 15 kV was used with a beam current of
15 nA for silicate minerals and oxides and 6 nA for
glasses. The beam was defocused to at least 15 µm
for glass analyses and focused to <2 µm for the anal-
ysis of crystal phases. All elements were analysed
with a counting time of 10 s on peak. Standards used
for calibration were Fe2O3, MgO, MnTiO3 (Mn and
Ti), albite (Na), wollastonite (Si for mineral and glass
and Ca for glass), apatite (P and F for glass and F,
Ca and P for apatite), orthoclase (K), anhydrite (Ca
and S). Standard deviations reported in Table 2 were

calculated based on 10 to 20 analysed spots on the
same sample. Raw data were corrected with the soft-
ware “Peak Sight” and “PAP” matrix [Pouchou and
Pichoir, 1991]. Precision and accuracy were deter-
mined by measuring reference glasses VG-568 (rhy-
olite) and VG-2 (basalt) from Smithsonian standards
collection [Jarosewich, 2002].

Due to the presence of crystals in experimental
charges, the water content of the glasses was es-
timated following the “by-difference” method de-
scribed in Devine et al. [1995]. Following Parat et al.
[2008], we estimate that the error on determination
of H2O content is ∼0.5 wt%. CO2 in glasses were not
determined but estimated from the solubility curve
in Figure 1.

Back-scattered electron (BSE) images were col-
lected with a Philips FEG (Field Emission Gun)
Quanta 200F equipped with a Si/Li-SUTW detector
(EDAX, Philips Electronics) installed at the Univer-
sity of Calabria (Italy). Representative BSE images
were collected at different magnifications (400× up
to 1600×) depending on the crystal size. Surface
percentage of the different phases was determined
for all images using grey levels with Image-ProPlus
6.0 [see details in Vetere et al., 2015a]. Seven to ten
BSE images obtained in different parts of the same
section were evaluated for homogeneity. We quanti-
fied surface fractions of glass, clinopyroxene, spinel,
plagioclase and gas bubbles. In total, 110 BSE images
were analysed.

3. Results

The crystalline phases observed in our experiments
are clinopyroxene (Cpx), plagioclase (Pl), and Fe–Ti
oxides (Ox) in various proportions, depending on the
fraction of volatiles dissolved in the melt. The re-
sults show that Cpx is the main phase with abun-
dance increasing from 10.2% to 21.6% as aH2O de-
creases from 0.74 to nearly zero (Table 3). Water ac-
tivity also plays a major role on the stability of Pl that
is only present in experiments with a melt H2O con-
tent ≤1 wt% (Table 3). Plagioclase has a maximum
abundance of 8.8% in the volatile-free sample (VL
47∗ in Table 3). Minor Fe–Ti oxides (≤2%) are present
in samples equilibrated under relatively high oxygen
fugacity conditions.

Based on the amounts of added volatiles and
in agreement with solubility model and data
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[e.g. Vetere et al., 2014] one can distinguish be-
tween fluid-saturated (fluid present) and fluid-
undersaturated (fluid absent) runs with respect
to H2O + CO2 (Figure 1).

Quenched melt (residual glass) is present in all run
products with a mode ranging from 70% in VL47∗

to 97% in VL45$ (Table 3). This wide range of melt
fraction at constant pressure and temperature shows
the importance of water activity (aH2O) on the liq-
uidus temperature and crystallinity. All glass compo-
sitions, including the starting composition, are listed
in Tables 1 and 2 and are illustrated in Figure 2. The
compositions of residual glasses range from 51 to
56 wt% SiO2 (Table 2 and Figure 2). Glass compo-
sitions evolve as a function of the degree of crys-
tallinity. We however note that a larger crystallinity
does not always correspond to an enrichment of SiO2

in the residual glass (compare Table 2 and 3). We
also note that in the experiment performed under
oxidizing and water-saturated (no CO2) conditions,
the conditions are close to the liquidus and the melt
has a composition very similar to that of the start-
ing glass (although comparing alkali content in the
VL45 and starting material we do note a difference of
ca. 0.5 wt% of Na2O possibly due to the EPMA mea-
surements conditions; red point in Figures 1 and 2).
Experiments performed at reducing conditions and
containing both water and CO2 show a SiO2 trend
that increases nearly linearly as the MgO content de-
creases. The same observation can be done for, Na2O
and K2O. The total FeO decreases with decreasing
MgO but FeO concentrations are always higher in ox-
idized experiments than in reduced experiments at
a given MgO content, suggesting a possible Fe-loss
to the capsule wall at reducing conditions, as dis-
cussed below. TiO2 is relatively constant in reduced
experiments but decreases with decreasing MgO in
oxidized runs. Due to the crystallization of the main
phase Cpx, CaO continuously decreases with MgO
(with increasing crystallinity).

Eight experiments were performed at volatile sat-
urated conditions and six at volatile undersaturated
conditions (Figure 1). Figure 3 shows the varia-
tion of crystal content as a function of water con-
tent. The general trend indicates that the higher the
amount of water in the melt, the lower the amount
of crystals, as expected from the numerous previ-
ous phase relationships conducted so far. No sig-
nificant difference between fluid-absent and fluid-

present runs is detected in terms of crystal content in
samples with an amount of water added to the sys-
tem that is larger than 1.0 wt%. Thus, we did not
detect a substantial difference in crystal content be-
tween experiments performed at fluid-saturated and
fluid-undersaturated conditions if the aH2O is sim-
ilar. For example, we investigated the effect of in-
creased CO2 concentration in water-rich samples (i.e.
up to 3.7 wt% H2O; sample VL32 and VL33, see Ta-
ble 3) by performing two experiments with a total
amount of CO2 from 6500 ppm (fluid-saturated) and
2900 ppm (fluid-undersaturated). No difference be-
tween CO2-rich and CO2-poor samples was observed
in terms of crystallinity. In particular, both melts
showed Cpx contents of ∼16% (Table 3). In contrast,
our experiments show that, at very low H2O content,
the presence of CO2 causes a substantial decrease of
crystal content. A difference up to 10 area% in crystal
content is observed between samples VL46 and VL47
(see Table 3), where the first charge contains a large
amount of CO2 (2.8 wt%, nominally dry, no water
added) while VL47 is nearly volatile free. It is empha-
sized that this difference of 10 area% in crystallinity
determined by image analysis is also consistent with
mass balance calculations. Using the GeoBalance
program [Excel VBA program for mass balance calcu-
lation; Li et al., 2020] the residual melts in VL47 can
be best reproduced if 6 wt% Pl and 30 wt% Cpx crys-
tallize from the starting material (the mineral com-
positions from experimental products were consid-
ered for the calculation, see Table 3). For VL46, mass
balance calculation indicates the crystallization of
3 wt% Pl and 25 wt% Cpx, pointing to the possi-
ble role of CO2 on phase proportions as discussed
below.

The alphaMELTS code was used to further eluci-
date the phase evolution observed in this study. The
alphaMELTS (V. 1.9) software provides a simple text-
based interface to subroutine versions of the algo-
rithms MELTS [Asimow and Ghiorso, 1998, Smith and
Asimow, 2005, Ghiorso et al., 2002, Ghiorso and Sack,
1995]. It allows to calculate equilibrium assemblages
along a thermodynamic path set by the user (details
are provided by: http://melts.ofm-research.org/ and
https://magmasource.caltech.edu/forum/). Results
of the simulations are shown in Figure 4 compar-
ing the crystals content measured via Image Analy-
ses and calculated by using aplhaMELTS. There is a
good correlation between calculated and measured

http://melts.ofm-research.org/
https://magmasource.%20caltech.edu/forum/
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Figure 2. Change of the residual glass composition (in wt% of element concentrations) in the silicate
melts. The analyses are recalculated to a total of 100%. The arrow on the CaO vs. MgO plot indicates
the vector pointing to the Cpx composition. The grey triangle refers to the starting material composition
while reddish and bluish circles indicate experiments performed at oxidized and reduced conditions,
respectively, as reported in Tables 2 and 3. Red dot as in Figure 1.
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Figure 3. Evolution of crystallinity vs. water
content of experiments presented in Table 3.
Note the variation on crystallinity between CO2

bearing and CO2 free sample in nominally dry
experimental charges. Symbols as in Figure 1.

Figure 4. Comparison between Image Analy-
ses measurements and calculat amount of crys-
tals by alphaMELTS approach. Note the good
correlation for most of the sample. VL46 sam-
ple, instead shows a large departure relatively
to the 1:1 line (green circle).

data, although VL46 sample shows a calculated crys-
tallinity higher than 40 vol% (expected from equi-
librium thermodynamic calculation) whereas the ex-
perimentally observed crystallinity is much lower
(Figure 4 and Table 3).

4. Discussion

4.1. Effect of volatiles on phase equilibria

In order to test for equilibrium condition in our
experiments we can refer to models proposed by
Putirka [2008]. Tests for equilibrium between Cpx
and a coexisting liquid can be made by comparing
observed and predicted values for Fe–Mg exchange,
or KD (Fe–Mg)cpx–liq, which should be 0.28 ± 0.08 for
Cpx (Putirka,2008; considering FeO=FeOtot). Our re-
sults show values ranging from 0.236 and 0.248 when
using compositions in Table 2, indicating composi-
tions close to equilibrium.

The glasses of our isothermal experiments show
geochemical trends that are entirely controlled by the
degree of crystallinity that itself depends on the com-
position and amount of volatiles in the system. The
evolution trends for most of the elements (Ca, Mg, Si,
Al) are consistent with the crystallization of Cpx (Fig-
ure 2), which predominates the solid phase. Ti is al-
most constant in experiments performed at reduced
conditions whereas its abundance is lower in the ex-
periments performed under oxidized conditions, due
to the crystallization of Fe–Ti oxides in the latter. The
composition of melts from two experiments (VL46
and VL47 at very low H2O content; Tables 2 and 3)
deviates slightly from the general trend for some ele-
ments and can be explained by the presence of Pl in
the run products (Figure 5).

The amount of CO2 that can be dissolved in melts
is lower than that of H2O and the solubility of both
volatiles has been investigated as a function of pres-
sure in a variety of melt compositions [e.g., Brooker
et al., 2001, King and Holloway, 2002, Holloway and
Blank, 1994, Dixon and Stolper, 1995, Dixon et al.,
1995, Jakobsson, 1997, Morizet et al., 2010, Baker and
Alletti, 2012, Schanofski et al., 2019]. Carbon species
(CO2, CH4, and CO) have low solubility in basalt
and shoshonite melts [at 500 MPa < 4500 ppm CO2,
Shishkina et al., 2014, Vetere et al., 2014, Behrens
et al., 2009, Botcharnikov et al., 2006] and carbonate
minerals are not stable in mafic melts. It could there-
fore be anticipated that (for low CO2 melt concen-
trations) CO2 has no effect on phase compositions
and proportions when compared to CO2-free dry sys-
tems. Indeed, samples with high water contents do
not show any important differences in terms of crys-
tallinity between CO2-bearing and CO2-free samples
(Figure 3). This indicates that water plays the most
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Figure 5. BSE images of sample VL46 and VL47 (see Table 3) after annealing at 1080 °C and pressure of
500 MPa. In particular, as 2.8 wt% CO2 is added to the system, the crystal content decreases by about
10 area%, and also the relative amount of single crystal phases (Cpx and Pl) decreases (VL46*, Table 3).
Clinopyroxene amount varies from 21.6 to 15.1 area% while plagioclase slightly decreases from 8.8 to 5.9
area% (VL46* and VL47*, Table 3).

important role on controlling the crystallization tem-
peratures and that the role of minor to moderate CO2

concentrations is subordinate. However, for systems
with low water and relatively high CO2 levels, this
observation seems not to be valid. The difference
of 10% in crystallinity found between nominally dry
samples (fluid absent and pure CO2 fluid) implies
that CO2 does not behave as a fully inert component,
only reducing water activity. Following the determi-
nations of Husen et al. [2016], it is emphasized that
the melts synthesized at nominally dry fluid-absent
conditions in the internally-heated pressure vessel
used at Hannover probably contain at least 0.5 wt%
H2O. Absolutely dry conditions can never be realized
because entrapment of adsorbed water during cap-
sule preparation cannot be avoided and because hy-
drogen can diffuse through the capsule material at
high temperature. This process is partially related to
reduction of ferric iron to ferrous iron in the melt dur-
ing the high T –P experiments following the reaction

H2(g )+Fe2O3(m) = 2FeO(m)+H2O(m) (3)

where m refers to the melt phase and g the gas phase.
Thus, the difference between fluid-absent and fluid-
present experiments can be considered as a mini-
mum value and may be even larger than determined
in this study, if absolutely H2O-free systems are
considered.

Although experimental conditions are very dif-
ferent, our observations are in agreement with

observations of Fiege et al. [2015] showing that
the addition of ∼2000 ppm of CO2 to a hydrous
basaltic melt (5 wt% H2O) has a small effect on crys-
tal content (Cpx, Spl) and glass fractions (during
decompression). Nevertheless, when evaluating in
detail those data, we can see that samples contain-
ing only H2O show relatively higher abundance of
Cpx compared to those containing both H2O and
CO2. Experiments simulating the effects of CO2

fluxing conducted by Giuffrida et al. [2017] also in-
dicate that the addition of CO2 to a partially crys-
tallized basalt can influence the phase proportion
and result in a partial dissolution of Cpx, in contrast
to the common assumption. Vetere et al. [2015b]
noted that the crystallinity of Etna basalt decreases
as CO2 is added to the system, which is in agree-
ment with the data from this study on a shoshonitic
system. In particular, in those experiments, Pl was
the most abundant mineral phase, but Pl was ab-
sent when only CO2 was added to the experimen-
tal charge. In addition, CO2 appeared to lower Cpx
abundance [Vetere et al., 2015b]. Thus, CO2 may
not act as a complete inert phase in mafic systems
in which it is mainly incorporated as carbonate
species.

A closer look on data presented in Figure 3 allows
us to further discuss the effect of the CO2 in mag-
matic systems. In fact, Figure 3 shows, at least for
added water content higher than 2 wt%, a nearly lin-
ear correlation between crystallinity and added wa-
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Figure 6. Insight on the evolution of crys-
tallinity vs. water content of experiments pre-
sented in Table 3. Note the variation on crys-
tallinity (red and black dashed curves) be-
tween samples having water content lower
than 3.5 wt% with CO2 > 0.65 wt% and CO2 <
0.65 wt%. Equations curves are also reported.

ter content, independently on f O2. In Figure 6 we
show that, if the amount of added CO2 is larger than
0.65 wt% and added water content is close or lower
than 2 wt%, the crystallinity of the run products be-
comes lower than what would be predicted from the
nearly linear trend between crystallinity and added
water, as highlighted by the dashed black and red
lines (Figure 6).

More in details, the flushing experiment per-
formed by Giuffrida et al. [2017], showed that a CO2-
rich fluid phase leads to an increase of the amount
of Cpx and a decrease of the abundance of Pl at 300
MPa. This decrease of Pl proportion is associated
with a change in An content. Although the conditions
are very different, as described above, this proves an
effect of CO2 on phase stability. Even if small, we also
observed a change in An content from CO2 free to
CO2 bearing (VL46 to VL47) as observed in Giuffrida
et al. [2017] from high to low pressure experiments on
Etna basalt. The glass compositions presented in Ta-
ble 2 also highlight some differences between VL46
and VL47 samples. The SiO2 and Al2O3 concentra-
tions are lower in VL46 whereas FeO and CaO con-
centrations are higher in VL46. This leads to a small
variation of NBO/T (0.33 to 0.28) but could mirror the
small mineral chemistry variations that we observed.
Finally, a liquidus temperature depression, caused by
dissolved CO2 in melt, is expected and this depres-

sion may range from negligible to several hundred
degrees depending on silicate melts composition and
pressure [Eggler, 1975, 1976, Mysen and Boettcher,
1975, Eggler and Kadik, 1979, Eggler and Rosenhauer,
1978, Boettcher et al., 1987, Boettcher, 1984]. The ex-
tent of this depression is linked to the solubility and
solubility mechanism(s) of CO2 in the melt. For in-
stance, the liquidus temperature depression of the
CaMgSi2O6–CO2 system compared to the volatile free
system illustrates this mechanism [Eggler and Rosen-
hauer, 1978, Mysen and Richet, 2005].

Finally, it is emphasized that the difference in liq-
uidus temperature for the CO2 bearing and CO2 free
compositions (samples VL46 and VL47) observed ex-
perimentally at 500 MPa could not be reproduced
with alphaMELTS, with TL of 1223 °C and 1231 °C, re-
spectively. Thus, the application of thermodynamic
models to predict the role of high CO2 concentrations
on phase stability in water-poor systems needs to be
reconsidered. This appears to be particularly rele-
vant in Italians volcanic systems, which are often re-
acting with carbonates.

4.2. Implications for magma dynamics

The data presented above (literature data and our
new experimental results) can have profound impli-
cations upon the rheological behavior of magmas.
In particular, viscosity is highly influenced by the
amount of solid phases. This, in turn, might influ-
ence the way magma ascends towards the Earth sur-
face and eventually erupts.

The Vulcanello peninsula formed by effusions
from a 600 m long, 0.5 to 1.5 m wide eruptive
fissure (dike) [Vetere et al., 2007, and reference
therein]. Based on the analysis of fluid inclusions
in quartz xenoliths we assume for the storage of
the shoshonitic magma a trapping depth between
21.5 and 17 km (corresponding to the Moho depth)
[Zanon et al., 2003, Peccerillo et al., 2006]. As such,
a possible deep storage reservoir could be hypothe-
sised from which, during the eruptive phase of Vul-
canello 1, the magma moved directly to the surface,
without intermediate storage into the crust [Davì
et al., 2009, Nicotra et al., 2018]. Taking into account
the water free samples VL46 and VL47 (Figure 5), hav-
ing a crystal content of about 20 and 30 area%, re-
spectively, we can calculate the effective viscosity
of the crystal bearing system using the models
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proposed by Sato [2005] and Vona et al. [2011]
[ηr = ηeff/ηm where ηr is the relative viscosity, ηeff

is the effective viscosity of the liquid containing a
fraction of crystals, and ηm is the viscosity of the melt
using the model of Vetere et al., 2007]. Moreover,
as required by the Vona et al. [2011] model, using
image analysis technique on BSE images collected
after experiments, one can extract and characterize
the crystal shapes from the input grey-scale slides,
without considering the possible presence of nano-
metric crystals [Cassetta et al., 2023]. Procedures are
described in Dellino and La Volpe [1996] and Lon-
caric [1998]. The aspect ratio (AS = major axis/minor
axis) parameter providing information on the parti-
cles elongation was determined following [Cox and
Budhu, 2008]. Results indicate that for our experi-
ments the average AS for Pl is 2.5 and for Cpx is 1.7
while Fe–Ti oxides (when present) have AS close to 1.
By taking into account these results, viscosity values
of 104.0–104.4 Pa·s are obtained for system containing
20 and 30 area% of crystals, respectively by using the
Vona et al. [2011] model. These values are compara-
ble to those obtained using the model proposed by
Sato [2005, i.e. 103.9 and 104.2 Pa·s].

Figure 7 shows the variation of viscosity of the
shoshonitic magma as a function of the crystal and
volatile contents. The increase in viscosity is clearly
related to the decrease of the volatile content and the
relative increase of solid phases.

Considering that magma ascent in dykes is
strongly conditioned by dyke width, magma as-
cent in narrow dykes could be obstructed by magma
crystallization. Critical dyke widths were calculated
by Petford et al. [1994] for magma with felsic com-
position showing similar viscosities as those investi-
gated here [see also Scaillet et al., 1996]. Results show
that dykes thinner than 1 m can hardly propagate
from very large depths. We are aware that narrow
dykes (<1 m) cannot be approximated to a smooth
tabular shape with a constant dyke width, due to the
natural roughness of rock fracture planes. However,
by doing the identical exercise as in Petford et al.
[1994], and taking into account (a) basaltic magma
temperature, (b) freezing point, (c) rock country tem-
perature (1200 °C, 700 °C and 300 °C respectively),
(d) the latent heat for basalt (400 J/g) and (e) the
specific heat of basaltic magma (1.0 J·g−1·°C−1), the
critical size for dikes reduces to 0.3 m. Thus, we have
some constrains for the following discussion.

Figure 7. Variation of viscosity vs. water con-
tent for samples reported in Table 3. Sym-
bols are identical to those reported in Figures 2
and 3 (see text for details).

In order to calculate a possible ascent velocity (u;
m·s−1) of these magmas we can use the relation of
Lister and Kerr [1991] for laminar flow:

u = (w2/3η)∆ρg . (4)

As stated above, the eruptive fissure at Vulcanello
has width ≤1.5 m. If now we consider a density
contrast between magma and country rock of ∆ρ =
275 kg/m3 as reported in Vetere et al. [2007], and η=
103.5 Pa·s for a system containing melt with 0.3 wt%
H2O (see also Table 3 samples VL46, VL47), we can
estimate a possible rise velocity of such magmas, as-
suming that the width of the conduits varies from 0.1
to 1.5 m. Results are presented in Figure 8a where the
ascent velocity is found to vary in the range u(CO2

free)= 1.5× 10−4–3.5× 10−2 m/s, and u(CO2 bearing)
= 5.7 × 10−4–1.3 × 10−1m/s. The estimated velocity is
subject to an abrupt increase if we consider H2O–CO2

bearing systems. Considering that at Vulcanello the
water content is estimated between 0.3 and 1.9 wt%
[analysis of melt inclusions from shoshonitic sam-
ples of Vulcanello in Gioncada et al., 1998 and Cloc-
chiatti et al., 1994a,b] and considering a temperature
of 1080 °C [the estimated temperature for Vulcanello
magmas is 1083 ± 40 °C, Zanon et al., 2003], a crys-
tallinity of 17 area% can be expected for H2O- and
CO2-bearing samples (e.g. VL37; Table 3). At these
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Figure 8. (a,b) Velocities and ascent times evolution vs. conduits size for Vulcanello (a) and hypothetic
volcanic systems with dike widths ≤3 m and a density contrast between magma and country rock
∆ρ = 200 kg/m3 (b). Please refer to text for details.

conditions the magma viscosity is about 102.8 Pa·s
and its ascent velocity (1.5 × 10−2–3.3 m/s as w varies
from 0.1 to 1.5 m, respectively, Figure 7) would be
faster than in a volatile-free magma (see u(CO2 free)
given above). Thus, in case of a nominally dry mag-
matic system rising in conduits having width 1.5 m,
the time to reach the surface starting from a depth
of 20 km is slightly lower than 4 years. However, if
CO2 is present, this duration decreases to ∼300 days,
and <2 h are estimated assuming that 2.0 wt% H2O +
0.6 wt% CO2 are dissolved in the melt. Although these
short timescales cannot be applied to the Vulcanello
magma, which has lower volatile [Clocchiatti et al.,
1994a,b], they could be relevant to other shoshonitic
volcanic systems.

As a further example, by making identical con-
siderations as above, we can consider a hypothetic
scenario with a viscosity η = 103.5 Pa·s (for a system
containing melt + 0.3 wt% H2O see Table 3, samples
VL46, VL47). Thus, if dyke widths are ≤3 m and the
density contrast between magma and country rock is
∆ρ = 200 kg/m3 and adopting Equation (4), we can
have an estimate of the possible rise velocity as pre-

sented in Figure 8b. In this case, results are: u(CO2

free) = 1.1 × 10−4–1.0 × 10−1 m/s, and u(CO2 bear-
ing) = 4.2 × 10−4–3.7 × 10−1 m/s. Finally, if we con-
sider H2O–CO2 bearing systems with concentrations
similar to the experiments VL32 or VL33 (Table 3) and
a temperature of 1080 °C, the lower crystallinity al-
lows magma to have viscosity in the order of 102 Pa·s
and, as consequence, to rise much faster in the range
4.7 × 10−2–42.9 m/s as w varies from 0.1 to 3 m, re-
spectively (Figure 8). It is important to keep in mind
that in dynamic magmatic systems (during ascent)
the CO2 release is relatively rapid and possibly can lo-
cally accelerate magma ascent.

5. Conclusions

Crystallization experiments of a natural shoshonite
were performed at 500 MPa, and 1080 °C and wa-
ter activities aH2O from 0.01 to 1.00. Results show
that clinopyroxene is the main crystallizing phase
and plagioclase is found to be a stable phase only for
water activity lower than 0.1, while spinel is present
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in all the runs except in those where log f O2 was
lower than −9 (∆NNO −0.11).

Interestingly, at low water activity (below 0.1) the
addition of CO2 at constant water content reduces
the crystallinity of shoshonitic systems. This be-
haviour is not predicted by classical thermodynamic
models. Thus, in the case of CO2-rich and H2O-poor
systems, magmas become less viscous due to the rel-
ative decrease in crystallinity. The application of vis-
cosity models to our experimental dataset allows us
to infer the possible ascent velocity and ascent time
of this type of shoshonitic H2O-poor magmas from
Vulcanello.

Since the magmatic composition used for our
study is chemically similar to many Italian vol-
canic systems (Aeolian Arc, Campi Flegrei, Ischia Is-
land, Pontine Islands, Monti Cimini, Monte Amiata,
Capraia Island, Radicofani, Roccamonfina) and also
to other systems worldwide (Yellowstone, Mariana
Arc, Kurile Arc, Tonga Arc, Andean Arc, Kamchatka
Arc), we suggest that our observations will be useful
to better understand shoshonitic magma behaviour
under relevant geological scenarios. The probability
of very rapid ascent of less-evolved melts from depth
has to be taken into account for future volcanic crisis
and hazard evaluation.
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Abstract. The explosivity of an eruption is mainly controlled by the ability of gases to escape the
magma column. Indeed, magmas able to evacuate gases mostly erupt effusively whereas magmas
that retain pressurised gases are likely to trigger explosive events. In order to evaluate the explosive
potential of magmas residing at shallow level, we investigated the influence of crystal content and
shear on the development of bubble connectivity in bubble- and crystal-bearing silicic melts. The
pre-deformed samples contain 0 to 50 vol% of plagioclase crystals (40–90 µm size) in a hydrated
haplogranitic melt with 20–30 vol% vesicularity mainly consisting of decompression-induced H2O
bubbles (∼20–250 µm in diameter). The samples were deformed in torsion at a temperature of
650 °C (crystal-free) or 750 °C (crystal-bearing), confining pressure of 50 MPa, constant moderate
shear rate of 2×10−4 s−1, and low strains (γ < 2). The sample microtextures and three-dimensional
pore network show that bubbles are mostly isolated in crystal-poor (0–10 vol%) samples, whereas
bubble connection reaches more than 70% in crystal-rich (30–50 vol%) samples, whether deformed
or not. With increasing strain from γ= 0 to 2, bubbles re-organise in shear zones by forming channels.
Therefore, moderately-porous (20–30 bulk vol%) crystal-rich magmas emplacing at shallow depths,
such as in upper conduits or lava domes, may be highly permeable via a process of gas channelling
effective at very low strains (γ < 2). This implies that violent explosions of lava domes producing
devastating surges require additional mechanisms of gas pressurisation in moderately-porous crystal-
rich magmas.

Keywords. Degassing, Mush, Rhyolite, Shear, Experiments.
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1. Introduction

The explosivity of an eruption is mainly controlled
by the ability of gases to escape the magma column,
with overpressured gases trapped in melt likely to
lead to an explosive eruption, whereas efficient out-
gassing may lead to effusive activity [Eichelberger

∗Corresponding author

et al., 1986, Woods and Koyaguchi, 1994]. The
conditions under which gas escapes the magma is
thus a prerequisite to predict the eruptive dynam-
ics, and depend on an interplay of many parameters
involving magma characteristics [e.g., composition,
temperature, volatile and crystal contents; Takeuchi
et al., 2021, Popa et al., 2021] and emplacement con-
ditions [e.g. flow and conduit properties, rates of de-
compression and shear; Cassidy et al., 2018].

An ascending volatile-saturated magma exsolves
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gases that are accommodated through bubble nu-
cleation or growth of pre-existing bubbles in case of
an initial volatile phase in excess. In highly viscous
magmas (viscosity >106 Pa·s), bubbles are usually
trapped in the melt and cannot easily migrate inde-
pendently of the liquid to outgas via separated flow.
If physical and time conditions permit, bubbles con-
nect by coalescing and can develop gas channels that
ultimately make the magma permeable to gases, thus
allowing outgassing through fractured dome rocks
or conduit walls. Rates of gas escape in silica-rich
melts are difficult to assess because they depend
on intrinsic parameters, such as the bubble charac-
teristics [e.g., vesicularity, Klug and Cashman, 1996;
pore aperture size, Wright et al., 2009, Degruyter
et al., 2010; bubble number density; Bain et al., 2019;
bubble network, Burgisser et al., 2017], and exter-
nal parameters related to magma emplacement ki-
netics. Among these external parameters, decom-
pression rate has been demonstrated to affect bub-
ble connectivity and permeability. The studies deal-
ing with decompression-induced bubbles develop-
ing isotropically highlighted permeability increase at
vesicularities mostly >50 vol% [Burgisser and Gard-
ner, 2005, Takeuchi et al., 2005, Okumura et al., 2012,
Martel and Iacono-Marziano, 2015]. Thereafter,
shear has been demonstrated to drastically affect
bubble connectivity and permeability, by promoting
bubble coalescence [Okumura et al., 2008] and out-
gassing [Okumura et al., 2009, Shields et al., 2016],
but also by alternately favouring and preventing con-
nectivity where deformation resulted in magma com-
paction [Gonnermann et al., 2017]. If magma vis-
cosity and/or shear rate are high enough, permeabil-
ity development may proceed through magma frac-
turing [Stasiuk et al., 1996, Tuffen et al., 2003, Castro
et al., 2012, Gaunt et al., 2014, Kushnir et al., 2017].

Many studies have been dedicated to crystal-free
or -poor melts, but magmas can be highly crys-
tallized, which affects the development of bubble
connectivity. Estimates of the percolation thresh-
old commonly range from 30 vol% [Saar and Manga,
1999, Blower, 2001] to 80 vol% vesicularity [Westrich
and Eichelberger, 1994, Takeuchi et al., 2008, Wright
et al., 2009], with the highest values characterizing
rapidly-decompressed crystal-free magmas. Oku-
mura et al. [2012] experimentally decompressed rhy-
olitic melts containing 30 and 50 vol% corundum
crystals, and concluded that gas permeability re-

mained low until vesicularity reached >68 vol%. Lin-
doo et al. [2017] and deGraffenried et al. [2019] de-
compressed mafic and rhyolitic magmas, respec-
tively, and reported a decrease of the percolation
threshold from >60 to <50 vol% in the presence
of more than about 20 vol% crystals. Parmigiani
et al. [2017] numerically modelled the outgassing ef-
ficiency of a magmatic volatile phase in crystal-rich
(mush-like) magmas, highlighting gas permeability
from very low porosities (∼10 vol%) via a mechanism
of channelling by which crystals build sustainable
channels for gas percolation. Such a permeability
development and outgassing at low vesicularity and
high crystal content could explain the low porosity
values inferred to occur in the volcanic conduit prior
to Vulcanian eruptions [Collombet et al., 2021].

In crystal-bearing silicic magmas, the bubble net-
work mostly rearranges under decompression in the
central part of the volcanic conduit and simple-shear
deformation at conduit edges or in lava domes where
the rearrangement of the stressed crystal framework
is facilitated by strain localization. To understand the
processes governing the development of degassing
pathways in crystal-rich silicic magmas, few studies
have been dedicated to deform three-phase (melt,
bubbles, crystals) magmas in simple shear using
high-temperature and high-pressure deformation
rigs of Paterson type. Laumonier et al. [2011] de-
formed a haplotonalitic melt containing 50 vol% pla-
gioclase crystals and 11 vol% porosity, at temperature
(T ) of 600 °C, confining pressure (P ) of 200 MPa, bulk
finite shear strains (γ) of 1.3 and shear rates (γr ) from
3× 10−5 to 1× 10−3 s−1. They highlighted gas accu-
mulation in local microstructures caused by shear-
induced crystal fabric (local γ up to ∼9). Shields
et al. [2014] sheared haplogranitic melts spanning
crystal contents from 0 to 42 vol% and CO2-bubble
contents from 12 to 36 vol%, at T < 600 °C, P of
150–200 MPa, γ up to 10, and γr from 1 × 10−4 to
5 × 10−4 s−1. They did not observe bubble coales-
cence and outgassing took place via sample-wide
fracturing. These results of sample permeability
reached by fracturing agreed with those obtained by
Kushnir et al. [2017] using crystal-free haplogranitic
melts with ∼15 vol% argon bubbles deformed at
magmatic T of 880 °C, P of 60 MPa, γ up to 7, and γr

of 1×10−4 to 8×10−4 s−1. Pistone et al. [2012] sheared
haplogranitic melts with 24 to 65 vol% quartz crys-
tals and 9–12 vol% CO2 bubbles, at T of 450–750 °C,
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P of 200 MPa, γ up to 8, and γr from 5 × 10−6 to
4× 10−3 s−1. In the crystal-poor (24–44 vol%) sam-
ples, the authors reported bubble stretching with
increasing strain, facilitating coalescence (for γ > 2
and for increasing γr ) and gas channel formation,
eventually leading to outgassing along the walls
of the sample container. In the crystal-rich (55–
65 vol%) samples, however, bubble stretching was
localized in shear bands where the crystal frame-
work (including crystal breakage) prevented gas
loss.

These experimental studies provided information
on the deformation of three-phase magmas at P of
∼200 MPa, T mostly close to the glass transition,
for bubble contents mostly <15 vol%, and for γ up
to ∼10. We aim at extending these studies to the
investigation of the effect of a crystal network on
bubble connectivity and gas percolation in bubbly
crystal-bearing magmas emplacing at shallow depth,
such as in upper volcanic conduits or lava domes,
from which explosive eruptions may be triggered. We
performed simple shear experiments in a Paterson
rig, using three-phase magmas consisting of 0 to 50
bulk vol% plagioclase crystals and 15–30 bulk vol%
H2O bubbles (20–45 vol% recalculated on the melt
phase) in a haplogranitic melt, under magmatic T
of 650–750 °C, confining P of 50 MPa, γ up to ∼2,
and γr of 2×10−4 s−1. We characterized the sample
microstructures and bubble connectivity as a func-
tion of crystal content and shear strain, and have
discussed implications for the natural magmas and
eruptive dynamics.

2. Methods

2.1. Experimental methods

The experiments consisted of three main phases:
(i) synthesis of crystal-bearing hydrated glasses,
(ii) decompression-induced H2O-bubble formation,
and (iii) deformation in simple shear of the three-
phase magmas.

2.1.1. Synthesis of crystal-bearing hydrated glasses

The method of preparation is detailed in Supple-
mentary Section 1.1.1 and a summary is given below.
The anhydrous starting glass is a haplogranite (HPG8;
composition in wt%: 78.6 SiO2, 12.5 Al2O3, 4.6 Na2O,
4.2 K2O). The HPG8 glass was chosen because (i) it

is rheologically well-characterized [Hess and Ding-
well, 1996], (ii) its eutectic composition allows experi-
ments at relatively low T without crystallization, and
(iii) it simulates late-stage crystallization of evolved
liquids such as rhyolitic melts. The HPG8 hydrations
were performed in internally-heated pressure vessels
(at the Institut des Sciences de la Terre d’Orléans,
ISTO) in order to obtain glasses with 5.0 and 9.6 wt%
H2O, to which different amounts of plagioclase crys-
tals (size of 50–90 µm) were manually added. Pla-
gioclase crystals were chosen because they represent
the main crystalline phase of silicic magmas, as phe-
nocrysts or microcrysts. The crystal contents recal-
culated on the melt are 0, 21, 50, and 70 vol%, leading
to bulk crystal volume (Φc_bulk_3D, recalculated on a
bubble-bearing basis) of about 0, 10, 30, and 50 vol%.

2.1.2. Synthesis of a bubble-bearing magmas

The powder mixtures of plagioclase crystals and
hydrated HPG8 glass were decompressed from 300 to
50 MPa at 850 °C in the Paterson gas-medium appa-
ratus [Paterson and Olgaard, 2000; Australian Scien-
tific Instruments Pty Ltd, at ISTO; Figure 1a], in or-
der to trigger a bubble nucleation event of supercrit-
ical H2O fluid (hereafter referred as to gas bubbles).
The strategy was to obtain bulk amounts of bubbles
around 20–40 vol%, ideally not connected to each
other, in order to check whether further deformation
will promote gas connectivity. The experimental de-
tails are given in Supplementary Section 1.1.2.

2.1.3. Torsion experiments

Keeping the experimental setup as it was after
decompression, deformation in right-lateral simple
shear was carried out at P of 50 MPa, T of 650 or
750 °C, γr of 2×10−4 s−1, and γ from 0 to 2. Such γ are
rather small compared to those observed at natural
conduit margins or dome bases, but the aim was to
determine the gas percolation thresholds occurring
during the initiation of deformation. The experimen-
tal details and calculations confirming limited relax-
ation of the bubbles during quenching are given in
Supplementary Section 1.1.3.

2.2. Analytical methods

After experiment, the sample was cut following a
section parallel to the shear plane and exposing the
longitudinal tangential surfaces (maximum shear
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Figure 1. Experimental device and strategy. (a) Scheme of the Paterson gas-medium press, (b) Pho-
tography of the sample assembly, and (c) Pressure–temperature–time path showing the isothermal step
(850 °C) of decompression-induced (300 to 50 MPa) bubble nucleation, followed by an isobaric (50 MPa)
and isothermal (750 or 650 °C) step of sample torsion (γ< 2) at a rate of 2×10−4 s−1.

strain) for microstructural analyses using a scan-
ning electron microscope (SEM; Merlin Compact
Zeiss at ISTO). The whole section was imaged at high
resolution using the SEM, and the images were
segmented using the SPO2003 image-processing
software [Launeau and Robin, 1996, Launeau

and Cruden, 1998], in order to determine the
two-dimensional (2D) contents, sizes, and orien-
tations of the bubbles and the crystals, as detailed
in Supplementary Section 1.2.1. A core sample
bored perpendicularly to the shear plane was used
for three-dimensional (3D) analyses using X-ray
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computed tomography (XCT; Phoenix NanoTOM
at ISTO). The 3D bulk porosity (Φb_bulk_3D) and the
amount of bubbles connected to the sample bor-
ders (Φb_connect_3D) were determined by segmenting
the XCT images using commercial software, such as
VGStudio Max and Blob3D, as detailed in Supple-
mentary Section 1.2.2. The plagioclase crystals were
hardly discernible due to their low contrast of density
with the glass and were not subjected to 3D analyses.

The glass H2O contents of the bubble-bearing
samples were checked following the “by-difference”
method using an electron microprobe (EMP; Cameca
SX Five at ISTO). As some of the residual glasses were
unexpectedly rich in H2O, they were double-checked
by micro-Raman spectroscopy (ISTO), as detailed in
Supplementary Section 1.2.3.

2.3. Calculations

The calculations mainly concerned the gas fraction
and the bulk viscosity of the samples. The ex-
pected gas fraction was determined using the equa-
tion of Jaupart and Allègre [1991], which calculates
the gas volume (αmelt) resulting from a closed-system
degassing (in that gas bubbles remain in contact
with the melt), as described in Supplementary Sec-
tion 1.3.1.

The samples were not viscous enough at 750 °C to
allow viscosity measurements in the Paterson press,
so we estimated the bulk viscosity (ηbulk) from Hess
and Dingwell [1996] for the hydrated melt and us-
ing the equation of Truby et al. [2015] for the three-
phase suspensions, as detailed in Supplementary
Section 1.3.2.

3. Results

Four series with different bulk crystal contents
(Φc_bulk_3D) of 0, 10, 30, 50 vol%, hereafter referred
as to serie0, serie10, serie30, and serie50, respec-
tively, were decompressed in the Paterson press
for bubble formation and subsequent deforma-
tion in simple shear (P = 50 MPa, T = 650–750 °C,
γr = 2 × 10−4 s−1) to finite deformations γ = 0 (no
deformation), γ= 0.6, and γ= 1.3–1.8 (no run for se-
rie10). The experimental conditions of the deformed
bubble- and crystal-bearing magmas are given in
Table 1. The analytical results are reported in Table 2
and detailed below.

3.1. Crystal-free series (serie0)

The SEM pictures of the samples from serie0 show
relatively homogeneous spatial distributions of the
bubbles (Figure 2a–c), in agreement with the absence
of strain localization expected from the Newtonian
behaviour of pure melts. Melt porosity, Φb_melt_2D, is
31±3, to 24±2 and 30±4 area%, at γ= 0, 0.6, and 1.3,
respectively (Figure 3a), in relatively good agreement
with the porosities measured from the XCT images,
Φb_bulk_3D, which are 30± 3, 21± 3, and 15± 3 vol%,
respectively. The content of bubbles connected to
the sample outside measured from the XCT images,
Φb_connect_3D, represents about half of the Φb_bulk_3D

(i.e., 49 ± 3, 52 ± 3, and 50 ± 3 vol%, at γ = 0, 0.6,
and 1.3, respectively). The 2D bubble number den-
sities measured from the SEM images, BND_2D, are
of 105.6–5.7±0.1 m−2 (Figure 4a) and those determined
using the XCT, BND_3D, are 1010.5–10.6 m−3. In the un-
deformed sample, 95% of the bubbles have equiva-
lent diameters of 20–40 µm, representing about half
of the total vesicularity. The other half volume is
made of bubbles with up to 300 µm diameter (Sup-
plementary Figure 3a). Bubble eccentricity, Rb , in-
creases from 1.3± 0.1 to 1.9± 0.2 and 2.1± 0.3 with
increasing γ, with a slight preferential orientation of
the bubbles, θb of ∼22 ± 6° (Figure 4b). Glass H2O
contents measured following the EMP by-difference
method are 3.6±0.7 wt% at γ= 0 and 4.1±0.7 wt% at
γ = 1.3, giving bulk viscosities of 107.3 and 107.0 Pa·s,
respectively.

3.2. Series with 10% crystals (serie10)

Serie10 consists of only a γ= 0 (undeformed) sample
and a γ = 0.6 sample, since higher shear strains in-
evitably conducted to capsule tearing. The deformed
sample shows incipient shear zones marked by dis-
crete local reorganisation of the bubbles and crys-
tals (Figure 2e). Φb_melt_2D slightly decreases from
31± 3 area% at γ = 0 to 27± 3 area% at γ = 0.6 (Fig-
ure 3a). Recalculating bulk porosities (i.e. including
crystals) give Φb_bulk_2D of 29± 3 area% at γ = 0 and
24± 3 area% at γ = 0.6, in good agreement with the
XCTΦb_bulk_3D of 28±3 vol% at γ= 0 and 18±3 vol%
at γ = 0.6. BND_2D is 105.6±0.2 m−2 at γ = 0 and
105.2±0.2 m−2 at γ = 0.6 (Figure 4a), and BND_3D is
109.2–9.3 m−3. In the undeformed sample, about 80%
of the bubbles have diameters of 20–40 µm, but their
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Table 1. Experimental conditions

Run # Series # Φc_melt_3D
a

(vol%)
H2Oi

b

(wt%)
Pre-deformation bubble forming Shear at P–T

(γr = 2×10−4 s−1)Decompression (from
300 MPa and 850 °C)c

Cooling at P

P
(MPa)

τDP
d

(min)
Dwell1
(min)

T
(°C)

Dwell2
(min)

τdef
d

(min)
γ

Pp17 serie0 0 5.0 50 19 45 650 15 - 0

Pp16 serie0 0 5.0 50 18 45 650 15 60 0.6

Pp15 serie0 0 5.0 50 18 45 650 15 120 1.3

Pp5 serie10 21 9.6 50 16 45 750 240 - 0

Pp7 serie10 21 9.6 50 18 45 750 15 60 0.6

Pp6 serie30 50 9.6 50 9 45 750 15 - 0

Pp8 serie30 50 9.6 50 19 45 750 15 60 0.6

Pp9 serie30 50 9.6 50 16 45 750 15 164 1.8

Pp12 serie50 70 9.6 50 18 45 750 15 - 0

Pp11 serie50 70 9.6 50 20 45 750 15 62 0.6

Pp10 serie50 70 9.6 50 17 45 750 15 145 1.5
aΦc_melt_3D is the content of plagioclase crystals manually added to the hydrated haplogranitic (HPG8) glass
powder.
bH2Oi is the H2O content of the hydrated glasses that were used for the Paterson experiments, calculated after
Newman and Lowenstern [2002] at 950 °C and 170 MPa (for the crystal-free series) or 400 MPa (for the crystal-
bearing series).
cDecompression follows a 15-min dwell at 300 MPa and 850 °C.

dτDP
c and τdef

c are the duration of the decompressions and deformations, respectively.

volumes only represent less than 10% of total vesic-
ularity. More than one third of the vesicularity is oc-
cupied by bubbles with equivalent diameters of 220–
240 µm (Supplementary Figure 3b). The bubbles
have Rb of 1.0± 0.1 at γ = 0 and 1.3± 0.1 at γ = 0.6,
showing no preferential orientation (θb of 20 ± 43°)
in the unsheared sample (Figure 4b). The glass H2O
contents are of 6.1±0.7 wt% at γ= 0 and 5.3±0.7 wt%
at γ= 0.6. The crystal contents,Φc_bulk_2D, are of 9±1
area% at γ= 0 and 12±2 area% at γ= 0.6. The crystal
number densities, CND, are 104.8±0.2 m−2 at γ= 0 and
105.1±0.3 m−2 at γ= 0.6 (Figure 4a). The crystals have
eccentricities, Rc , that are not varying from 1.1±0.1
with γ, and their main orientations, θc , is 15±33° at
γ= 0 and 18±3° at γ= 0.6 (Figure 4b).

3.3. Series with 30% crystals (serie30)

Serie30 shows shear zones of reorganised bub-
bles and crystals, evidencing an intensification of

strain localisation from γ = 0.6 to 1.8 (Figure 2g,h).
Φb_melt_2D are 20±3, 26±3, 26±12 area% at γ= 0, 0.6,
and 1.8, respectively (Figure 3a). Recalculating bulk
porosities gives Φb_bulk_2D of 15 ± 3, 20 ± 3, 23 ± 12
area% at γ = 0, 0.6, and 1.8, respectively. The XCT
Φb_bulk_3D gives 22±3, 25±3 and 15±3 vol% at γ= 0,
0.6, and 1.8, respectively. BND_2D is 105.6–5.8±0.1 m−2

(Figure 4a) and BND_3D is 109.3 m−3 at γ= 0 and 0.6,
and 109.9 m−3 at γ = 1.8. The undeformed sample
shows more than 90% of bubbles with 20-µm di-
ameters, the volume of which represents one third
of total vesicularity. The rest of the vesicularity is
mostly occupied by bubbles with equivalent diam-
eters from 40 to 140 µm, with some larger bubbles
up to 240 µm diameter (Supplementary Figure 3f).
The bubbles have Rb of 1.0 ± 0.1 at any γ, showing
no preferential orientations (θb of 33–38°; Figure 4b).
Glass H2O content was only analysed at γ = 1.8, giv-
ing 3.0±0.7 wt%. Φc_bulk_2D is 28±1 area% at γ = 0,
29± 4 area% at γ = 0.6, and 33± 4 area% at γ = 1.8.
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Figure 2. SEM pictures of the samples cut following the sketch shown in Supplementary Section 1.2.1.
Increasing shear strain from γ = 0 to 2 (from left to right) and crystal content from 0 to 50 vol% (from
top to down) promotes the development of non-spherical bubbles and heterogeneities in bubble spatial
distribution. All main pictures have a yellow scale bar of 4 mm and subpanels are enlargements (with
different coloured scale bars). The red arrows in (i) and (k) point to crystal fragmentations.

The CND is 105.5–5.6±0.2 m−2 at any γ (Figure 4a). Rc

are not varying from 1.1±0.1 with γ. θc are 44±31°,
58±38°, and 26±13° in the samples at γ= 0, 0.6, and
1.8, respectively (Figure 4b).

3.4. Series with 50% crystals (serie50)

Serie50 shows strong features of strain localiza-
tion in the deformed samples, with alternation of
strongly bubble-depleted zones and channelized
bubble zones (Figure 2j,k). Φb_melt_2D increases from
21±2, 23±10, 44±17 area% with γ increasing from
0, to 0.6 and 1.5 (Figure 3a). Bulk Φb_bulk_2D gives
14± 2, 16± 10, and 23± 17 area% at γ = 0, 0.6, and

1.5, respectively, in good agreement with the XCT
Φb_bulk_3D of 19± 3, 16± 3 and 25± 3 vol%. BND_2D

is 106.1±0.1 m−2 at γ = 0 and 0.6, and 105.9±0.3 m−2

at γ = 1.5 (Figure 4a). BND_3D is 1010.0–10.2 m−3 at
γ = 0 and 0.6, and 109.5 m−3 at γ = 1.5. In the unde-
formed sample, 95% of the bubbles have diameters
of 20 µm, representing about 25% of the total vesic-
ularity. Another third of the volume is occupied by
bubbles with equivalent diameters of 240–260 µm
(Supplementary Figure 3i). The bubbles have Rb of
1.0±0.1 at any γ, not showing significant preferential
orientations (θb from −13 to +33°, with standard
deviations >35°; Figure 4b). The glass H2O contents
are 4.9±0.7 wt% at γ= 0 and 2.7±0.7 wt% at γ= 1.5.
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Figure 3. Bubble formation. (a) Measured
porosity versus porosity calculated for a H2O
degassing from the initial content (5.0 wt% for
the crystal-free samples and 9.6 wt% for the
others) to the final content measured in the
residual glasses, after the equation of Jaupart
and Allègre [1991]; the two arrows on the X -axis
give the gas content calculated for an equilib-
rium H2O exsolution (i.e., final content is H2O
solubility at 50 MPa); the vertical error bars are
not statistical uncertainties but span the whole
range of the measured values; (b) Difference
between the H2O contents measured in the
residual glasses (circles and stars using elec-
tron microprobe and Raman spectrometry, re-
spectively; technical details in Supplementary
Section 1) and H2O solubility at final pressure
(dashed box), showing incomplete H2O exsolu-
tion in some samples.

Figure 4. Bubble and crystal characteristics.
(a) Number density and (b) Preferential orien-
tations (0° is parallel to shear direction), with
the dashed red line giving the theoretical angles
between particle major axis and shear direc-
tion calculated for solid particles with eccen-
tricity of 1.1, using the formulation of Fernan-
dez et al. [1983]; the X -axis values have been
slightly shifted for clarity; the vertical bars are
not statistical uncertainties but span the whole
range of the measured values.

Φc_bulk_2D is of 39–48 area% whatever γ. The CND
increases from 105.5±0.3 m−2 at γ = 0 to 105.8±0.1 m−2

at γ = 0.6 and 106.1±0.2 m−2 at γ = 1.5 (Figure 4a). Rc

are not varying from 1.1±0.1 with γ. θc are 40±27°,
27± 8°, and 28± 2° in the samples at γ = 0, 0.6, and
1.5, respectively (Figure 4b).
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4. Discussion

4.1. Bubble nucleation and growth

Exsolving H2O from 9.6 to 2.8 wt% [solubility at
50 MPa and 750 °C; Newman and Lowenstern, 2002]
corresponds to a calculated vesicularity of 58 vol%
[Jaupart and Allègre, 1991; Supplementary Section 1
(Equation (1))]. Yet the average porosities mea-
sured in the decompressed samples are mostly below
35 vol% (Figure 3a). We propose two explanations to
account for this deviation; incomplete H2O exsolu-
tion and partial loss of bubbles.

4.1.1. Incomplete H2O exsolution

Checking the H2O contents of the residual glasses
in the undeformed samples using both electron mi-
croprobe and Raman spectroscopy, revealed con-
tents in the crystal-bearing samples higher by 1.5 to
3.5 wt% than expected for an equilibrium H2O exso-
lution (Figure 3b). This suggests incomplete H2O ex-
solution during the ∼1.5 h (τDP + Dwell2 + Dwell3
in Table 1) allocated to decompression-induced bub-
ble nucleation. Yet, all series show equilibrium H2O
exsolution (∼3.0 wt% H2O) at γ of 1.5–1.8, that is,
for another couple of hours spent at 50 MPa, thus
confirming that H2O exsolution under the chosen
experimental conditions requires more than 1 h to
reach equilibrium. This strongly disagrees with the
conclusions of Martel and Schmidt [2003] suggest-
ing H2O exsolution timescales of less than 1 min
in microlite-bearing rhyolitic melts at 860 °C, but
agrees with complete bubble expansion requiring
several hours. Therefore, we infer that in our experi-
ments, the timescale of bubble expansion controlled
H2O exsolution from the melt. In contrast, the un-
deformed crystal-free samples degassed to equilib-
rium, which we rather attribute to their lower ini-
tial H2O content (5.0 instead of 9.6 wt%) rather than
the absence of crystals, since serie10 which contains
10 vol% crystals, shows the highest H2O exsolution
disequilibrium. Further investigation would be re-
quired to validate the positive correlation between
the initial H2O content of the melt and the timescale
of bubble expansion, which in turn controls the H2O
content of the residual melt.

4.1.2. Partial loss of bubbles

Knowing that H2O exsolution was not completed
in the H2O-rich samples, the gas fractions were

calculated using the final H2O contents measured
in the residual glasses instead of using H2O solu-
bility at 50 MPa. The results show that the mea-
sured porosities are lower by 10 to 30 vol% than ex-
pected for an equilibrium degassing (Figure 3a), sug-
gesting that these samples lost a part of their bub-
ble cargo. One explanation could be that the melt
partially outgassed by bubble connection at some
point during bubble growth, and partially collapsed
via compaction. Yet the released gas pockets cannot
escape the sealed capsule and were considered in the
measurement of total vesicularity. Therefore, we in-
fer that these gas pockets were heterogeneously dis-
tributed in the capsule corners and were not system-
atically visible on our SEM pictures (for instance, a
large gas pocket is visible below the capsule roof in
Figure 2c), so that they may miss from some poros-
ity budget. This hypothesis is supported by the lack
of clear relationships between the bubble deficiency
and parameters such as H2O content, crystal content,
or finite deformation.

4.1.3. Pre-deformation porosity

The undeformed samples show melt vesiculari-
ties of 19–30 vol% (Figure 3a) and bubble number
densities not varying by more than 0.5 log unit (Fig-
ure 4a), which suggests a comparable and repro-
ducible process of bubble formation. Within this 0.5
log unit, however, BND increases with crystal con-
tent, as experimentally observed by Cáceres et al.
[2021]. The bubble number densities of 109.3–10.6 m−3

measured from the XCT images are lower by 1 log
unit compared to those predicted in crystal-free mag-
mas by the formulation of Toramaru [2006] for de-
compression rates of 0.1–1.0 MPa/s (i.e., BNDs of
1010.5–11.5 m−3), highlighting a possible role of the
crystals in controlling nucleation sites for bubbles, as
already pointed out by Cáceres et al. [2021]. In the
undeformed samples from all series, more than half
(and up to 95% in serie0 and serie50) of the bubbles
have diameters of about 20 µm. These small bubbles
occupy about one third of total porosity in all series
but serie0. In serie0, the volume of the small bub-
ble population nearly disappeared at the expense of
larger (220–240 µm diameter) bubble volume (Sup-
plementary Figure 3a). In serie50, the population
of 20-µm diameter bubbles coexists with some 240–
260 µm diameter bubbles (Figure 2i) representing
one third of total porosity (Supplementary Figure 3i).
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The homogeneous spatial distribution of the small
20–40 µm bubbles (Figure 2a) confirms a process of
homogeneous nucleation [Mourtada-Bonnefoi and
Laporte, 2002], in agreement with the observations in
natural and experimental products that plagioclase
is not a wetting phase for nucleating H2O bubbles
[Navon et al., 1998, Cáceres et al., 2021]. The pop-
ulation of 200–300 µm bubbles may have three pos-
sible origins: coalescence of the 20–40 µm bubbles,
a separate nucleation event, or pre-decompression
bubbles. A separate nucleation event or bubble co-
alescence would lead to more or less similar bubble
size distributions in the different series, which is not
the case (Supplementary Figure 3a,d,f,i). Therefore,
we argue in favour of bubbles that formed before de-
compression, as often observed in experiments start-
ing with powdered material that is able to trap H2O
and air in the intergranular voids before melting [i.e.,
the “hydration bubbles” in Gardner et al., 1999]. The
number and size of these bubbles would then be
affected by the crystal content in the glass powder.
The undeformed samples of serie30 and serie50 show
that bubbles started channelling along the crystals
(Figure 2f,i). According to the model of Burgisser
et al. [2017], crystal-free melts containing 20–30 vol%
bubbles, number density of 109–11 m−3, and size of
200–300 µm, would be impermeable, even with 50–
70% connected porosity. In contrast, gas permeabil-
ity measurements in natural crystal-bearing samples
with connected porosities from 50 to 80% give per-
meabilities from ∼10−14 to −10 m2 [Bain et al., 2019].
Therefore, in absence of permeability measurements
in our samples, it is not clear whether the gas perco-
lation thresholds were met before deformation.

4.1.4. Bulk viscosity

The bulk viscosities calculated using the formu-
lation of Truby et al. [2015] range from 105.2–5.4 Pa·s
for the series containing 10 vol% crystals at 750 °C,
106.5–7.4 Pa·s for the series containing 30 and 50 vol%
crystals at 750 °C, to 107.1–7.3 Pa·s for the crystal-free
series at 650 °C (Table 2). The regime of low capillary
number (C a < 1) calculated for our sample deforma-
tion conditions (see Supplementary Section 1.3.2 for
details) results in considering the 20–30 bulk vol%
bubbles as rigid particles that increase the hydrated
melt viscosity by about 0.2 log unit (e.g. serie0 in Ta-
ble 2). Adding crystals further increases bulk viscos-
ity, from ∼0.3 log unit for 10 vol% added crystals to

∼0.7 log unit for 30 vol% crystals, and 1.0–1.2 log unit
for 40–50 vol% crystals, which agrees with most of the
common models of particle suspension rheology [see
Mader et al., 2013].

4.2. Effect of the crystal network on porosity de-
velopment under small shear (γ< 2)

4.2.1. Crystalline fabric

The crystals were nearly isotropic in shape (Rc =
1.1 ± 0.1; Table 2), suggesting that the cutting of
the labradorite block using the Selfrag apparatus did
not permit to reproduce the elongated plagioclase
crystals commonly observed in the natural magmas.
This small anisotropy likely limited the development
of strong crystalline fabrics in the sheared samples.
Nevertheless, the crystals show main orientations
that agree with those calculated as a function of γ by
Fernandez et al. [1983] for solid particles of Rc = 1.1
(Figure 4b). Yet, the high standard deviations asso-
ciated with these angles, especially at γ = 0 and 0.6,
suggest that the crystalline fabric is very weak, with
the exception of serie50 at γ = 0.6 and 1.5, for which
the crystalline fabrics are well marked (standard de-
viations <10°). The serie30 and serie50 samples show
crystal breakage features, evidenced by the appear-
ance of a population of small crystals (Figure 2i,k)
that are also visible in the 2D crystal size distributions
(Supplementary Figure 4). Crystals breakage was also
observed in crystal-rich samples deformed under low
strains by Forien et al. [2011], likely resulting from in-
tense stress localization at some grain contact.

4.2.2. Bubble spatial distribution

The melt porosity of 20–30 area% is maintained in
whatever crystal content and γ, with the exception
of one sample (Figure 5a), which agrees with the re-
sults of Pistone et al. [2012] obtained on their sam-
ples sheared at T high enough to prevent bubble loss
through shear fracturing. Yet in details, increasing
both bulk crystal content ≥30 vol% and finite strain,
increases heterogeneities in bubble spatial distribu-
tion, as reflected by porosity variations up to ±20%
between bubble-poor and bubble-rich zones, with
the variation being positively correlated to γ (Fig-
ure 5a). For these samples, the gas accumulated in
local microstructures caused by the shear-induced
crystal fabric (Figure 2h,k), in agreement with the ob-
servations of Laumonier et al. [2011]. In samples with
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Figure 5. Effects of the crystals on (a) melt
porosity and (b) connected porosity; the solid
line indicates the linear fit of the data but one
point (γ= 0) from serie30 with an anomalously
low connected porosity; the dashed lines con-
tour the evolution of the connected porosity
as a function of bulk crystallinity (0–50 vol%)
for bulk vesicularities of 20–30 vol% and shear
strain of 0 < γ< 2.

bulk crystal contents <30 vol%, however, our results
suggest that the spatial distribution of the bubbles re-
main homogeneous (variations below ±5 vol%; Fig-
ure 5a).

4.2.3. Connectivity development

At γ = 0, bubble connectivity increases with crys-
tal content (Figure 6), reaching ∼87% connected
porosity in the sample with bulk crystal contents of
50 vol% (Figure 5b; one exception is the undeformed
sample of serie30 with only 37% connected poros-
ity, for which we have no explanation). These re-
sults agree with those of Cáceres et al. [2021] who ob-
served that phenocryst-bearing magma noticeably
showed a higher degree of bubble coalescence, but

disagree with those of Okumura et al. [2012] who re-
ported no clear effect of crystallinity (30–50 vol% re-
calculated with respect to the melt volume) on the
degree of bubble coalescence and connectivity un-
til melt vesicularities reached ∼68 vol%. This dis-
agreement may be explained by differences in bub-
ble texture. Indeed, their crystal-rich samples with
vesicularity ∼20–30 vol% (i.e. those decompressed to
20 MPa; number densities of ∼1012 m−3) do not show
bubble channelling features, such as those observed
in the undeformed samples of our serie50 (Figure 2).
This could also result from different bulk viscosities,
different bubble to crystal size ratios, or unimodal
versus polymodal bubble size distributions (i.e. the
∼200–300 µm bubble population in our samples may
have played a key role in early connectivity develop-
ment).

In our samples, increasing bubble connectivity
with increasing crystal content before shearing (γ =
0) highlights the role of the crystal network on
the decompression-induced formation of bubbles.
Firstly, the crystals possibly influence bubble nucle-
ation, by increasing bubble number density by up to
0.5 log unit with increasing crystal content (see log
BND at γ = 0 in Figure 4a). We speculate that physi-
cal processes at the origin of more bubble nuclei in
crystal-richer magmas could involve modified gas-
melt interfacial tensions or excess free energy. Af-
ter nucleation, bubble growth must have been partly
dictated by the crystal network, forcing bubble co-
alescence and channelling, eventually approaching
full bubble connection in serie50 (i.e. >80% connec-
tivity; Figures 5b and 6i). These observations con-
firm the results of the numerical modelling of Parmi-
giani et al. [2017] predicting maximum outgassing
efficiency via 40–50% connected porosity in crystal-
rich (40–70 vol%) magmas.

Increasing γ from 0 to 2 does not significantly
influence the amount of connected porosity (Fig-
ure 5b), thus highlighting the large predominance
of crystal content over shear strain up to γ = 2 in
favouring bubble connections. Fitting all the data
but one (the low-connected sample at γ = 0 from
serie30) shows a positive linear correlation between
connected porosity and bulk crystal content (y =
0.84x + 52; Figure 5b), thus valid for silicic magmas
with 20–30 vol% bulk vesicularity and sheared at low
strain (γ < 2) with shear rates of 10−4 s−1 under a
low confining pressure of 50 MPa. The rather poor
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Figure 6. XCT image processing of the core samples (3 mm diameters) for increasing shear strain from
γ= 0 to 2 (from left to right) and crystal content from 0 to 50 vol% (from top to down). The left blocks were
processed using VGStudioMax, with the melt and crystals in yellow, the isolated bubbles in red and the
bubbles connected to the sample outside in grey. Φb_bulk_3D and Φb_connect_3D give the 3D percentage of
bulk and connected bubbles, as defined in Supplementary Section 1. The upper right insets show details
of the bubbles processed using Blob3D, with another colour code that show one colour per isolated
bubble or identified network of connected bubbles. The black line in (e) highlights an alignment of
bubbles connected to the sample outside, which denotes a post-experimental fracture.

coefficient of determination, R2 = 0.84, mostly re-
flects a large variability of the connected porosity at
high crystallinity (±15% for crystal content ∼45 vol%)
with respect to crystal-free samples (±2%; Figure 5b).

4.3. Implications for natural volcanic systems

The experimental samples are silica-rich melts con-
taining 20–30 vol% bubbles and 0 to 50 bulk vol%

plagioclase crystals that cover a range from natural
moderately-porous obsidians to crystal-rich (mush-
like) rhyolitic magmas. The 50–90 µm crystal size
typically scales microlites to microphenocrysts [e.g.
Hammer et al., 1999, Martel and Poussineau, 2007].
The low confining pressure of 50 MPa and the low
shear strains (γ < 2) applied to the samples simulate
a shear initiation at shallow depth (about 2 km deep,
considering rock density of 2400 kg/m3), such as
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Figure 7. Schematic representation of bubble connectivity in magmas with (a) 0–10 vol% crystals or
(b) 30–50 vol% crystals, deformed under shear at magmatic temperatures (650–750 °C), moderate shear-
strain rates (2 × 10−4 s−1) and low pressures (50 MPa, that is at level of upper conduit to lava dome
interior). The gas bubbles in crystal-poor magmas with 20–30 vol% porosity hardly connect under strain
below γ = 2, so that outgassing requires fracture opening under high strains or strain rates, likely only
reachable at conduit margins [Kushnir et al., 2017]. In contrary, a dense crystalline fabric favours bubble
connectivity under strains as low as γ = 2 and bulk porosity of 20–30 vol%, so that outgassing may be
an early process upon magma emplacement. Crystal fragmentation commonly occurs in crystal-rich
magmas and heightens with increasing crystal content and strain. If temperature decreases and/or strain
increases as expected at conduit margins, fractures may open and assist outgassing [Pistone et al., 2012,
Shields et al., 2014].

in a volcanic upper conduit. Overall, these condi-
tions may be representative of Vulcanian events or
dome-related eruptions, during which a moderately-
porous magma degasses and crystallizes microcrysts
at shallow depths, eventually emplacing effusively (as
domes or plugs) or erupting explosively (as surges),
depending on outgassing efficiency. In particular,
vesicularities of 20–30 vol% are representative of
those measured in lava domes and blast-generated
pyroclastic density currents, such as the ones gen-
erated in 1350 AD (P1) and 1902 at Montagne Pelée,
Martinique [Martel et al., 2000] and in 1980 at Mount
St Helens, USA [Hoblitt and Harmon, 1993].

The implications of our results to volcanic sys-
tems are schematized in Figure 7 and detailed

below. Our results suggest that H2O bubbles nu-
cleating in undeformed aphyric or crystal-poor (0–
10 vol%) magmas by decompression at rates of 0.1–
1.0 MPa/s (i.e. bubble number densities around
109–11 m−3) can connect to 50% (Figure 6a,d), but
the magma could still be impermeable mainly due
to the moderate bulk porosity of 20–30 vol% [Bur-
gisser et al., 2017]. Such moderately-porous crystal-
poor melts may reach permeability via a process
of fracturing at high strains (γ > 2) along the con-
duit margins, as experimentally demonstrated by
Kushnir et al. [2017]. Adding crystals drastically in-
creases bubble connectivity (>70%; Figure 5b), by
favouring channelling even at low shear strains (Fig-
ure 2h,k). Channelling creates gas permeability of
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the order of 10−10 m2, which is two to five orders of
magnitude higher than the other permeability pro-
cesses at the equivalent bubble content [Collombet
et al., 2021]. Therefore, magmas with matrix crys-
tallinity >30 vol% and vesicularity of 20–30 vol%, as
commonly observed in lava domes [Boudon et al.,
2015], may show bubble connectivity >70% (Fig-
ure 5b) and gas permeabilities >10−12 m2 [Bain
et al., 2019]. Our data suggest that bubble connec-
tivity in low-porous (20–30 vol%) silica-rich magmas
slightly sheared (γ < 2; strain rate of 10−4 s−1) at
low confining pressure (50 MPa; about 2 km deep)
increases linearly with crystal content (following
y = 0.84x + 52, with y being the connected poros-
ity in vol% and x being the bulk crystal content in
area%; Figure 5b). In natural samples, connectivity
would be enhanced by unequal bubble sizes that
favour bubble coalescence [Lin and Lin, 2009], mi-
crotextures made of crystals with high aspect ratios
[Lindoo et al., 2017], and polydisperse crystal size
distributions involving phenocrysts and microlites
[Cáceres et al., 2021]. Therefore, in comparison to
crystal-poor magmas, crystal-rich melts are able to
outgas much more easily (at lower γ) for compa-
rable temperature, pressure, and strain rate, con-
firming the effusive mode of crystal-rich lava-dome
emplacement and the unnecessity to invoke domi-
nant outgassing mechanisms other than channelling
[Collombet et al., 2021]. From a crystallinity point of
view and regardless of melt H2O content and magma
storage pressure, the gas-permeable nature of the
30–50 vol% crystal-bearing rhyolitic melts investi-
gated in this study agrees with the eruptions of low
magnitude reported by [Takeuchi et al., 2021] and the
crystallinity-controlled effusive eruptions reported
by Popa et al. [2021]. Yet, the present experiments
highlight the major control of an exsolved volatile
phase (20–30 vol%) and low shear (γ < 2) on the
permeability development, with consequences on
eruptive style that may deviate from those expected
from the sole consideration of crystallinity and melt
H2O content. Since low-sheared crystal-rich mag-
mas at upper conduit level is permeable to gases, this
poses the question of the mechanisms behind dome-
related explosive eruptions, such as Vulcanian or
Pelean explosions. External factors can be invoked,
such as depressurization due to unloading by gravi-
tational collapse of a part of the dome [Voight et al.,
1981]. Among internal factors of self-explosivity, one

could invoke processes capable of building up over-
pressure in gas bubbles from an initially permeable
magma, such as a second boiling event in response to
late-stage extensive microlite crystallization [Sparks,
1997] and gas volume reduction by silica-phase de-
position in bubbles [Boudon et al., 2015]. Another
hypothesis for self-explosivity is permeability barri-
ers and pressure accumulation via vertical rheologi-
cal and lithological gradients in the magma column
[e.g., Voight et al., 1999].

5. Conclusions

By deforming silicic melts with 20–30 vol% H2O bub-
bles and 0 to 50 vol% crystals at magmatic tem-
peratures (650–750 °C) and low confining pressures
(50 MPa), we highlighted that:

• Torsion experiments using three-phase
(bubbles, crystals, and melt) suspensions
are valuable analogues to shear initiation
in moderately-porous aphyric to crystal-
bearing silicic magmas at shallow depth,
such as in lava domes or upper conduits.

• Bubble connectivity linearly increases with
crystal content.

• Increasing strain from γ = 0 to 2 in crystal-
bearing magmas drastically increases the
heterogeneity in bubble spatial distribution,
by concentrating pores in shear zones.

• Crystal-rich magmas develop gas perme-
ability via a process of channelling in shear
zones, even at moderate porosities (20–
30 vol%) and low strains (γ< 2).

• Natural crystal-rich magmas stalling in up-
per conduits or lava domes are thus likely
permeable, so that violent dome explosions
into devastating surges require additional
mechanisms of gas pressurisation in shallow
crystal-rich magmas.
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Abstract. Identifying precursory phenomena is central to the short-range assessment and anticipa-
tion of volcanic hazards. The chemistry of gases, which may separate from magma at depth, is oper-
ationally monitored at many volcanoes worldwide to manage risk. However, owing to the complexity
of volcanic degassing, decoding the message of gas geochemistry has proven challenging. Here, we re-
port an approach to restoration of measured volcanic gas compositions that enables tracking of vari-
ations in the temperature and/or oxidation state of the source magma. We validate the approach with
reference to independent estimates of melt oxidation state obtained by X-ray absorption near-edge
structure (XANES) spectroscopy at the iron K-edge. We then apply the method to a global database
of high temperature volcanic gases and to extended gas geochemical timeseries at Unzen, Aso, and
Asama volcanoes, identifying hitherto unreported but significant changes in magma intensive param-
eters that preceded or accompanied changes in volcanic activity. Restoration of volcanic gas compo-
sitions offers a promising complement to monitoring strategies at active volcanoes, calling for more
systematic operational surveillance of redox-sensitive gas species.

Keywords. Oxygen fugacity, Volcanic degassing, Volcanic gases, Redox, Volcano monitoring, Gas
geochemistry.
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1. Introduction

Volcanic gas measurements have been made for
decades but their interpretation remains challeng-
ing. This challenge is particularly acute when gas
observations and monitoring are applied to hazard
assessment. The complexity arises from the multiple
chemical and physical processes that can influence
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gas flux, atomic and molecular composition, and iso-
topic signature measured at the surface. These in-
clude processes occurring within stored or migrat-
ing magma (e.g., exsolution, gas separation which
depends on pressure, temperature, melt composi-
tion, and magma permeability and ascent rate, etc.),
within fracture networks in solid rock through which
gases pass (e.g., gas–rock interaction, cooling and re-
equilibration), and in mixing with other fluids (in-
cluding hydrothermal fluids and air).

Increasingly systematic work on gas geochemistry
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began in the late 1950s to 1960s [Ellis, 1957, Mat-
suo, 1962]. In the 1980s and 1990s, several studies
looked at the composition of volcanic gases collected
at varying vent temperatures to identify process con-
trolling their oxidation state. For instance, Giggen-
bach [1987] analysed fumarolic emissions (tempera-
tures from 106 °C to 760 °C) at Whakaari/White Island
(New Zealand). For high temperature gases, he iden-
tified three degassing scenarios: “A1”, “A2” and “A3”
[see Figure 16 in Giggenbach, 1987]. Scenario A1 in-
volves direct rise of the gas phase to the surface with-
out internal equilibration or equilibration with the
vent system. In scenario A2, the gas maintains equi-
librium with the magma throughout ascent, the oxi-
dation state of the gas being buffered by and equal to
that of the magma, while in A3, a “fluid-dominated”
regime, gas oxidation state is largely controlled by in-
ternal equilibrium (though in Giggenbach 1987’s de-
scription of the process, the gas could still exchange
chemically with, and reduce, a stagnant melt).

Gerlach [1993] measured a series of high tem-
perature volcanic gases with apparent equilibrium
temperatures (AET) ranging from 935 °C to 1185 °C
[see Ellis, 1957, Matsuo, 1962, Heald et al., 1963 for
earliest definitions of AET], collected from fissures
and lava flow skylights during the Pu‘u ‘Ō‘ō eruption
of Kı̄lauea. He found that the gas oxidation states
(termed as, “apparent oxidation state” or AOS) plot-
ted mostly parallel to rock redox buffers [see Figure 5
in Gerlach, 1993] and argued that redox equilibrium
between the rock/magma and gas was maintained
during cooling with buffering effective from molten
to subsolidus conditions. This interpretation corre-
sponds to scenario A2 of Giggenbach [1987] and is
consistent with data and arguments of Allard et al.
[1977] at Erta Ale, where they found the oxidation
state of high temperature (1130 °C) volcanic gases to
indicate equilibrium with the basaltic magma.

Shinohara et al. [1993] and Ohba et al. [1994]
reported comparable studies of high temperature
gases emitted from Satsuma-Iwojima and Unzen
volcanoes, respectively. They concluded that
addition of external water might play a role but
found that temperature-oxygen fugacity (T – f O2)
relationships could be explained by the equilibrium:

SO2 +3H2 = H2S+2H2O (1)

This corresponds to an internal re-equilibration of
the gas phase, essentially Giggenbach’s scenario A3.

Internal re-equilibration appears (though they do not
make this explicit) also to be the process favoured
by Menyailov et al. [1986], who measured 740 °C to
895 °C emissions from Momotombo between 1974
and 1984. They found the oxidation state of hotter
gases to be closer to the quartz-fayalite-magnetite
(QFM) buffer while that for cooler gases to be closer
to the nickel–nickel oxide (NNO) buffer.

In the following decades, the view that the ox-
idation state of volcanic gases is buffered by the
magma/rock during ascent and cooling (scenario A2)
became generally accepted, exemplified by the wide-
ranging synthesis of Symonds et al. [1994], who con-
cluded that “lavas buffer f O2 in high temperature
volcanic gases”.

More recently, Oppenheimer et al. [2018] argued
that large variation in gas composition during de-
gassing at the Kilauea lava lake over a 850 °C to
1110 °C range in AET could be explained by closed
system, gas-only cooling and re-equilibration [see
Figure 3 in Oppenheimer et al., 2018]. Compiling a
global database of high temperature (T ≥ 600 °C) vol-
canic gases, Moussallam et al. [2019b] explained the
T – f O2 trend of the entire database by closed sys-
tem, gas-only cooling and internal re-equilibration
according to equilibrium (1) [see Figure 4A in Mous-
sallam et al., 2019b]. Both studies argue for the
role of scenario A3 in explaining volcanic gas chem-
istry and confirm that emissions quench with negli-
gible oxidation in air [e.g., Aiuppa et al., 2007, Mar-
tin et al., 2009], such that they preserve a signature of
the original magmatic gas modified only by internal
re-equilibration during cooling.

Here, we develop the application of these findings
for interpretation of redox-sensitive species mea-
sured in high-temperature volcanic emissions. Tak-
ing the assumption that emitted gases cool from
magmatic temperature following separation from
their source melts, we explore estimation of ei-
ther T or f O2 when finally in equilibrium with the
magma. As the system is underdetermined, a further
assumption of either the degree of gas cooling, or the
magma oxidation state, is however necessary. We test
the approach by comparing our results with indepen-
dent determinations of melt oxidation state, before
applying it to analysis of multiyear datasets of gas
emissions from Uzen, Aso and Asama volcanoes and
to a global database of volcanic gas observations.
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2. Methodology

We used the global dataset of high temperature vol-
canic gases compiled by Moussallam et al. [2019b],
supplemented with recently available data (Table
S1). The dataset is limited to high temperature
(>500 °C) gases, for which gas–rock or gas–fluid
interactions are minimal [e.g., Giggenbach, 1996,
Symonds et al., 2001]. To quantify the cooling of vol-
canic gases between their escape from the melt and
their last retained equilibrium temperature, we ex-
tended the compilation of Moussallam et al. [2019b],
collecting melt temperature estimates from exist-
ing literature, mostly from petrological studies (i.e.,
geothermometry). In cases where such data were
unavailable (the case for ten of the 37 volcanoes),
we estimated melt temperature from reported bulk
composition. The difference between estimated melt
temperature and measured (or calculated) gas emis-
sion (or apparent equilibrium) temperature yields
the amount of closed system cooling experienced
by the gas. Using the reported gas composition as
starting conditions, we restored each to its values
at melt temperature by solving equilibrium (1) at 1
bar using thermodynamic parameters given in Ohba
et al. [1994] for the temperature-dependent equilib-
rium constant (K ) and recalculating the gas composi-
tion such that K (T ) = log(X−1

SO2
X−3

H2
XH2SX2

H2O)−log(P ),
where Xi represents the mole fraction of component
i , subject to the constraints, that the amounts of O, H
and S in the gas mixture remain constant.

2.1. Example of restoration calculation

In this section, we elaborate the calculation method
used in this study through a worked example. We
take the case of volcanic gases measured in 1994 from
the then active lava dome of Merapi volcano (Indone-
sia), in the course of the fifth International Associ-
ation of Volcanology and Chemistry gas workshop
[Giggenbach et al., 2001]. Gases were collected

directly at the vent (Gendol fumarole) and had an
exit temperature of 803 °C. Proportions (median of
six analyses) of H2O, CO2, SO2, CO, H2S and H2 gases
were found to be 88.7, 5.56, 0.98, 0.0235, 0.13 and
0.5 mol%, respectively [Giggenbach et al., 2001]. This
gas analysis was employed also by Moussallam et al.
[2019b, see methodology section] to illustrate the cal-
culation of the AET and AOS. We pick up from this
point to demonstrate restoration of either (i) the ox-
idation state at equilibrium with the magma if the
magmatic temperature is known or (ii) the temper-
ature at equilibrium with the magma if the magma
oxidation state is known.

Costa et al. [2013] estimated temperatures for the
Merapi magma of 900 to 1000 °C based on amphi-
bole thermobarometry in products of the 2006 and
2010 eruptions. We use the median temperature of
950 °C as the magmatic temperature (Tmag) in this
example. The AET of the Merapi gas mixture mea-
sured by Giggenbach et al. [2001] can be calculated by
the H2/H2O and H2S/SO2 method, yielding an AET
of 849 °C, or by the H2S/SO2 and CO/CO2 method,
yielding an AET of 790 °C [see Moussallam et al.,
2019b for step-by-step calculation]. Since in this ex-
ample the exit temperature (803 °C) was measured
directly by thermocouple by Giggenbach et al. [2001]
we use this value as the starting equilibrium tem-
perature of the gas mixture. To calculate the AOS,
we can use either the H2S/SO2 and T method, yield-
ing an AOS of log f O2 of −13.75 or the H2/H2O and
T method yielding an AOS of log f O2 of −14.02 [see
Moussallam et al., 2019b, for step-by-step calcula-
tion]. We use the second estimate in this example,
which corresponds to QFM+0.6. Now that the start-
ing (AET and AOS) and final (Tmag) conditions are de-
fined, we can proceed with the calculation.

The equilibrium constant (K ) of reaction (1)
(SO2 + 3H2 = H2S + 2H2O) can be written (assum-
ing all fugacity coefficients are (1) as logK1(T ) =
log(X−1

SO2
X−3

H2
XH2SX2

H2O)− log(P ), where Xi represents
the mole fraction of component i . The equi-
librium constant can also be written as logK2 =
A + BT −2 +C T −1 + DT + E lnT , where A, B , C , D ,
and E are constants with values of 8.5667, −29,743,
10,449, 0.00047814 and −1.7784, respectively [taken
from Ohba et al., 1994 who obtained them from
thermodynamic data at 1 bar in the NIST data-
base of Chase, 1998]. K2 can be calculated at any
temperature. The problem is then to find XSO2 ,



74 Yves Moussallam et al.

XH2 , XH2S, and XH2O, at any temperature of inter-
est such that K1 = K2. Because there are four un-
knowns, the solution isn’t unique. However, we
can assume the gas composition in terms of atomic
(O, H and S) species as constant. We can then use
a solver to find the values of XSO2 , XH2 , XH2S, and
XH2O that satisfies all the constraints and then from
those, calculate an AOS at the temperature of in-
terest. For the Merapi 1994 case, the initial XSO2 ,
XH2 , XH2S, and XH2O values are 0.0102, 0.0052, 0.0013
and 0.9191, respectively, at an AET of 803 °C (AOS of
log f O2 = −14.02 = QFM+ 0.6). At a Tmag of 950 °C,
a solution to K1 = K2 at fixed O, H and S species
gives values of 0.0104, 0.0094, 0.0011 and 0.9151 for
XSO2 , XH2 , XH2S, and XH2O, respectively. This solution
corresponds to an AOS at magmatic temperature of
log f O2 =−11.81 = QFM+0.1.

The same procedure can be applied in the case
where Tmag is unknown but the gas oxidation state
at equilibrium with the melt (i.e., the melt oxidation
state) is known. The calculations are performed start-
ing at the initial AET and by increasing T incremen-
tally until the AOS matches the target value. This
value represents the temperature at equilibrium with
the magma.

All results presented in this study were performed
at a fixed pressure of 1 bar. While this is a simpli-
fication, we note that these types of calculations re-
produce the variability found in natural observations
extremely well, both in global compilations [Mous-
sallam et al., 2019b] and for individual volcanoes
[Oppenheimer et al., 2018]. We stress that the ap-
plication of the method is limited to high tempera-
ture (>500 °C) magmatic gases for which gas–rock or
gas–fluid interactions are minimal [e.g., Giggenbach,
1996, Symonds et al., 2001].

3. Results

Initial conditions and final calculations are reported
in Table S2. Figure 1 shows the oxidation state of vol-
canic gases from our global database plotted against
the estimated closed system cooling they have expe-
rienced. The dataset shows a clear global trend to-
wards oxidation of the gases as a function of cool-
ing, as reported by Moussallam et al. [2019b]. Fig-
ure 1 shows the restorations of the oxidation state
of each volcanic gas along individual cooling paths,
back to magmatic temperatures. While original gas

oxidation states vary by five log units (from log f O2 =
QFM + 4.1 to QFM − 0.9), restored oxidation states
at magmatic temperature vary within two log units
(from log f O2 = QFM+0.7 to QFM−1.1). Arc magmas
are represented with a near normal distribution with
an average of log f O2 = QFM+0.0 and standard devi-
ation of ±0.3 (the median is also QFM). This is some-
what more reduced than suggested by petrological
estimates, being closer to inferred arc mantle con-
ditions (see compilation in Matjuschkin et al. [2016]
and their Figure 1), possibly reflecting changes in ox-
idation state on decompression [e.g., Burgisser and
Scaillet, 2007]. Intraplate magmas are poorly repre-
sented in our database but tend to be more reduced,
with an average of QFM−0.5 log units.

4. Discussion

4.1. Method validation

To test the validity of the approach and the under-
lying assumptions, we compare the restored oxida-
tion state of volcanic gases at magmatic tempera-
ture to independent determinations of melt oxida-
tion state by X-ray absorption near-edge structure
(XANES) spectroscopy at the iron K -edge. Iron K -
edge XANES in silicate glasses is a synchrotron-based
technique used for the determination of the rela-
tive proportions of ferric (Fe3+) and ferrous (Fe2+)
iron. The small (typically 2 to 10 µm) beam size
achievable allows measurements of melt inclusions
and matrix glasses that can be converted to oxygen
fugacity ( f O2) using the equation provided by Kress
and Carmichael [1991] [full method detailed in Rose-
Koga et al., 2021]. Since melt oxidation state varies
with differentiation [e.g., Kelley and Cottrell, 2012]
and degassing [e.g., Moussallam et al., 2014, 2016,
2019a], measurements must pertain to the time pe-
riod when gas observations were made. We iden-
tified suitable measurements for four volcanoes: (i)
Erta Ale, where gas measurements were made in
January 2011 [Zelenski et al., 2013], and Novem-
ber 2010 scoriae were analysed by XANES [de Moor
et al., 2013]. (ii) Etna, where gas measurements
from 2009 at the Voragine and Bocca Nuova craters
[Aiuppa et al., 2011] are compatible with 2002–2013
tephra investigated by XANES [Gennaro et al., 2020].
(iii) Kı̄lauea, where gas measurements in 2013 [Op-
penheimer et al., 2018] are comparable in timing with
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Figure 1. Oxidation state of volcanic gases (expressed as deviation from the QFM buffer) as a function
of the difference between AET and the temperature of the associated melt. Lines show the results of
recalculating the oxidation state of each gas composition back to its magmatic temperature. Upper left
inset: non-stacked histogram showing the frequency of oxidation states (expressed as deviation from
the QFM buffer) of arc and intraplate melts calculated by restoring volcanic gas compositions to their
magmatic temperature.

2008 and 2010 tephra measured by XANES [Moussal-
lam et al., 2016]. (iv) Surtsey, where gases collected
in 1965 [Sigvaldason and Elísson, 1968] [summarised
in Gerlach, 1980] can be compared with XANES mea-
surements of tephra erupted between 1963 and 1966
[Schipper and Moussallam, 2017].

The results are shown in Figure 2. Three of the four
volcanoes investigated lie within one standard devia-
tion of the 1:1 line. Gas and melt oxidation state data
from Surtsey, however, differ by 0.4 log f O2 units. In
this case, the gas data were collected at 1125 °C, close
to the estimated magmatic temperature of 1160 °C,
so our calculations only slightly shifted the AOS. The
broad agreement between restored oxidation state of
volcanic gases at magmatic temperature and inde-
pendently constrained melt oxidation state provides
a first order corroboration of our approach. We note
that there is no correlation between the oxidation

state of restored volcanic gases and melt temperature
(Figure S1).

4.2. Monitoring magma oxidation state and/or
temperature at active volcanoes

To explore the application of the method, we apply it
to three sets of observations from different volcanoes
in Japan. In each case, the four species in equilibrium
(1) were monitored in high-temperature gas emis-
sions for extended periods. The first case pertains to
two fumaroles, 20 m apart, on an active lava dome
at Mt Unzen [Ohba et al., 2008], and for which the
gas observations can be evaluated in the context of
detailed petrological information. The gases, whose
exit temperatures differed, were sampled six times
between May 1992 and October 1993. Unzen erupted
900 °C dacitic magmas generated from mixing of
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Figure 2. Restored oxidation state of volcanic gases (expressed as deviation from the QFM buffer) at
magmatic temperature compared to oxidation state of corresponding melts measured by XANES on melt
inclusions and matrix glasses. Gas measurements from Etna, Erta Ale, Kı̄lauea and Surtsey are from
Aiuppa et al. [2011], Zelenski et al. [2013], Oppenheimer et al. [2018], and Sigvaldason and Elísson [1968]
[as reported in Gerlach, 1980] respectively. XANES measurements are from de Moor et al. [2013], Gennaro
et al. [2020], Moussallam et al. [2016], and Schipper and Moussallam [2017] respectively. Symbols are
average values, error bars represent one standard deviation on the set of measurements used to calculate
each average. Unfilled symbols show gas AOS prior to restoration.

andesite (1030 °C) and rhyodacite (800 °C) endmem-
bers [Venezky and Rutherford, 1999]. While the AOS
and AET of the gases varied widely (from QFM+ 0.2
to QFM + 3.2 log units, and from 469 to 878 °C, re-
spectively), once restored to a magmatic temperature
of 900 °C, all measurements converge at log f O2 =
QFM+ 0.03 with a standard deviation of ±0.04 (Fig-
ure 3A).

If we restore the gas measurements to a fixed
f O2 (log f O2 = QFM + 0.03), then we can calculate
temperature variations. These suggest an increase
in Tmag of around 30 °C from May 1992 to February
1993, consistent with a decrease of around 0.7 wt%
SiO2 in the erupted dacite (implying augmentation
of the andesitic component) [Nakada and Motomura,
1999]. A subsequent decrease in calculated melt tem-
perature in October 1993 mirrors a trend of increas-
ing silicate content (Figure 3B). This interpretation

is compatible with FeTi-oxide evidence, which sug-
gests a groundmass temperature variation of 100 °C
spanning the 1991–95 eruption and an overall 2 wt%
variation in bulk SiO2 content [Nakada and Moto-
mura, 1999]. In the Unzen case, temporal variations
in the restored syn-eruptive gases are minor, mirror-
ing equally limited changes in the erupted magma.
In the following case studies, restored gases record
much larger variations.

The second case is that of Aso volcano spanning
from 2003 until an eruption on 25 November 2014.
We restored the data for gas emissions from Nakade
crater [Shinohara et al., 2018] back to a magmatic
temperature of 1067 °C, the median value estimated
for erupted lava in 2014 [Saito et al., 2018; Figure 4A].
Assuming constant temperature, the computed melt
oxidation state changed significantly in early 2012 to
2013 (Figure 5A). Until early 2012, the calculated melt
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Figure 3. (A) Oxidation state of volcanic gases emitted at Unzen volcano (expressed as deviation from the
QFM buffer) as a function of the difference between AET (apparent equilibrium temperature) and melt
temperature. Lines show the results of recalculating the oxidation state of each gas composition back
to its magmatic temperature. Starting conditions take gas compositions from direct sampling of two
fumaroles from the active lava dome at Unzen between 1992 and 1993 [Ohba et al., 2008]. (B) Evolution
of the melt temperature at Unzen calculated from restored gas composition assuming a fixed melt
oxidation state of log f O2 = QFM+ 0.03 compared with bulk rock composition (in SiO2 content) of the
extruded dacitic dome lava [black crosses, from Nakada and Motomura, 1999]. Light grey shaded regions
correspond to the period from May 1992 to February 1993 discussed in text.

oxidation state varies from QFM + 0.1 to QFM − 0.3
log units (average of QFM− 0.1 and standard devia-
tion of 0.1). From 2012 to 2014, the calculated melt
oxidation state varies from QFM − 0.3 to QFM − 0.6
log units (average of QFM − 0.4 and standard de-
viation of 0.05). Alternatively, if we fix the melt

oxidation state (e.g., at QFM), we can compute melt
temperature (Figure 5B). Under this assumption,
prior to 2012, the calculated melt temperature varies
from 991 to 1094 °C (average of 1041 ± 32 °C), while
between 2012 and 2014, it varies from 948 to 980 °C
(average of 963 ± 11 °C).



78 Yves Moussallam et al.

Figure 4. Oxidation state of volcanic gases emitted by Aso (A) and Asama (B) volcanoes (expressed as
deviation from the QFM buffer) as a function of the difference between AET (apparent equilibrium
temperature) and melt temperature. Lines show the results of recalculating the oxidation state of each gas
composition back to its magmatic temperature, solving for the reaction SO2 +3H2 = H2S+2H2O at 1 bar
using thermodynamic parameters in Ohba et al. [1994]. Starting conditions for Aso take gas compositions
reported by Shinohara et al. [2018] for fumaroles gases measured by MultiGAS prior to the 25 November
2014 eruption. Starting conditions for Asama use gas compositions reported by Shinohara et al. [2015].
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Figure 5. Evolution of the melt conditions at Aso volcano calculated from restored gas composition assuming
(A) a fixed melt temperature of 1067 °C and (B) a fixed melt oxidation state of log f O2 = QFM+0.0. SO2 emission
rate measurements in A and B (black crosses) are calendar-year averages OMI data from Carn et al. [2017]
plotted mid-year. (C–G) Evolution of the apparent equilibrium temperature (AET), CO2/SO2 ratio, apparent
oxidation state (AOS), SO2/H2S and H2O/H2 ratios from the original gas measurements [Shinohara et al., 2018].
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Figure 6. Caption continued on next page.



Yves Moussallam et al. 81

Figure 6. (cont.) Evolution of the melt conditions at Asama volcano calculated from restored gas
composition assuming (A) a fixed melt temperature of 1050 °C and (B) a fixed melt oxidation state of
log f O2 = QFM+0.0. SO2 flux measurements in (A) and (B) (black crosses) are from Ohwada et al. [2013]
(C–G). Evolution of the apparent equilibrium temperature (AET) and CO2/SO2 ratio, apparent oxidation
state (AOS), SO2/H2S and H2O/H2 ratios from the original gas measurements [Shinohara et al., 2015].
Light grey shaded regions correspond to periods of stronger degassing [Ohwada et al., 2013, Shinohara
et al., 2015].

The apparent change in intensive conditions of
the magma in 2012–2013 that we reveal might, with
hindsight, be viewed an eruption precursor. It pre-
cedes a falling lake level in late 2013 [Shinohara et al.,
2018], and the opening of a new vent in January 2014
[Ichimura et al., 2018], which was accompanied by a
three-fold increase in SO2 emission rates (Figure 5A
and B) and an abrupt increase in seismicity in late
August 2014 [Sandanbata et al., 2015]. We note that
the unrestored data for 2012–2014 show no system-
atic excursions from baseline levels spanning the pe-
riod 2006 to 2011, neither in major gas ratios such as
CO2/SO2, H2O/H2, SO2/H2S nor in AET or AOS (Fig-
ure 5C–G).

The cooling inferred by calculations at fixed re-
dox state could signify ascent and cooling of magma
at shallow levels. Conversely, a reduction in melt
oxidation state prior to eruption (for the fixed tem-
perature calculations) could indicate reduction due
to sulphur degassing on magma ascent [e.g., Ander-
son and Wright, 1972, Métrich et al., 2009, Mous-
sallam et al., 2014, 2016, 2019a]. A combination of
cooling and reduction is likely but cannot be disam-
biguated with the available gas data. We stress, how-
ever, that the gas restoration provides a unique lo-
cus for T – f O2, in which temporal trends are evident
(Figure 4). Petrological study of products of the 2014
eruption [Saito et al., 2018; using the melt, olivine–
liquid, plagioclase–liquid and clinopyroxene–liquid
geothermometers of Putirka, 2008] indicate a melt
temperature of 1042–1092 °C, with melt inclusion
compositions comparable to that of the ground-
mass and recording estimated temperatures of 1027–
1081 °C.

Our third case pertains to Asama volcano span-
ning from 2004 to 2014, during which there were two
periods of strong degassing and increased seismic-
ity accompanying minor eruptions [Shinohara et al.,
2015]. Asama gases were restored back to a magmatic
temperature of 1050 °C, based on estimates made for

eruptions in 2004 [Shimano et al., 2005]. This im-
plies significant variation in melt oxidation state be-
tween QFM−0.4 and QFM+0.5 log units over the ob-
servation period (Figure 6A). Alternatively, fixing the
melt oxidation state (at QFM) suggests substantial
melt temperature variation between 955 and 1240 °C
(Figure 6B). The trends in changing magmatic condi-
tions show some correspondence with variations in
gas emission rates (Figure 6A,B), with the two spikes
in melt temperature and/or oxidized conditions co-
inciding with the two periods of stronger gas emis-
sion and minor explosions (whose ejecta, at least in
2009, include only traces of juvenile material [Maeno
et al., 2010]).

Closer inspection suggests the elevated SO2 emis-
sions preceded changes in magmatic conditions
whose relative variations more closely mirror trends
in seismicity [see Figure 3b in Ohwada et al., 2013]. In
contrast, the unrestored gas data show no systematic
variations during, or prior to the periods of enhanced
activity, neither in major gas ratios such as CO2/SO2,
H2O/H2, SO2/H2S nor in AET or AOS (Figure 6C–G).
Again, it is impossible to disambiguate changes in
magma temperature from changes in oxidation state
with the available data but the large variations evi-
dent in the end-member scenarios suggest a com-
bination of the two processes since temperatures of
1240 °C are excessive, as are variations of melt oxida-
tion state of nearly one log unit in f O2 within a year.
The spikes in both parameters may indicate episodic
supply of hotter and more oxidised magma to a rel-
atively small magma chamber unable to buffer the
changes rapidly.

5. Conclusion

We have restored the composition of high temper-
ature volcanic gases, drawing from published data,
back to their magmatic temperature. We found
that our restored gas oxidation states at magmatic
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temperature are consistent with the oxidation state
of corresponding melts, where measured indepen-
dently. We applied the restoration procedure to a
global database of volcanic gases and found that the
wide variation in oxygen fugacity indicated in the
original dataset is greatly lessened when gases are re-
stored to magmatic temperature. The oxidation state
of arc magmas that we calculate from restored gas
measurements shows a normal distribution centred
on log f O2 = QFM+0.0±0.3.

Our gas restoration approach further opens up
the potential for applying gas monitoring data to
track changes in magma oxidation states in real
time if magma temperature is known, or to track
changes in magma temperatures if magma oxida-
tion state is known. Our reassessments of Un-
zen, Aso and Asama datasets suggest the potential
to monitor, and sometimes discriminate between
(given independent constraints) these parameters.
We suggest that the operational application of the ap-
proach can complement monitoring and hazard as-
sessment, revealing variations not evident from raw
geochemical data and which may relate to critical
processes known to drive abrupt changes in surface
activity (including magma ascent and magma mix-
ing). This requires careful attention to measurements
of redox-sensitive gas species, which can be achieved
using combinations of electrochemical sensors and
spectrometric techniques.

Conflicts of interest

Authors have no conflict of interest to declare.

Acknowledgements

CO receives support from NERC (UKRI) under High-
light Topic “V-PLUS”. BS acknowledges support from
both LabEx VOLTAIRE (LABX-100-01) and EquipEx
PLANEX (ANR-11-EQPX-0036) projects. We are
grateful to Giovanni Chiodini for his review of an ear-
lier version of this manuscript and to an anonymous
reviewer.

Supplementary data

Supporting information for this article is available on
the journal’s website under https://doi.org/10.5802/
crgeos.158 or from the author.

References

Aiuppa, A., Franco, A., Glasow, R. V., Allen, A. G.,
D’Alessandro, W., and Mather, T. A. (2007). The tro-
pospheric processing of acidic gases and hydrogen
sulphide in volcanic gas plumes as inferred from
field and model investigations. Atmospheric Chem.
Phys., 7, 1441–1450.

Aiuppa, A., Shinohara, H., Tamburello, G., Giudice,
G., Liuzzo, M., and Moretti, R. (2011). Hydrogen
in the gas plume of an open-vent volcano, Mount
Etna, Italy. J. Geophys. Res., 116, article no. B10204.

Allard, P., Le Guern, F., and Sabroux, J. C. (1977).
Thermodynamic and isotopic studies in eruptive
gases. Geothermics, 5, 37–40.

Anderson, A. T. and Wright, R. (1972). Phenocrysts
and glass inclusions and their bearing on oxidation
and mixing of basaltic magmas, Kilauea Volcano,
Hawaii. Am. Mineral., 57, 188–216.

Burgisser, A. and Scaillet, B. (2007). Redox evolution
of a degassing magma rising to the surface. Nature,
445, 194–197.

Carn, S. A., Fioletov, V. E., McLinden, C. A., Li, C., and
Krotkov, N. A. (2017). A decade of global volcanic
SO2 emissions measured from space. Sci. Rep., 7,
article no. 44095.

Chase, M. W. (1998). NIST-JANAF Thermochemical
Tables. American Chemical Society; American In-
stitute of Physics for the National Institute of Stan-
dards and Technology, Washington, DC; Wood-
bury, NY.

Costa, F., Andreastuti, S., Bouvet de Maisonneuve, C.,
and Pallister, J. S. (2013). Petrological insights into
the storage conditions, and magmatic processes
that yielded the centennial 2010 Merapi explosive
eruption. J. Volcanol. Geotherm. Res., 261, 209–235.
Merapi eruption.

de Moor, J. M., Fischer, T. P., Sharp, Z. D., King, P. L.,
Wilke, M., Botcharnikov, R. E., Cottrell, E., Zelen-
ski, M., Marty, B., Klimm, K., Rivard, C., Ayalew,
D., Ramirez, C., and Kelley, K. A. (2013). Sul-
fur degassing at Erta Ale (Ethiopia) and Masaya
(Nicaragua) volcanoes: Implications for degassing
processes and oxygen fugacities of basaltic sys-
tems. Geochem. Geophys. Geosyst., 14, 4076–4108.

Ellis, A. J. (1957). Chemical equilibrium in magmatic
gases. Am. J. Sci., 255, 416–431.

Gennaro, E., Paonita, A., Iacono-Marziano, G., Mous-
sallam, Y., Pichavant, M., Peters, N., and Martel, C.

https://doi.org/10.5802/crgeos.158
https://doi.org/10.5802/crgeos.158


Yves Moussallam et al. 83

(2020). Sulphur behaviour and redox conditions in
Etnean magmas during magma differentiation and
degassing. J. Petrol., 61, article no. egaa095.

Gerlach, T. M. (1980). Evaluation of volcanic gas
analysis from surtsey volcano, iceland 1964–1967.
J. Volcanol. Geotherm. Res., 8, 191–198.

Gerlach, T. M. (1993). Oxygen buffering of Kilauea
volcanic gases and the oxygen fugacity of Kilauea
basalt. Geochim. Cosmochim. Acta, 57, 795–814.

Giggenbach, W. F. (1987). Redox processes govern-
ing the chemistry of fumarolic gas discharges from
White Island, New Zealand. Appl. Geochem., 2,
143–161.

Giggenbach, W. F. (1996). Chemical composition of
volcanic gases. In Scarpa, R. and Tilling, R. I., ed-
itors, Monitoring and Mitigation of Volcano Haz-
ards, pages 202–226. Springer, Berlin, Heidelberg.

Giggenbach, W. F., Tedesco, D., Sulistiyo, Y., Caprai,
A., Cioni, R., Favara, R., Fischer, T. P., Hirabayashi,
J.-I., Korzhinsky, M., Martini, M., Menyailov, I., and
Shinohara, H. (2001). Evaluation of results from the
fourth and fifth IAVCEI field workshops on volcanic
gases, Vulcano island, Italy and Java, Indonesia. J.
Volcanol. Geotherm. Res., 108, 157–172.

Heald, E. F., Naughton, J. J., and Barnes, I. L. (1963).
The chemistry of volcanic gases: 2. Use of equilib-
rium calculations in the interpretation of volcanic
gas samples. J. Geophys. Res., 68, 545–557.

Ichimura, M., Yokoo, A., Kagiyama, T., Yoshikawa,
S., and Inoue, H. (2018). Temporal variation in
source location of continuous tremors before ash–
gas emissions in January 2014 at Aso volcano,
Japan. Earth Planets Space, 70, article no. 125.

Kelley, K. A. and Cottrell, E. (2012). The influence of
magmatic differentiation on the oxidation state of
Fe in a basaltic arc magma. Earth Planet. Sci. Lett.,
329–330, 109–121.

Kress, V. C. and Carmichael, I. S. E. (1991). The com-
pressibility of silicate liquids containing Fe2O3 and
the effect of composition, temperature, oxygen fu-
gacity and pressure on their redox states. Contrib.
Mineral. Petrol., 108, 82–92.

Maeno, F., Suzuki, Y., Nakada, S., Koyama, E., Kaneko,
T., Fujii, T., Miyamura, J., Onizawa, S., and Nagai,
M. (2010). Course and ejecta of the eruption of
Asama Volcano on 2 February 2009. Bull. Volcanol.
Soc. Jpn., 55, 147–154.

Martin, R. S., Roberts, T. J., Mather, T. A., and Pyle,
D. M. (2009). The implications of H2S and H2 ki-

netic stability in high-T mixtures of magmatic and
atmospheric gases for the production of oxidized
trace species (e.g., BrO and NOx). Chem. Geol., 263,
143–150.

Matjuschkin, V., Blundy, J. D., and Brooker, R. A.
(2016). The effect of pressure on sulphur specia-
tion in mid- to deep-crustal arc magmas and im-
plications for the formation of porphyry copper de-
posits. Contrib. Mineral. Petrol., 171, article no. 66.

Matsuo, S. (1962). Establishment of chemical equi-
librium in the volcanic gas obtained from the lava
lake of Kilauea, Hawaii. Bull. Volcanol., 24, 59–71.

Menyailov, I. A., Nikitina, L. P., Shapar, V. N., and
Pilipenko, V. P. (1986). Temperature increase and
chemical change of fumarolic gases at Momo-
tombo Volcano, Nicaragua, in 1982–1985: Are these
indicators of a possible eruption? J. Geophys. Res.
Solid Earth, 91, 12199–12214.

Métrich, N., Berry, A. J., O’Neill, H. St. C., and Susini,
J. (2009). The oxidation state of sulfur in synthetic
and natural glasses determined by X-ray absorp-
tion spectroscopy. Geochim. Cosmochim. Acta, 73,
2382–2399.

Moussallam, Y., Edmonds, M., Scaillet, B., Peters, N.,
Gennaro, E., Sides, I., and Oppenheimer, C. (2016).
The impact of degassing on the oxidation state of
basaltic magmas: A case study of Kīlauea volcano.
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Abstract. Hydrogen (H2) and hydrogen sulphide (H2S) are typically present at only minor to trace lev-
els in volcanic gas emissions, and yet they occupy a key role in volcanic degassing research in view of
the control they exert on volcanic gas reducing capacity (e.g., their ability to remove atmospheric O2).
In combination with other major compounds, H2 and H2S are also key to extracting information on
source magma conditions (temperature and redox) from observed magmatic gas compositions. Here,
we use a catalogue, compiled by extracting from the geological literature a selection of representative
analyses of magmatic to mixed (magmatic–hydrothermal) gases, to review the processes that control
H2 and H2S abundance in volcanic gases. We show that H2 concentrations and H2/H2O ratios in
volcanic gases both exhibit strong positive temperature dependences, while H2S concentrations and
H2S/SO2 ratios are temperature insensitive overall. The high H2 concentrations (and low H2S/SO2
compositions, of ∼0.1 on average) in high-temperature (>1000 °C) magmatic gases are overall consis-
tent with those predicted thermodynamically assuming external redox buffering operated by the co-
existing silicate melt, at oxygen fugacities ranging from ∆FMQ −1 to 0 (non-arc volcanoes) to ∆FMQ 0
to +2 (arc volcanoes) (where ∆FMQ is oxygen fugacity expresses as a log unit difference relative to the
Fayalite–Magnetite–Quartz oxygen fugacity buffer). Lower temperature (<1000 °C) volcanic gases ex-
hibit more oxidizing redox conditions (typically above the Nickel–Nickel Oxide buffer) that are caused
by a combination of (i) gas re-equilibration during closed-system (gas-phase only) adiabatic cooling
in a gas-buffered system, and (ii) heterogenous (gas–mineral) reactions. We show, in particular, that
gas-phase equilibrium in the H2–H2S–H2O–SO2 system is overall maintained upon cooling down to
∼600 °C, while quenching of higher temperature equilibria (at which Apparent Equilibrium Tempera-
tures, AETs, largely exceed measured discharge temperatures) is more frequently observed for higher
extents of cooling (e.g., at T < 600 °C). In such lower temperature volcanic environments, gas–mineral
reactions also become increasingly important, scavenging magmatic SO2 and converting it into H2S
and hydrothermal minerals (sulphates and sulphides). These heterogeneous reactions, when occur-
ring, can also control the temperature dependence of the volcanic gas H2/H2O ratios. Finally, by us-
ing our volcanic gas dataset in tandem with recently published global volcanic SO2 and CO2 budgets,
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we provide refined estimates for total H2S (median, 1.4 Tg/yr; range, 0.9–8.8 Tg/yr) and H2 (median,
0.23 Tg/yr; range, 0.06–1 Tg/yr) fluxes from global subaerial volcanism.

Keywords. Hydrogen, Hydrogen sulphide, Volcanic gases, Volcanic gas redox, Atmospheric fluxes.
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1. Introduction

At the relatively oxidised redox conditions of present
day Earth’s upper mantle [e.g., Frost and McCam-
mon, 2008, Stagno et al., 2013], the magmatic gas
phase delivered to the atmosphere by shallow de-
gassing, mantle-sourced magmas is dominated by
oxidised molecular combinations of the elements
H, C, O and S, e.g., by water (H2O) carbon dioxide
(CO2) and sulphur dioxide (SO2) [e.g., Gerlach and
Nordlie, 1975, Symonds et al., 1994, Giggenbach,
1996, Fischer and Chiodini, 2015]. However, volca-
noes also release a variety of reduced gas species
such as molecular hydrogen (H2) and hydrogen sul-
phide (H2S) that, while making up a relatively small
fraction of the magmatic gas phase, convey infor-
mation on a variety of magma-related topics and
processes [e.g., Moussallam et al., 2019b, Moretti and
Stefánsson, 2020]. For example, studying the release
of H2, H2S and other reduced gas species (e.g., car-
bon monoxide, CO) from modern subaerial volca-
noes helps setting constraints on the composition of
the early atmosphere in the Hadean and the Archean
[e.g., Kasting et al., 1993, Gaillard et al., 2015], and
to predict the temporal evolution and progressive
oxygenation of the atmosphere through geological
time [e.g., Holland, 2002, Gaillard et al., 2011, Gail-
lard and Scaillet, 2014]. Measuring H2 and H2S in
combination with their oxidised complements H2O
and SO2 brings information on the redox conditions
of magmatic gases [e.g., Ellis, 1957, Matsuo, 1962,
Gerlach, 1979, 1982, 1993a,b, Shinohara et al., 1993,
Ohba et al., 1994, Symonds et al., 1994, Burgisser and
Scaillet, 2007, Oppenheimer et al., 2018, Moussal-
lam et al., 2019b, 2022], and can potentially allow
constraining oxygen fugacity of the source magmas.
H2 and H2S in volcanic gases can also effectively
contribute to volcano monitoring [e.g., Kern et al.,
2022]. For example, H2S is a key component of the
hydrothermal gases released by quiescent, closed-
conduit volcanoes [e.g., Giggenbach, 1980], so that
monitoring the H2S/SO2 ratio is critical to detecting
(and interpreting) the magmatic unrest that proceeds
volcanic activity resumption [e.g., Surono et al., 2012,

Moussallam et al., 2014b, Stix and de Moor, 2018,
de Moor et al., 2019], and to distinguish internally
triggered (volcano-related) gas changes from those
caused by external factors (e.g., rainfall and/or wa-
ter level changes) [Moretti et al., 2020, Moune et al.,
2022]. A model for estimating magmatic variables
(temperature and redox) from the combined analysis
of H2S/SO2 and H2/H2O ratios in volcanic plumes
has recently been proposed that promises to become
a useful volcano monitoring tool [Moussallam et al.,
2022]. Volcano-released H2 and H2S are dispersed
into the atmosphere through volcanic plumes, where
concentrations at ppm levels are typically observed,
well in excess of those typical of ambient air [of re-
spectively ∼0.5 ppm and ∼0.1–0.3 ppb; Seinfeld and
Pandis, 2016]. Such in-plume H2 and H2S measure-
ments [e.g., Aiuppa et al., 2005, 2011] are useful to
interpreting reaction mechanisms and rates, and
ultimately lifetime of reduced compounds, during
oxidative atmospheric processing, both near-vent
[e.g., Martin et al., 2006, Roberts et al., 2019] and in
the colder, more distal plumes [e.g., Aiuppa et al.,
2007]. Although observations indicate H2 and H2S
are conserved during atmospheric dispersion over
short timescales (seconds to days) [e.g., Aiuppa et al.,
2007, 2011], these species are ultimately oxidised
directly (by molecular oxygen, O2) or indirectly (via
O2-derived radicals, such as hydroxyl radicals) dur-
ing longer atmospheric transit, thus controlling the
reducing power (e.g., the ability to act as atmospheric
O2 sinks) of volcanic gases [e.g., Stolper et al., 2021].

Despite their importance in such a variety of sub-
jects, and notwithstanding that excellent reviews
are available on magmatic and hydrothermal gases
in general [e.g., Giggenbach, 1980, 1996, Symonds
et al., 1994, Chiodini and Marini, 1998, Fischer and
Chiodini, 2015, Henley and Fischer, 2021], no spe-
cific study has so far been devoted to reviewing
abundance and source mechanisms of H2 and H2S
in volcanic gases. Also, estimates of global H2 and
H2S fluxes from subaerial volcanism remain subject
to large uncertainties, owing to the sparse and lim-
ited dataset existing. For example, although natural
(geogenic) H2 emissions have received increasing
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attention recently [e.g., Zgonnik, 2020], with Earth
degassing being though to sustain a cumulative
global H2 flux of 6 [Gilat and Vol, 2012] to 23 [Zgonnik,
2020] Tg/yr, there are only two studies in the liter-
ature that specifically address the quantification of
volcanic H2 emissions from two persistent active vol-
canoes [Etna in Sicily, ∼0.00065 Tg/yr; Aiuppa et al.,
2011; and Erebus in Antarctica, ∼0.001 Tg/yr; Mous-
sallam et al., 2012]. As such, current inventories of
volcanic H2 fluxes to the atmosphere [0.2 to 0.7 Tg/yr;
Warneck, 1988, Canfield et al., 2006, Stolper et al.,
2021] are subject to large uncertainties. Likewise, the
volcanogenic contribution to the global natural H2S
flux (∼7.7 Tg/yr) is similarly poorly understood, with
most estimates converging at ∼1 Tg/yr [see review by
Watts, 2000] but with total range being as large as 1
to 37 Tg/yr [Halmer et al., 2002].

Here, we review our current understanding of the
processes that govern H2 and H2S abundance in vol-
canic gases. To this aim, we present an updated vol-
canic gas composition catalogue that we have put
together from available literature information. We
also use this catalogue, in combination with recently
improved global volcanic SO2 and CO2 fluxes [Carn
et al., 2017, Aiuppa et al., 2019, Fischer et al., 2019],
to present an improved quantification of global vol-
canic H2 and H2S fluxes.

2. Dataset

We compiled a dataset of 747 gas analyses by com-
plementing recent [Aiuppa, 2015, Aiuppa et al., 2017,
Moussallam et al., 2019b, 2022] and older [Symonds
et al., 1994, Giggenbach, 1997] volcanic gas cata-
logues with newly published gas results. This dataset
is not exhaustive, e.g., it is not meant to cover the
entire mass of information present in the geological
literature. Yet, we are confident our dataset is well
representative of the compositional range of volcanic
gases globally (see below).

The full dataset is available as Supplementary Ta-
bles 1 and 2. The dataset includes data for both high
temperature (T > 600 °C; Supplementary Table 1)
magmatic gases and for lower temperature (T ≤
600 °C; Supplementary Table 2) mixed (magmatic–
hydrothermal) fluids. The 600 °C threshold, al-
though somewhat arbitrary, is justified by the statis-
tical distribution of the global volcanic arc gas pop-
ulation [Aiuppa et al., 2017], and is consistent with

the threshold used in similar recent studies [Mous-
sallam et al., 2019b, 2022]. Some hydrothermal (tem-
perature close to boiling) gas samples are also used
but are limited to those volcanoes that have recently
erupted and/or that have detectable SO2—this lat-
ter gas is typically absent in hydrothermal fluids
“strictu sensu”, that are covered by other reviews
[e.g., Giggenbach, 1980, 1987, Chiodini and Marini,
1998, Fischer and Chiodini, 2015, Stix and de Moor,
2018]. The dataset is further categorised depending
on tectonic setting in arc and non-arc volcanic gases,
the latter including gases released by intraplate and
continental rift volcanism [Aiuppa et al., 2021]. The
Etna magmatic gases are plotted separately in view
of the relatively enigmatic nature of volcanism at this
specific locality.

The dataset combines compositional data for
both fumaroles (Sample type “F” in Supplementary
Tables 1 and 2) and for atmospheric gas plumes
(Sample type “PL” in Supplementary Tables 1 and 2).
We refer to the original studies (data sources in Sup-
plementary Tables 1 and 2) for details on sampling
and analytical procedures. Broadly speaking how-
ever, fumarole data (F) have been obtained by direct
sampling (Sample Methodology “DS” in Supplemen-
tary Tables 1 and 2) [Symonds et al., 1994], in which
fumarolic effluents are captured in-pre-evacuated
gas flasks partially filled with a reactive solution [a
NaOH solution in most applications; Giggenbach,
1996]. Incondensable gases (like H2) are concen-
trated in the head space (later analysed in the lab.
via Gas Chromatography), while condensable gases
(such as H2S) trapped by the solution are analysed by
wet chemistry methods (typically by ion chromatog-
raphy). Uncertainty in DS-derived gas concentra-
tions is typically low (<5% in most studies). Plume
results (PL) are based on in-situ, near real-time gas
concentration measurements with the Multi-GAS
(Sample Methodology “MG” in Supplementary Ta-
bles 1 and 2), a widely used multi-sensor unit that
analyses H2 and H2S (among other species) with
specific electrochemical sensors [Aiuppa et al., 2005,
Shinohara, 2005]. In such a case, the Multi-GAS mea-
sured in-plume concentrations have been converted
in air-free gas concentrations listed in Supplemen-
tary Tables 1 and 2. Typical associated uncertainty is
≤15–20%.

It is important to remind that, where available,
magmatic gas compositions are reported in the form
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of “restored” magmatic gas compositions at equilib-
rium temperature (identified by Sample type “F, R”
in Supplementary Table 1). These restored gas com-
positions have been extracted mostly from Symonds
et al. [1994], and have been obtained by the authors
by applying (to measured fumarolic gas composi-
tions) the procedure introduced by Gerlach [1993a].
This numerical procedure (i) identifies the causes of
disequilibrium in volcanic gases (often due to sam-
pling/conservation artefacts; e.g., air addition and
oxidation), and (ii) iteratively removes the cause(s) of
disequilibrium until an restored equilibrium gas (at a
given equilibrium temperature) is obtained [Gerlach,
1993a, Symonds et al., 1994].

Our dataset, illustrated in a H2O/10–CO2–5·ST

space (where ST is total sulphur, or SO2 +H2S) (Fig-
ure 1), demonstrates the large heterogeneity of vol-
canic gas compositions found in previous inventories
[e.g., Symonds et al., 1994, Aiuppa, 2015], and repre-
sents well the well-established [e.g., Symonds et al.,
1994, Gerlach, 1982] chemical diversity between arc
and within-plate/rift magmatic gases, with the for-
mer being typically more hydrous [e.g., Fischer, 2008,
Taran and Zelenski, 2015] and the latter extremely
variable in terms of their CO2/ST signatures [e.g.,
Aiuppa et al., 2021]. The two magmatic gas popula-
tions exhibit some overlap, as previously found [e.g.,
Aiuppa, 2015]. The lower temperature (T ≤ 600 °C)
mixed gases are even more compositionally hetero-
geneous (Figure 1), and while many gas samples
overlap with the magmatic gas range, many others
plot in the CO2-rich, S-poor compositional domain
(top left portion of Figure 1), indicating some extent
of sulphur loss [scrubbing; Symonds et al., 2001] dur-
ing gas–water–rock hydrothermal interactions in the
subsurface [e.g., Aiuppa et al., 2017].

3. Results

3.1. Hydrogen and hydrogen sulphide
abundances in volcanic gases

H2 and H2S are usually minor (<1 mol%) to trace
(<0.1 mol%) components of volcanic gases [e.g.,
Giggenbach, 1996], although H2 concentrations ex-
ceeding 10 mol% have occasionally also been re-
ported [see review of Zgonnik, 2020] and H2S be-
comes increasingly important (e.g., a major species,
>1 mol%) in low temperature hydrothermal steam
samples [e.g., Giggenbach, 1980, 1997].

Figure 1. Triangular plots illustrating the com-
positional variability in the gas catalogue used
(data from Supplementary Tables 1 and 2).

In our volcanic gas catalogue, H2 and H2S concen-
trations span several orders of magnitude, from ultra-
trace (<10−6 mol%) to major (>1 mol%) levels (Sup-
plementary Tables 1 and 2). In Figures 2a and b, the
whole H2 and H2S concentration dataset (in mol%) is
illustrated as a function of measured gas outlet tem-
perature.

Figure 2a shows that volcanic gas H2 concen-
trations exhibit a marked temperature dependence,
particularly at T > 600 °C. H2 concentrations are the
highest (0.49–3.1% levels) in the hot (T > 1000 °C)
magmatic gases [Gerlach, 1979, 1980, 1982, 1993a,b,
Symonds et al., 1994] from within-plate (e.g., Ki-
lauea) and continental rift (e.g., Nyiragongo, Erta
Ale) volcanoes. In arc magmatic gases, H2 concen-
trations decrease with decreasing temperature, from
0.1–1.7 mol% at 800–1100 °C to 0.002–0.38 mol% at
∼600 °C. Etna’s magmatic gases plot at the bound-
ary between arc and non-arc gases (H2 range: 0.14–
2.1 mol%). The temperature dependence is more
scattered in mixed (magmatic–hydrothermal) gases,
in which H2 varies from as low as 4× 10−6 mol% to
as high as 0.867 mol%. Close-to-boiling fumaroles
(T < 100 °C) are especially diverse in their H2 con-
tents that span more than 5 orders of magnitude.

H2S concentrations show no obvious temperature
dependence in the global volcanic gas catalogue (Fig-
ure 2b). The H2S-richest samples are again found in
the “restored” magmatic gas analyses from within-
plate and continental rift volcanoes (H2S range: 0.04–
3.2 mol%; mean 0.9±0.55 mol%). The range of H2S
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Figure 2. Scatter plots illustrating the depen-
dence of (a) H2 and (b) H2S concentrations
on measured discharge temperature (data from
Supplementary Tables 1 and 2). Symbols as
in Figure 1. In this and following figures, er-
ror bars are not shown as smaller than the data
symbols.

concentrations in arc magmatic gases is vast, from
0.00016 to 3.3 mol%. The mean arc gas H2S con-
centration (0.25± 0.55 mol%) is lower than for non-
arc volcanic gases (0.9 ± 0.55 mol%), but given the
large spread of values the two populations are essen-
tially overlapping. Colder (T ≤ 600 °C) magmatic–
hydrothermal gases exhibit an even larger range of
values, including the lowest (0.000028 mol%) and
highest (14 mol%) values of the entire dataset. As for
arc magmatic gases, no obvious pattern with temper-
ature is observed (Figure 2a).

4. Discussion

4.1. Ratios between redox couples

A standard practise used when interpreting volcanic
gas H2 and H2S concentrations is to normalise them
to their oxidised counterparts H2O and SO2 [Ger-
lach, 1980, Giggenbach, 1996, 1987]. This practise de-
veloped on since early demonstrations [Ellis, 1957,

Matsuo, 1962] that high temperature volcanic gases
approach a state of thermodynamic equilibrium, in
which ratios between redox couples are controlled by
equilibria:

H2 + 1
2 O2 = H2O (1)

H2S+ 3
2 O2 = SO2 +H2O (2)

In a set of seminal articles, Gerlach and co-workers
[Gerlach, 1979, 1980, 1993a,b, Symonds et al., 1994]
confirmed that the assumption of “full” equilibrium
among all the different species in a volcanic gas
mixture holds at magmatic temperatures. A use-
ful concept introduced to test this full equilibrium
state hypothesis was that of the so-called Correspon-
dence Temperature (CT), the temperature at which
the measured (in a specific volcanic gas sample) and
equilibrium concentrations of a gas species match
one another. As the CTs of the different gas species
were found to converge to within a very narrow
range in many high temperature gas samples [Ger-
lach, 1979, 1980, 1993a,b], the full equilibrium hy-
pothesis could be proved.

However, as demonstrated in later work by
Giggenbach [1987, 1996], the full equilibrium as-
sumption is unlikely to hold in lower temperature gas
samples, where different extents of re-equilibrations
of the different redox couples (e.g., reactions (1)
and (2)), as well as admixing with external (meteoric,
atmospheric) fluids [Taran and Zelenski, 2015] and
reaction with wall-rocks [Henley and Seward, 2018,
Henley and Fischer, 2021], become likely eventual-
ities. In such conditions, a conservative approach
is to deal with specific redox reactions individually,
e.g., to use plots that compare, for each specific re-
dox couple, the analytically determined and equilib-
rium ratios. This approach, initially elaborated by
Giggenbach [1987, 1996] and Chiodini et al. [1993],
is followed below, where we update their results and
corroborate their conclusions using the more com-
plete, today available gas catalogue (Supplementary
Tables 1 and 2).

At discharge conditions (P = 1 bar), and at equilib-
rium, reactions (1) and (2) imply that ratios between
redox couples will exhibit the following dependences
on redox (as expressed by oxygen fugacity, f O2) and
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temperature (in K):

log
H2

H2O
=−12,707

T
+2.548− 1

2
log f O2 (3)

log
SO2

H2S
= 27,377

T
−3.986+ 3

2
log f O2 − log XH2O (4)

These equations are obtained by re-arranging the
equilibrium constants K1 and K2 of (1) and (2) [we use
thermodynamic data from Chase and National Insti-
tute of Standards and Technology (U.S.), 1998] and
assuming ideal gas behaviour (fugacity coefficients
γ= 1).

The presence of redox sensitive elements in ei-
ther the silicate melt/rock matrix (where iron is typ-
ically available in both +2 and +3 valence states) or
in the gas phase (where sulphur is present in suf-
ficient amounts in both −2 and +4 valence states)
has long been proposed [e.g., Giggenbach, 1987, Ger-
lach, 1993a] to act as a buffer for oxygen fugacity
in volcanic gases [see Moretti and Stefánsson, 2020,
Moretti, 2021, Moretti and Neuville, 2021, for exam-
ples of recent reviews]. Gerlach [1993a,b] proposed
that gas speciation in high temperature (>900 °C)
magmatic gases is buffered by equilibrium redox ex-
change between gas and coexisting silicate melt. The
same buffers can also operate at sub-solidus con-
ditions, e.g., if gas reacts and equilibrates with the
host rock matrix in which iron is present in miner-
als with two distinct oxidation states [e.g., Giggen-
bach, 1987]. It was however found that, in such lower
temperature conditions, the buffering role of sulphur
in the gas phase (where H2S and SO2 are simulta-
neously present) becomes increasingly effective [e.g.,
Giggenbach, 1987, 1996], although the competing
roles of homogeneous (gas-only) and heterogenous
(gas–mineral) reactions in controlling the volcanic
gas redox budget remained debated [e.g., Henley and
Fischer, 2021] (see below).

Irrespective of the buffering medium (either melt,
rock, or gas), f O2 in (3) and (4) can conveniently be
replaced by the temperature dependences imposed
by the redox buffers [e.g., Eugster, 1977, Frost, 1991,
see recent reviews by Cicconi et al. [2020], Moretti
and Neuville [2021]]. The predicted (3), mineral-
buffered or gas-(H2S/SO2) buffered, H2/H2O ratios
are graphically illustrated in Figure 3a. The same
mineral buffered SO2/H2S ratios are illustrated in
Figure 3b. These model trends implicate that, in
mineral-buffered conditions (e.g., when gas redox is
buffered by heterogeneous redox budget exchanges

with either the melt or the host rocks), H2 is ex-
pected to become increasingly abundant (relative
to H2O), and H2S increasingly depleted (relative to
SO2), with increasing temperature (Figure 3). At fixed
temperature, H2/H2O ratios are expected to decrease
(and SO2/H2S to increase) as redox evolves from
more reducing (e.g., redox buffered at the Fayalite–
Magnetite–Quartz (FMQ) mineral buffer) to more ox-
idised (as expressed by the hematite–magnetite (HM)
mineral buffer) conditions. Results of a comparison
between modelled and measured (volcanic gases) ra-
tios are summarised below (Figure 3).

4.1.1. High-temperature magmatic gases

The measured volcanic gas H2/H2O ratios, as de-
rived from the analytically determined gas concen-
trations, are illustrated in Figure 3a (and listed Sup-
plementary Tables 1 and 2). Comparison with mod-
elled compositions (see above) shows that the hot
(T > 900 °C) non-arc magmatic gases [Gerlach, 1980,
1993b, Symonds et al., 1994] have “restored” gas com-
positions that convert into H2/H2O (and SO2/H2S
ratios; see Figure 3b) overlapping those predicted at
equilibrium (3) and (4) in a melt-buffered gas system
at ∼FMQ, see Figures 3 and 4. As previously found
[Gerlach, 1980, 1993a,b] therefore, the H2 and H2S
contents of such gases appear to be controlled by
heterogeneous (melt–gas) redox exchanges. High
temperature (T > 900 °C) arc magmatic gases like-
wise approach the melt-buffered model lines, but the
majority of them plot at lower H2/H2O (and higher
SO2/H2S) ratios relative to non-arc magmatic gases,
close to the NNO (Nickel–Nickel-Oxide) mineral
buffer model line (Figure 3). This apparent more ox-
idised (lower H2/H2O ratios) signature of arc gases is
also well represented in Figure 4, and we will return
to this point in later sections (cf. Section 4.3).

4.1.2. Mixed magmatic–hydrothermal gases

Lower temperature magmatic gases (600 °C < T <
900 °C) and mixed (magmatic–hydrothermal) gases
(T < 600 °C) overall identify a compositional ten-
dency of decreasing H2/H2O ratios with decreasing
temperature (Figure 3a). This trend (qualitatively
identified by the grey shaded region of Figure 3a)
is manifestly steeper than the temperature depen-
dences imposed by any of the mineral f O2 buffers
(solid lines). Giggenbach [1987, 1996] took this as
evidence of a marginal (if any) control exercised by
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Figure 3. Temperature dependence of
(a) H2/H2O and (b) SO2/H2S molar ratios
in our volcanic gas catalogue (data from Sup-
plementary Tables 1 and 2). Symbols as in
Figure 1. The thick coloured lines are the
predicted temperature dependences of the
ratios imposed (at 1 bar) by the most common
mineral and gas buffers. These are obtained
by using Equations (3) and (4) and oxygen
fugacity buffered by either the melt/rock ma-
trix or sulphur species in the gas phase. The
mineral buffer [see Frost, 1991, for the relevant
f O2–T relationships] curves illustrated are:
HM: Hematite–Magnetite; NNO: Nickel–Nickel
Oxide; FMQ: Fayalite–Magnetite–Quartz; GB:
FeO–FeO1.5 buffer [Giggenbach, 1987]. The
dashed line in (a) labelled H2S/SO2 corre-
sponds to the sulphur gas buffer of Giggenbach
[1987], and is obtained by solving Equation (6)
(at 1 bar) assuming equimolar amounts of H2S
and SO2 (H2S/SO2 = 1) (a similar line at fixed
H2S/SO2 of 0.1 is also shown in panel (b)). The
DP line is for gas ratios predicted using the
empirically derived f O2 versus temperature
dependence typical of hydrothermal systems
[e.g., D’Amore and Panichi, 1980]. Thin light
blue curves labelled H&F are the gas ratios
predicted by the gas–mineral reactions of
Henley and Fischer [2021] (the model runs
illustrated in their original Figure 5 are shown).

Figure 3. (cont.) The majority of the mixed
(magmatic–hydrothermal; T < 600 °C) gases
plot in panel (a) along a compositional array
(grey dashed area) that overlaps with both
(i) the H2S/SO2 buffer lines, and (ii) the het-
erogenous (gas–mineral) equilibria of Henley
and Fischer [2021]. Many gas samples have
higher H2/H2O ratio compositions than pre-
dicted by either homogenous [Giggenbach,
1987] or heterogeneous [Henley and Fischer,
2021] reactions, likely indication preservation
(quenching) of higher-T equilibria. High-T
magmatic gases plot in between the NNO and
FMQ mineral buffers, suggesting buffering
from source silicate melt. See text for discus-
sion.

redox budget exchanges between gases and silicate
melts (in the supra-solidus regions) and/or with wall
rocks (in the sub-solidus region). Rather, Giggenbach
[1987, 1996] proposed that the H2/H2O ratios versus
temperature dependence exhibited by volcanic gas
samples (Figure 3a) can satisfactory be explained by
homogeneous (gas-phase only) redox reactions tak-
ing place during gas expansion and cooling, accord-
ing to reaction:

3H2 +SO2 = 2H2O+H2S (5)

from which:

Log
H2

H2O
=−1

3
LogK5 +

1

3
Log

H2S

SO2
− 1

3
fH2O (6)

The basic principle behind Equations (5)–(6) is that
the gas H2/H2O ratio will re-adjust (re-equilibrate) as
temperature decreases (e.g., during gas ascent and
adiabatic expansion from source (magma) to atmo-
spheric discharge) in a gas-buffered regime in which
H2S–SO2 coexistence will control the gas redox bud-
get. Equation (6), at 1 bar and for equimolar amounts
of H2S and SO2 (H2S/SO2 = 1), resolves into what
Giggenbach [1987, 1996] referred as the H2S/SO2 gas
buffer (Figure 3).

The resulting model-derived (Equation (6)) tem-
perature dependence of the H2/H2O ratios (dashed
line labelled H2S/SO2; Figure 3a) nicely reproduces
the volcanic gas compositional array (grey band).
Notably, this ability of coexisting H2S and SO2 to
buffer gas phase redox is entirely consistent with
the temperature invariant, analytically determined
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Figure 4. (a) Scatter plot of SO2/H2S versus H2/H2O molar ratios in our volcanic gas catalogue (data from
Supplementary Tables 1 and 2). Symbols as in Figure 1. The thick coloured lines are the predicted gas mo-
lar ratios (from Equations (3) and (4)) for f O2s calculated using the temperature dependences imposed
by the FMQ, NNO, GB and HM mineral buffers (calculations are run over a range of temperatures, as ex-
pressed by the isotherms: dashed lines, in °C). The DP line is derived by using (for f O2 in Equations (3)
and (4)) the empirical f O2 versus T dependence in hydrothermal systems [D’Amore and Panichi, 1980];
thin light blue curves labelled H&F are the gas ratios predicted by the gas–mineral reactions of Henley
and Fischer [2021] (the model runs illustrated in their original Figure 5 are shown). (b) An expanded ver-
sion of (a) illustrating the nominally SO2-free field of hydrothermal steam samples (in the 100–350 °C
temperature range). The magmatic to mixed (magmatic–hydrothermal) samples in our catalogue, hav-
ing detectable SO2, plot to the right of the hydrothermal field. Their SO2/H2S versus H2/H2O popula-
tion is well reproduced by both homogenous [gas-phase only; dashed black lines; Giggenbach, 1987] or
heterogeneous [Henley and Fischer, 2021] reactions. However, the H&F models predict progressively de-
creasing SO2/H2S ratios at increasing mineral–gas reactions (and with decreasing temperatures), while
the majority of the gas samples define a vertical array that is more consistent with gas oxidations (e.g.,
decreasing H2/H2O ratios) during closed-system gas cooling in a S gas-buffered regime [dashed vertical
back line, the H2S/SO2 gas buffer of Giggenbach, 1987].

SO2/H2S ratios (Figure 3b). Giggenbach [1987] con-
cluded that the conversion of SO2 to H2S during
gas cooling, as implicated by the mineral buffer
curves (Figure 3b), is inhibited by the rapid transit of
magma sourced gases through host rocks, preventing
gas–rock reactions to become effective (to achieve
equilibrium). The temperature-invariant, measured
SO2/H2S gas compositions in our dataset (Figure 3b)
indeed suggest that sulphur speciation is little af-
fected by gas–mineral reactions during cooling, al-
though data align along a nearly horizontal trend at
SO2/H2S of ∼10 (H2S/SO2 of ∼0.1) rather than ∼1
[as implicated in the original H2S/SO2 gas buffer of
Giggenbach, 1987, 1996] (Figures 3b, 4).

An alternative view to that of Giggenbach [1987]
has recently been proposed by Henley and Fischer
[2021]. The authors, based on field evidence aris-
ing from rock alteration assemblages found at ex-
tinct (now eroded) andesitic volcanoes [Henley and
Berger, 2011, Henley et al., 2015], proposed that gas
H2/H2O and SO2/H2S ratios are controlled by het-
erogeneous (mineral–gas) rather than homogenous
(gas-only) reactions. The authors presented a com-
prehensive multi-component thermochemical mod-
elling of gas–solid equilibria of magmatic SO2 reac-
tion with primary rock-forming minerals. The key re-
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action invoked by the authors is:

CaAl2Si3O8(s) +2SO2(g ) +2H2(g )

= CaSO4(s) +Al2SiO5(s) +SiO2(s) +H2O(g ) +H2S(g )

(7)

in which magmatic SO2 disproportionate into both
oxidised (anhydrite) and reduced (H2S) sulphur
forms while plagioclase is converted into a secondary
Al-bearing hydrothermal mineral. Similar reactions
can be written to account for the reaction of mag-
matic SO2 with ferromagnesian minerals, such as
ferrosilite (Fe-rich pyroxene) [Henley and Fischer,
2021]:

FeSiO3(s) +SO2(g ) +3H2(g ) = FeS(s) +3H2O(g ) +SiO2(s)

(8)
This reaction nicely accounts for the pervasive
precipitation of iron sulphides (e.g., pyrite and
pyrrhotite) in hydrothermal systems.

The equilibrium constant of reaction (7):

K7 =
H2S

SO2
· 1

SO2
· 1

H2O
· 1
(

H2
H2O

)2 (9)

was rearranged by Henley and Fischer [2021] to ob-
tain:

Log
H2S

SO2
= LogK7 +2Log

H2

H2O
+LogST

− Log

(
K5 ·

(
H2

H2O

)3

Ptot +1

)
(10)

Equation (10) demonstrates that SO2-mineral re-
actions can control both gas composition and re-
dox state (e.g., H2/H2O and SO2/H2S and Total
gas phase sulphur, ST ) at a given total pressure
(Ptot). Figures 3 and 4 illustrate examples of such
gas–mineral reaction paths (light blue lines labelled
H&F). The plotted model curves [we illustrate the ex-
ample runs shown in the original Figure 5 of Hen-
ley and Fischer, 2021] are representative of closed-
system multi-component (mineral–gas) equilibrium
runs in a range of pressures (either 1 or 100 bars),
gas–mineral ratios (either 10 or 100) and tempera-
tures (400–1000 °C), and highlight the expected gas
compositional changes in such gas–mineral reaction
environments. The model reaction paths derived
by Henley and Fischer [2021] indicate that, as reac-
tion progresses (e.g., while gases increasingly react
with host-rock minerals during their ascent, expan-
sion and cooling), the H2/H2O, SO2/H2S and ST are
all expected to decrease in the residual gas phase
(8). The H&F model lines satisfactorily reproduce

the observed (volcanic gas) H2/H2O temperature de-
pendence (Figure 3a). In the models, the predicted
SO2/H2S ratios are relatively invariant in the 1000–
600 °C temperature range, but then drop at <600 °C
as SO2 is increasingly converted into H2S and sul-
phates/sulphides (8) and (9) (Figures 3b and 4).

If either homogeneous (gas-only; Equation (5))
or heterogenous (gas–mineral; Equations (7)–(8))
reactions prevail (during ascent and cooling of mag-
matic gases from source to surface) cannot be un-
ambiguously resolved from our model versus natu-
ral samples comparison. In principle, there is no rea-
son to exclude both reaction mechanisms can indeed
co-operate in a volcanic system in space and time.
The heterogeneous (gas–mineral) reactions satisfac-
torily explain the transition of magmatic gases into
nominal SO2-free hydrothermal gases (dashed light
blue arrows in Figure 4b), and are expected to prevail
in mature hydrothermal systems where the transit of
gas is sufficiently slow to insure gas–mineral titra-
tion effectively takes place, leading to SO2-to-H2S
conversion and sulphur loss to hydrothermal min-
erals. In more active magmatic systems, vice versa,
it is well possible that gas transit through the host
rocks is fast enough to prevent large SO2 scavenging
from reactions with minerals. Our mixed (magmatic–
hydrothermal) gases all contain detectable SO2, and
the SO2/H2S ratios are relatively temperature invari-
ant (Figures 3b and 4a,b), implying the gas may re-
main closed to reactions with host rocks in many
cases, in which case reaction (5) would keep a major
control on gas chemistry and redox.

Neither homogeneous nor heterogenous reac-
tions can explain the high H2/H2O ratio signature
of many relatively low-temperature (T < 400 °C) gas
samples (Figure 3a). These H2-rich compositions
imply that re-equilibration (upon gas cooling) may
eventually not take place at all, causing the sur-
face discharge of relatively cold gases to preserve
quenched, higher-temperature equilibrium condi-
tions (see arrow labelled “quenching” in Figure 3).
Ultimately, the extent of (gas or gas–mineral) re-
equilibration will range from minimal to total in nat-
ural systems, depending on the local conditions and
specific ascent/cooling histories of gases, as on their
route to the surface.
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4.2. Use of hydrogen and hydrogen sulphides as
geothermometers

The strong temperature dependence of H2 concen-
trations (Figure 2a) and H2/H2O ratios (Figure 3a),
combined with relatively temperature-invariant
SO2/H2S ratios (Figures 3b, 4a,b), suggest that gas
chemistry and redox are often internally buffered
(by the gas-phase reaction (5)). One possible way to
test if/to what extent fast-reacting H2 rapidly attains
equilibrium in an internally buffered volcanic gas
phase (e.g., whose redox is controlled by the H2S–
SO2 gas buffer) is to use Equation (5) to estimate
Apparent Equilibrium Temperatures [AETs; e.g., Mat-
suo, 1962, Ohba et al., 1994, Moussallam et al., 2019b,
2022], and compare these with measured (discharge)
temperatures. Deriving such AETs from measured
H2, H2O, SO2 and H2S compositions [e.g., Moussal-
lam et al., 2019b, 2022] is especially important at
open-vent volcanoes [Shinohara et al., 2011, 2015,
2018], in which gas observations are typically taken
in “cold” atmospheric volcanic gas plumes, whose
source vents are inaccessible to direct temperature
measurements [this contrasts with closed-conduit
volcanoes in which gas venting temperatures are
measured concurrently with gas sampling at the
fumarolic outlet; e.g., Ohba et al., 1994]. Such in-
formation on magma source temperatures can be
recorded in the composition of the plume at con-
dition that gas-melt equilibria (i) are established at
magma T –P-redox conditions, and (ii) conserved
during gas cooling and mixing during atmospheric
dispersion. Assumption (ii) is indeed verified by ob-
servations/models that suggest quenching of mag-
matic gas composition in volcanic plumes [in which
source H2/H2O and SO2/H2S ratios are conserved
during plume aging; Aiuppa et al., 2007, 2011].

Our gas catalogue here offers an opportunity to
test condition (i) above and, ultimately, to verify if
internal (gas-phase) redox buffering prevails in mag-
matic systems (over heterogeneous reactions).

We initially illustrate in Figure 5a the temperature
dependence of the equilibrium constant of reac-
tion (5) (expressed in the form of LogK5), as derived
from thermodynamic data in Ohba et al. [1994]. This
equilibrium line (solid black line in Figure 5a) is con-
trasted against analytical values of LogK5, as derived
by solving (for each sample in Supplementary Ta-
bles 1 and 2) Equation (6) using analytically deter-

mined H2/H2O and H2S/SO2 ratios (water fugacity,
f H2O, is calculated from measured XH2O and assum-
ing 1 bar total pressure and ideal gas behaviour). This
comparison shows that the “restored gas analyses”
output analytical LogK5 values that perfectly overlap
with the equilibrium curve: this merely reflects the
accuracy of the gas restoration procedure of Ger-
lach [1980]. More significant is the observation that
unrestored magmatic gases (600 °C < T < 1100 °C)
have analytically determined LogK5 that match
closely equilibrium LogK5 values: for these sam-
ples, approach to equilibrium is proved by the close
match between measured (discharge) temperatures
and AETs (Figure 5b). Some mixed hydrothermal-
magmatic gases also plot along (or at least very close
to) the model equilibrium curve (Figure 5a), indicat-
ing that equilibrium conditions can still be achieved
during gas cooling at temperatures of <600 °C (and
as low as ∼200 °C; Figures 5a, b). However, in such a
temperature range, and increasing number of sam-
ples output analytically derived LogK5 that diverge
from the equilibrium line (Figure 5a): in these sam-
ples, AETs exceed measured (discharge) temper-
atures by several hundred degrees in some cases,
again indicating quenching of higher temperature
(magmatic) conditions, and or disequilibrium con-
ditions. These are the same samples that in Figure 3a
diverge from the main compositional-temperature
array (grey band) toward higher H2/H2O ratios.

The conclusion we can take is that, as previously
shown by Moussallam et al. [2019b] (see their Fig-
ure S1), at magmatic temperatures (>600 °C), gas
compositions can allow estimating AETs that are
within ±20% of actual venting temperatures (Fig-
ure 5d). It is very interesting to realise however that
even at lower (<600 °C) gas venting temperatures,
quenching of higher temperature compositions, or
disequilibrium conditions, is indeed common.

The calculations above do not necessarily im-
ply that gas–mineral reactions (7)–(8) are altogether
unimportant. Reactions between gas and host-rocks
[e.g., Symonds et al., 2001, Henley and Fischer, 2021]
are central to the formation of SO2-poor hydrother-
mal steam samples [e.g., Giggenbach, 1980]. In the
600 °C < T < 1200 °C temperature range however, the
fraction of SO2 loss via reaction (7) and (8) is over-
all a limited fraction (of the total S load in the gas
phase), thus exercising little to no effect on gas equi-
libria (Figure 5).



Alessandro Aiuppa and Yves Moussallam 95

Figure 5. (a) Temperature dependence of the equilibrium constant of reaction (5) (expressed in the
form of LogK5), as derived from thermodynamic data in Ohba et al. [1994]. The equilibrium line (solid
black line) is contrasted against analytical values of LogK5, as derived by solving (for each sample
in Supplementary Tables 1 and 2) Equation (6) using analytically determined H2/H2O and H2S/SO2

ratios (water fugacity, f H2O, is calculated from measured XH2O and assuming 1 bar total pressure and
ideal gas behaviour). (b) Apparent equilibrium temperatures (AET) [Matsuo, 1962, Ohba et al., 1994,
Moussallam et al., 2022] derived from Equation (6) and analytically determined H2/H2O and H2S/SO2

ratios for individual gas samples. High-temperature gases plot along the 1:1 line, e.g., they match closely
measured discharge temperature (x-scale), implying equilibrium conditions. (c) The difference between
Apparent equilibrium temperatures (AET) and measured temperatures (MT) approach 0 in high-T gas
samples, while AETs exceed MTs at lower temperatures (implying quenching of higher-T equilibria.
(d) A magnified version of (c), demonstrating AET and MT differ by < ±20% at T > 600 °C.

4.3. Use of hydrogen and hydrogen sulphides to
estimate oxygen fugacity

A matter that has remained debated for years is if,
and to what extent, volcanic gas compositions reflect
(and can therefore allow deriving) the redox condi-
tions (oxygen fugacities) of the source magmas.

Gerlach [1982] found that their “restored” mag-
matic gas analyses from tholeiitic and alkaline
intraplate volcanoes allow calculating gas oxygen fu-
gacities that vary from ∼10−8.5 to ∼10−12 bar. He also
found these f O2 values to be strongly temperature

dependent, and to overall define a f O2-collection
temperature trend parallel to the f O2–T dependence
imposed by the Fayalite–Magnetite–Quartz (FMQ)
and Nickel–Nickel Oxide (NNO) redox buffers [Eug-
ster, 1977, Frost, 1991]. From this, he concluded that
“. . . lavas tend to buffer the O2 fugacities of their asso-
ciated gases”. Confirmation to this hypothesis came
from later studies [Gerlach, 1993a,b] in which the
f O2 values for (restored) magmatic gases from Ki-
lauea were found to match the measured/calculated
f O2 values of Kilauea basalts. Again, Gerlach [1993a]
concluded that “the evidence discussed above indi-
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cates that subaerial lavas buffer volcanic gas composi-
tions emitted by Kilauea basalt along consistent f O2-
T trend from molten to subsolidus temperatures”. A
strong temperature dependence of volcanic gas f O2

values was also found in the global compilation of
Symonds et al. [1994].

This “melt-buffering” hypothesis has recently
been challenged in a series of studies by Oppen-
heimer et al. [2018] and Moussallam et al. [2019b,
2022] using evidence from novel gas plume obser-
vations, either in-situ or remote. Using results from
Open Path Fourier Transform Infra-Red (OP-FTIR)
spectroscopy observations of lava lake degassing at
Kilauea volcano, Oppenheimer et al. [2018] found
that gas composition varies with activity style and
temperature. They found, in particular, that the vol-
canic gas phase becomes progressively oxidised as
gas temperature progressively drops (below mag-
matic temperature), at a rate that is inconsistent
with that predicted by external gas redox buffer-
ing by the coexisting silicate melt. They proposed
that magmatic gas redox ( f O2) is controlled by ho-
mogeneous (gas-phase only) redox re-equilibration
upon adiabatic gas cooling. Using evidence from a
global volcanic gas dataset, Moussallam et al. [2019b]
generalised the conclusions of Oppenheimer et al.
[2018], showing that the temperature dependence
of volcanic gas f O2 is different (less steep) than that
imposed by external melt redox buffers. Rather, they
found that volcanic gas redox scales with the extent
of gas cooling experienced by gases (as indicated by
temperature difference between gas and the source
melt). In this interpretation therefore, volcanic gas
redox decouples from that of the melt, i.e., the melt
redox information is altered in the gas during its
adiabatic cooling (as gas bubbles separately rise
within—and ultimately burst out of—the silicate
melt). To capture this concept, Moussallam et al.
[2022] proposed the use of the formulation “appar-
ent oxidation state” or AOS which is the oxidation
state of the gas mixture at its apparent equilibrium
temperature. Moussallam et al. [2022] showed that if
the magma temperature is known then the gas AOS
can be restored to its true f O2 at equilibrium with
the magma (i.e., the oxidation state of the magma
can be calculated from the AOS).

Hydrogen and hydrogen sulphide are inherently
central to this discussion, as Equations (3) and (4) can
conveniently be re-arranged to estimate AOS from

measured/apparent temperature and either H2/H2O
or SO2/H2S ratios. Figure 6a is a plot of derived f O2

values for gas samples in our catalogue, as derived
from Equation (3) using measured H2/H2O ratios and
AETs. f O2s obtained by SO2/H2S ratios (and Equa-
tion (4)), also listed in Supplementary Tables 1 and 2,
agree well with those derived from H2/H2O ratios.
The whole volcanic gas population defines in Fig-
ure 6a a roughly linear temperature- f O2 array which
slope is manifestly less steep than that of any min-
eral buffer line. Overall, the volcanic gas population
span from redox conditions between the NNO and
FMQ buffers at temperatures of 900 °C or more, to
redox close to the Hematite–Magnetite (HM) buffer
at the low temperature (<400 °C) end of the popu-
lation. Our results thus corroborate the results of
Moussallam et al. [2019b, 2022] that volcanic gases
become increasingly oxidised with decreasing tem-
peratures. The high temperature (T > 600 °C) mag-
matic gas field is magnified in Figure 6b.

We modelled the closed-system cooling of three
gas compositions from Erta’ Ale [Le Guern et al.,
1979], Satsuma-Iwojima [Shinohara et al., 1993] and
Etna [Aiuppa et al., 2011]. The calculation method
is detailed in Moussallam et al. [2019b, 2022] and re-
sults are shown in Figure 6b. This shows that even at
low (<600 °C) temperature the oxidation state of vol-
canic gases having suffered limited interaction with
the hydrothermal system can be explained by closed
system cooling from magmatic temperature. This is
an astonishing and very fortunate finding as it means
that volcanic gases with AET as low as a few hundred
degrees might preserve information of the oxidation
state and/or temperature of the magma from which
they escaped by simply applying the gas restoration
calculations described in Moussallam et al. [2022].
For example, we can perform the same calculations
but this time starting with the measured gas com-
position from Kawa Ijen volcano collected by Allard
1985 at a measured temperature of 244 °C but with
an AET of ∼343 °C and at an AOS at QFM+5. Restor-
ing [using Moussallam et al., 2022] the volcanic gas
composition back to a magmatic temperature (ar-
bitrarily set to 1000 °C for the purpose of demon-
stration) would lead to a restored gas composition
with an oxidation state and magmatic temperature of
QFM+0.3.

The link between volcanic gas and silicate melt
(magma) redox is more fully analysed in Figure 7.
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Figure 6. The temperature dependence of volcanic gas oxygen fugacities (a) apparent oxygen fugacities
of individual gas samples (data from Supplementary Tables 1 and 2), as derived using Equation (2) from
measured H2/H2O ratios and estimated Apparent Equilibrium Temperatures (AET; same as Figure 5).
Calculated Log f O2 values vary linearly with 1/AET, but the slope of the linear function is manifestly
less steep than the Log f O2 − 1/T dependence imposed by the most common mineral redox buffers
[HM: Hematite–Magnetite; NNO: Nickel–Nickel Oxide; FMQ: Fayalite–Magnetite–Quartz; WM: Wustite–
Magnetite; IW: Iron–Wustite; QFI; Quartz–Fayalite–Iron; see Frost, 1991, Moretti and Neuville, 2021];
(b) a magnified version of (a) comparing the Log f O2 −1/T dependence for high-temperature (>600 °C)
volcanic gases. The dashed lines illustrate the gas evolution predicted from closed-system (gas cooling)
calculations. The closed system model lines suitably reproduce the compositional trend (increasingly
oxidised conditions upon cooling) described by natural samples.

Figure 7a is a frequency distribution diagram of de-
rived (Equation (3)) apparent oxygen fugacities for
magmatic gases (temperature > 600 °C). The figure
demonstrates distinct redox conditions for non-arc
and arc volcanic gases. In spite of some overlap, most
arc volcanic gases have apparent f O2s (as expressed
as ∆FMQ = log f O2(sample) − log f O2(FMQ at AET)) at
∆FMQ ≥ 0, and as high as ∆FMQ+4; whilst non-arc
volcanic gases are generally more reduced ∆FMQ ≤
0.2, and as low as ∆FMQ − 1.2. This diversity is
largely explained by the arc gas dataset containing
many fumarole samples in the 600–900 °C tempera-
ture range, which have therefore cooled significantly
below source magma temperatures, ultimately hav-
ing become more oxidised during closed-system re-
actions [see Figure 6 and related discussions and see
Figure 1 in Moussallam et al., 2022 showing the oxida-
tion state of arc gases restored to magmatic temper-
ature]. However, arc gases sampled at close to mag-
matic temperatures (T > 900 °C) still plot at higher
redox than non-arc magmatic gases (Figure 7a; see
also Figures 4 and 6b), implying that the volcanic
gas f O2 difference is likely to reflect some distinct

redox conditions at source. Intraplate (Figure 7b)
and arc (Figure 7c) melts have previously been shown
to exhibit distinct redox [Cottrell et al., 2022]. We
conclude, therefore, that these diverse magma f O2s
are well preserved in volcanic gases, provided adia-
batic cooling and re-equilibration have not occurred
(e.g., at T ≫ 900 °C). It is important to remem-
ber, however, that melt redox has been found to
vary upon magma de-compressional ascent and de-
gassing, progressively becoming more reduced [e.g.,
Moussallam et al., 2014a, 2016, 2019a, Brounce et al.,
2017, Helz et al., 2017] at low pressure [when S(IV) is
lost to gas as SO2, leading to an overall decrease of the
magma redox budget; [Evans, 2012]]. As such, mag-
matic gas may, at some conditions (limited adiabatic
cooling), reflect redox of shallow, surface-emplaced
magma; however, it is unlikely to provide information
on deep magma (and source mantle) redox [Moretti
and Stefánsson, 2020].
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4.4. Atmospheric fluxes

Upon their atmospheric release from subaerial vol-
canoes, volcanogenic H2 and H2S act as primary
electron donors (e.g., as reducing compounds) in
the atmosphere [e.g., Holland, 2002, Canfield et al.,
2006]. As these volcanic gas species thus contribute
largely to the reducing power (e.g., the ability to
remove atmospheric O2) of volcanic gases, under-
standing their volcanic atmospheric fluxes is central
to reconstructing the oxygenation history of the early
atmosphere and the present atmospheric oxygen
budget [Holland, 2002, Canfield et al., 2006, Stolper
et al., 2021].
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Figure 7. (a) Frequency distribution diagram
of derived (Equation (3)) apparent oxygen fu-
gacities for magmatic gases (temperature >
600 °C), expressed as ∆FMQ = log f O2(sample)

− log f O2(FMQ at AET). The figure demonstrates
distinct redox conditions for non-arc and arc
volcanic gases in the same range and magni-
tude as seen for intraplate (panel b) and arc
(panel c) melts [redrawn from Cottrell et al.,
2022].

As for the more abundant CO2 [Aiuppa et al.,
2019, Werner et al., 2019, Fischer et al., 2019], the
volcanic H2 and H2S fluxes to the atmosphere can-
not be measured directly by remote sensing, as no
specific observational technique exists for this aim.
Therefore, although some rare direct in-situ flux
measurements exist [Aiuppa et al., 2013, Allard et al.,
2014, Tamburello et al., 2019, Moune et al., 2022],
most applications rely on the indirect approach

[Aiuppa et al., 2019, Fischer et al., 2019, Werner et al.,
2019] of scaling gas ratios (H2/SO2 and H2S/SO2

ratios in this specific case) in volcanic emissions to
the global volcanic SO2 flux budget [e.g., Carn et al.,
2017, Fischer et al., 2019], which is well understood
thanks to abundant UV spectroscopy observations
from both ground [Arellano et al., 2021] and space
[Carn et al., 2016]. The operation is, however, com-
plicated by the large spread of H2/SO2 and H2S/SO2

ratios in volcanic gas emissions (Figure 8a–d), which
has traditionally hampered the derivation of robust
global estimates [Halmer et al., 2002, Canfield et al.,
2006].

The two most recent attempts to estimate the H2

and H2S fluxes from global subaerial volcanism are
from Canfield et al. [2006] and Stolper et al. [2021]
(Table 1).

Canfield et al. [2006] compiled 21 high quality vol-
canic gas analyses from volcanoes in a variety of ge-
ological context, including rift-related, hot-spot re-
lated, and in subduction zones related. They found
volcanic gas H2/SO2 and H2S/SO2 ratios to vary
widely even in such a limited dataset, total ranges be-
ing respectively of 0.02–24 and 0.007–2.7. The me-
dian volcanic gas H2/SO2 and H2S/SO2 ratios in their
subset of volcanic gas samples are 0.8 (H2/SO2) and
0.3 (H2S/SO2). Ultimately, by using most represen-
tative ratio ranges in combination with a global SO2

flux estimate [Halmer et al., 2002] they quantified the
global volcanic H2 and H2S fluxes at 0.2–0.7 Tg/yr
and 1.4–2.0 Tg/yr, respectively (Table 1).

Stolper et al. [2021] also based their H2 and H2S
flux estimates on major species’ global budgets—
they used the more updated global volcanic SO2 and
H2O flux inventories of Fischer et al. [2019]. How-
ever, they adopted a different methodology for deriv-
ing best-estimates for H2/SO2 and H2S/SO2 ratios in
“globally averaged volcanic gas emissions”. Instead
of averaging results from measured H2/SO2 and
H2S/SO2 ratios in volcanic gas samples, they relied
on thermodynamically derived H2/SO2 and H2S/SO2

ratios, calculated (from relations similar to Equa-
tions (3) and (4) presented above) at temperature,
pressure and redox ( f O2) conditions of the source sil-
icate melt. For example, they quantified the global
volcanic H2 flux at 0.07–0.44 Tg/yr (Table 1) by com-
bining the global volcanic H2O flux of Fischer et al.
[2019] with the thermodynamically derived (Equa-
tion (3)) H2/H2O ratios at equilibrium with melt,
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Figure 8. (a–d) Scatter plots of H2S and H2 concentrations (data from Supplementary Tables 1 and 2)
versus major species’ concentrations (either SO2 or CO2). All concentrations in mol%. (e–h) Frequency
distribution diagrams of volatile (molar) ratios used for flux calculations. See text, symbols as in Figure 2
except green crossed [hydrothermal steam samples from Chiodini and Marini, 1998].
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using T , P , f O2 values relevant to modern subaerial
magmas. Likewise, their global volcanic H2S flux
range of 0.05–4 Tg/yr was inferred from the global
SO2 inventory of Fischer et al. [2019] and the thermo-
dynamically estimated Equation (4) equilibrium (at
melt T , P , f O2) H2S/SO2 ratios (Table 1). It is neces-
sary to remember that Stolper et al. [2021] implicitly
assume that surface volcanic gas emissions are con-
trolled (buffered) by heterogenous equilibrium with
the coexisting silicate melt. However, this assump-
tion, as previously discussed (cf. Section 4.3), likely
holds only for the very few cases of gases emitted at
magmatic temperature, but not for the many, lower
temperature gas emissions seen at the vast major-
ity of the active volcanoes worldwide (see Figures 3,
4, 6). For example, the range of estimated equilib-
rium H2/H2O ratios of Stolper et al. [2021] is 0.01 to
0.024, and therefore captures only the upper class
(the “magmatic” range) of measured H2/H2O ratios
in volcanic gases (Figures 3a and 5); the majority of
the surface-emitted volcanic gases will be far more
H2-poor because of re-equilibration during homoge-
nous (closed-system) gas cooling (cf. Section 4.3).
As magmatic gas H2S/SO2 are overall preserved dur-
ing gas cooling (Figures 3b, 5), their estimated range
(0.000012–0.28) is representative of the measured gas
composition range (Figure 8b).

We here attempt at a refined H2 and H2S vol-
canic flux inventory (Table 1) by using our more com-
plete volcanic gas catalogue (Supplementary Tables 1
and 2).

Our calculations stand on the approach devel-
oped in the most recent volcanic gas flux quantifica-
tion efforts [Fischer et al., 2019, Fischer and Aiuppa,
2020], in which three categories of subaerial volca-
noes are distinguished and separately treated (Ta-
ble 1). A first category of Volcanic Gas Emitters (Svge)
includes the strongly degassing volcanoes whose SO2

emissions can systematically be detected by satel-
lites [e.g., Carn et al., 2017, Fischer et al., 2019].
These volcanoes typically release high-temperature,
SO2-rich gases, often from open-vent persistently
degassing vents, and are believed to dominate the
volcanic SO2 and CO2 flux inventories [e.g., Aiuppa
et al., 2017, 2019, Carn et al., 2017, Fischer et al.,
2019, Werner et al., 2019, Fischer and Aiuppa, 2020].
Our high-temperature (T > 600 °C; Supplementary
Table 1), ST -rich (Figure 1) magmatic gases are in-
herently the most representative of such emission

category. These have median H2S/SO2 (Figure 8a–
e) and H2/SO2 (Figure 8b–f) ratios of respectively
0.1 and 0.3 (25%–75% percentiles: 0.06–0.6 and 0.1–
1.3, respectively; Table 1). From these, and scal-
ing to the global volcanic flux SO2 of Fischer et al.
[2019] (24.9 Tg/yr), we infer the Svge contribution to
the global (subaerial) volcanic H2 and H2S flux at
1.3 Tg/yr (confidence interval, 0.8–8.3) and 0.23 Tg/yr
(confidence interval, 0.06–1). The other two cate-
gories correspond to the Weak Gas Emitters (Wvge)
[Fischer et al., 2019, Fischer and Aiuppa, 2020] that
include both (a) recently active (but now dormant)
volcanoes whose SO2 emissions are too small to
be resolved from space (the “magmatic” Wvge), or
(b) quiescent volcanoes in hydrothermal stage of ac-
tivity (the “hydrothermal” Wvge) that do not release
SO2 at all, and in which sulphur is essentially released
in H2S form. For Wvge, we therefore cannot rely on
a SO2 flux proxy. Rather, we use the CO2 flux esti-
mates of Fischer et al. [2019], in combination with
H2S/CO2 (Figure 8c–g) and H2/CO2 (Figure 8d–h)
ratios. Our mixed (magmatic–hydrothermal), lower
temperature (T ≤ 600 °C; Supplementary Table 2)
volcanic gas population exactly corresponds to the
category of “magmatic” Wvge, and exhibits H2S/CO2

and H2/CO2 ratios of 0.008 (0.006–0.043) and 0.002
(0.0005–0.012) (Table 1). Hydrothermal Wvge are not
explicitly covered by our review, but their composi-
tions [see data from Chiodini and Marini, 1998] over-
lap with the magmatic” Wvge compositional range
(Figures 8g and h), so we can use the composition of
the latter. In summary, therefore, we infer that Wvge

contribute ∼0.1 Tg H2S and ∼0.0016 Tg H2 yearly.
It is important to stress that the population of Wvge

spans orders of magnitude in terms of H2S/CO2 and
H2/CO2 (Figures 8c–d and g–h) ratios, so our flux es-
timates for this specific category are very poorly con-
strained. However, this has limited impact on our es-
timated total fluxes of H2S (1.4 Tg/yr; 0.9–8.8) and
H2 (0.23 Tg/yr; 0.06–1) fluxes, which are by far dom-
inated by Svge. We conclude that, while thus Wvge

are important volcanic CO2 sources [Table 1; Fischer
et al., 2019, Fischer and Aiuppa, 2020], their contri-
bution to global volcanic subaerial fluxes of reduced,
hydrogenated compounds is irrelevant. This reflects
the H2-poor signature of low temperature gas emis-
sions (Figures 2, 3, 5, 8)—caused by gas oxidation
during cooling (Figure 6) (cf. Section 4.3)—and the
removal of water-soluble sulphur during magmatic
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gas interactions with liquid-dominated hydrother-
mal systems [e.g., Aiuppa et al., 2017], which de-
termines the prevailing low H2S/CO2 compositions
(Figures 1, 8g). Our estimated total volcanic H2S and
H2 fluxes are at the lower range of the estimates of
Canfield et al. [2006], and at the very middle of the
flux range of Stolper et al. [2021] (Table 1).

Our results indicate that global volcanism con-
tributes little (∼1%; range 0.3–4.3%) to the cumula-
tive (global) geogenic H2 flux [∼23 Tg/yr; Zgonnik,
2020]. For comparison, anthropogenic H2 emissions
[∼11 Tg/yr; Ehhalt and Rohrer, 2009] are 1 to 2 or-
ders of magnitude higher than volcanic emissions.
In contrast, our best-estimate for the volcanic H2S
flux (1.4 Tg/yr) implies volcanoes do make up a non-
trivial (∼18%) fraction of the global natural H2S flux
[∼7.7 Tg/yr; Watts, 2000]. Volcanic degassing con-
tributes nearly 3 times less H2S than today anthro-
pogenic emissions [3.3 Tg/yr; Watts, 2000].

5. Summary and conclusions

We have reviewed our present understanding of the
processes that govern the abundance of reduced hy-
drogenated compounds in volcanic gases. Our re-
view shows that the apparent oxygen fugacities of
high-temperature volcanic gases range from ∆FMQ
−1 to 0 (for non-arc volcanoes) to ∆FMQ 0 to +2 (for
arc volcanoes), and are therefore comparable to the
redox conditions of the source silicate melts. A va-
riety of processes can alter gas composition and re-
dox state (H2/H2O and H2S/SO2 ratios) as the gases
expand within the melt and cool, and/or after they
separate from magma on their route to the surface.
Data in our catalogue, when interpreted in the con-
text of existing models of homogeneous (gas) or het-
erogeneous (gas–mineral) reactions, suggest that in
many cases the fast-reacting H2/H2O couple rapidly
re-equilibrates during cooling (e.g., in low temper-
ature gas environments) in a gas-buffered system
which redox is controlled by coexisting H2S and
SO2 (which H2S/SO2 ratio is ultimately conserved at
∼0.1 on average). This gas-phase (closed-system) re-
equilibration upon cooling causes the gas to become
more oxidised than the original (source) magma [Op-
penheimer et al., 2018, Moussallam et al., 2019b].
Conversion of magmatic SO2 to hydrothermal H2S
(and precipitation of sulphates/sulphides) is instead
favoured by slower transit of the gas through the

host rocks, causing more prolonged gas–water–rock
interactions to occur. This condition [Henley and Fis-
cher, 2021] certainly prevails in more mature, liquid-
dominated, and stable (less magma fed) hydrother-
mal systems [Chiodini and Marini, 1998]. Our vol-
canic gas dataset, combined with recently published
global volcanic SO2 and CO2 budgets, implies total
H2S and H2 fluxes from global subaerial volcanism of
1.4 Tg/yr (range, 0.9–8.8 Tg/yr) and 0.23 Tg/yr (range,
0.06–1 Tg/yr), respectively.

Declaration of interests

The authors do not work for, advise, own shares in, or
receive funds from any organization that could bene-
fit from this article, and have declared no affiliations
other than their research organizations.

Acknowledgements

This research received financial support from the
Ministero dell’Università e Ricerca (Italy, Grant
n. 2017LMNLAW), from the Dipartimento della Pro-
tezione Civile and the INGV (under grant “Sviluppo
del sistema unico (INGV-Università) di monitorag-
gio vulcanico e rilevamento precoce dei maremoti
e delle esplosioni parossistiche di Stromboli”), and
from the PNRR PE Project “Return”. This work was
initially inspired by participation of AA to the In-
ternational School “Understanding Oxygen fugacity
in Geoscience” 5–9 September 2022, Trieste, Italy
(https://fo2school.units.it/), and the organisers of
the school (Luca Ziberna and Vincenzo Stagno espe-
cially) are warmly thanked.

Supplementary data

Supporting information for this article is available on
the journal’s website under https://doi.org/10.5802/
crgeos.235 or from the author.

References

Aiuppa, A. (2015). Volcanic-gas monitoring. In
Schmidt, A., Fristad, K. E., and Elkins-Tanton,
L. T., editors, Volcanism and Global Environmental
Change, pages 81–96. Cambridge University Press,
Cambridge, UK.

https://fo2school.units.it/
https://doi.org/10.5802/crgeos.235
https://doi.org/10.5802/crgeos.235


104 Alessandro Aiuppa and Yves Moussallam

Aiuppa, A., Casetta, F., Coltorti, M., Stagno, V., and
Tamburello, G. (2021). Carbon concentration in-
creases with depth of melting in Earth’s upper
mantle. Nat. Geosci., 14, 697–703.

Aiuppa, A., Fischer, T. P., Plank, T., and Bani, P. (2019).
CO2 flux emissions from the Earth’s most actively
degassing volcanoes, 2005–2015. Sci. Rep., 9, article
no. 5442.

Aiuppa, A., Fischer, T. P., Plank, T., Robidoux, P., and
Di Napoli, R. (2017). Along-arc, inter-arc and arc-
to-arc variations in volcanic gas CO2/ST ratios re-
veal dual source of carbon in arc volcanism. Earth-
Sci. Rev., 168, 24–47.

Aiuppa, A., Franco, A., Glasow, R. V., Allen, A. G.,
D’Alessandro, W., and Mather, T. A. (2007). The tro-
pospheric processing of acidic gases and hydrogen
sulphide in volcanic gas plumes as inferred from
field and model investigations. Atmos. Chem. Phys.,
7, 1441–1450.

Aiuppa, A., Inguaggiato, S., McGonigle, A. J. S.,
O’Dwyer, M., Oppenheimer, C., Padgett, M. J.,
Rouwet, D., and Valenza, M. (2005). H2S fluxes
from Mt. Etna, Stromboli, and Vulcano (Italy) and
implications for the sulfur budget at volcanoes.
Geochim. Cosmochim. Acta, 69, 1861–1871.

Aiuppa, A., Shinohara, H., Tamburello, G., Giudice,
G., Liuzzo, M., and Moretti, R. (2011). Hydrogen
in the gas plume of an open-vent volcano, Mount
Etna, Italy. J. Geophys. Res., 116, B10204.

Aiuppa, A., Tamburello, G., Di Napoli, R., Cardellini,
C., Chiodini, G., Giudice, G., Grassa, F., and Pedone,
M. (2013). First observations of the fumarolic gas
output from a restless caldera: Implications for
the current period of unrest (2005–2013) at Campi
Flegrei. Geochem. Geophys. Geosyst., 14(10), 4153–
4169.

Allard, P., Aiuppa, A., Beatuducel, F., Gaudin, D.,
Di Napoli, R., Calabrese, S., Parello, F., Crispi, O.,
Hammouya, G., and Tamburello, G. (2014). Steam
and gas emission rate from La Soufriere volcano,
Guadeloupe (Lesser Antilles): Implications for the
magmatic supply during degassing unrest. Chem.
Geol., 384, 76–93.

Arellano, S., Galle, B., Apaza, F., Avard, G., Barrington,
C., Bobrowski, N., Bucarey, C., Burbano, V., Burton,
M., Chacón, Z., Chigna, G., Clarito, C. J., Conde,
V., Costa, F., De Moor, M., Delgado-Granados, H.,
Di Muro, A., Fernandez, D., Garzón, G., Gunawan,
H., Haerani, N., Hansteen, T. H., Hidalgo, S., In-

guaggiato, S., Johansson, M., Kern, C., Kihlman,
M., Kowalski, P., Masias, P., Montalvo, F., Möller, J.,
Platt, U., Rivera, C., Saballos, A., Salerno, G., Taisne,
B., Vásconez, F., Velásquez, G., Vita, F., and Yalire,
M. (2021). Synoptic analysis of a decade of daily
measurements of SO2 emission in the troposphere
from volcanoes of the global ground-based net-
work for observation of volcanic and atmospheric
change. Earth Syst. Sci. Data, 13, 1167–1188.

Brounce, M., Stolper, E., and Eiler, J. (2017). Redox
variations in Mauna Kea lavas, the oxygen fugacity
of the Hawaiian plume, and the role of volcanic
gases in Earth’s oxygenation. Proc. Natl. Acad. Sci.
USA, 114, 8997–9002.

Burgisser, A. and Scaillet, B. (2007). Redox evolution
of a degassing magma rising to the surface. Nature,
445, 194–197.

Canfield, D. E., Rosing, M. T., and Bjerrum, C. (2006).
Early anaerobic metabolisms. Philos. Trans. R. Soc.
Lond. B, 361, 1819–1834. Discussion 1835–1836.

Carn, S. A., Clarisse, L., and Prata, A. J. (2016).
Multi-decadal satellite measurements of global
volcanic degassing. J. Volcanol. Geotherm. Res.,
311, 99–134.

Carn, S. A., Fioletov, V. E., McLinden, C. A., Li, C., and
Krotkov, N. A. (2017). A decade of global volcanic
SO2 emissions measured from space. Sci. Rep., 7,
article no. 44095.

Chase, M. W. and National Institute of Standards
and Technology (U.S.) (1998). NIST-JANAF Ther-
mochemical Tables. American Chemical Society;
American Institute of Physics for the National In-
stitute of Standards and Technology, Washington,
DC; Woodbury, NY.

Chiodini, G., Cioni, R., and Marini, L. (1993). Reac-
tions governing the chemistry of crater fumaroles
from Vulcano Island, Italy, and implications for vol-
canic surveillance. Appl. Geochem., 8, 357–371.

Chiodini, G. and Marini, L. (1998). Hydrothermal
gas equilibria: the H2O-H2-CO2-CO-CH4 system.
Geochim. Cosmochim. Acta, 62, 2673–2687.

Cicconi, M. R., Moretti, R., and Neuville, D. R. (2020).
Earth’s electrodes. Elements, 16, 157–160.

Cottrell, E., Birner, S., Brounce, M., Davis, F., Wa-
ters, L., and Kelley, K. (2022). Oxygen fugacity
across tectonic settings. In Moretti, R. and Neuville,
D. R., editors, Magma Redox Geochemistry, Geo-
physical Monograph 266. American Geophysical
Union, John Wiley & Sons.



Alessandro Aiuppa and Yves Moussallam 105

D’Amore, F. and Panichi, C. (1980). Evaluation of
deep temperatures of hydrothermal systems by a
new gas geothermometer. Geochim. Cosmochim.
Acta, 44, 549–556.

de Moor, J. M., Stix, J., Avard, G., Muller, C., Cor-
rales, E., Diaz, J. A., Alan, A., Brenes, J., Pacheco,
J., Aiuppa, A., and Fischer, T. P. (2019). Insights on
hydrothermal–magmatic interactions and eruptive
processes at Poás Volcano (Costa Rica) from high-
frequency gas monitoring and drone measure-
ments. Geophys. Res. Lett., 46, 1293–1302.

Ehhalt, D. H. and Rohrer, F. (2009). The tropospheric
cycle of H2: a critical review. Tellus B Chem. Phys.
Meteorol., 61, 500–535.

Ellis, A. J. (1957). Chemical equilibrium in magmatic
gases. Am. J. Sci., 255, 416–431.

Eugster, H. P. (1977). Compositions and thermody-
namics of metamorphic solutions. In Thermody-
namics in Geology: Proceedings of the NATO Ad-
vanced Study Institute Held in Oxford, England,
September 17–27, 1976, pages 183–202. D. Reidel
Publishing Company, Dordrecht, Holland/Boston,
USA.

Evans, K. A. (2012). The redox budget of subduction
zones. Earth-Sci. Rev., 113, 11–32.

Fischer, T. P. (2008). Fluxes of volatiles (H2O, CO2, N2,
Cl, F) from arc volcanoes. Geochem. J., 42, 21–38.

Fischer, T. P. and Aiuppa, A. (2020). AGU Centen-
nial Grand Challenge: Volcanoes and deep carbon
global CO2 emissions from subaerial volcanism—
Recent progress and future challenges. Geochem.
Geophys. Geosyst., 21, article no. e2019GC008690.

Fischer, T. P., Arellano, S., Carn, S., Aiuppa, A., Galle,
B., Allard, P., Lopez, T., Shinohara, H., Kelly, P.,
Werner, C., Cardellini, C., and Chiodini, G. (2019).
The emissions of CO2 and other volatiles from the
world’s subaerial volcanoes. Sci. Rep., 9, article
no. 18716.

Fischer, T. P. and Chiodini, G. (2015). Chapter 45 –
Volcanic, magmatic and hydrothermal gases. In
Sigurdsson, H., editor, The Encyclopedia of Volca-
noes, pages 779–797. Academic Press, Amsterdam,
2nd edition.

Frost, B. R. (1991). Introduction to oxygen fugac-
ity and its petrologic importance. Rev. Mineral.
Geochem., 25, 1–9.

Frost, D. J. and McCammon, C. A. (2008). The redox
state of Earth’s mantle. Annu. Rev. Earth Planet.
Sci., 36, 389–420.

Gaillard, F. and Scaillet, B. (2014). A theoretical frame-
work for volcanic degassing chemistry in a com-
parative planetology perspective and implications
for planetary atmospheres. Earth Planet. Sci. Lett.,
403, 307–316.

Gaillard, F., Scaillet, B., and Arndt, N. T. (2011). At-
mospheric oxygenation caused by a change in vol-
canic degassing pressure. Nature, 478, 229–232.

Gaillard, F., Scaillet, B., Pichavant, M., and Iacono-
Marziano, G. (2015). The redox geodynamics link-
ing basalts and their mantle sources through space
and time. Chem. Geol., 418, 217–233.

Gerlach, T. M. (1979). Evaluation and restoration of
the 1970 volcanic gas analyses from Mount Etna,
Sicily. J. Volcanol. Geotherm. Res., 6, 165–178.

Gerlach, T. M. (1980). Evaluation of volcanic gas anal-
yses from Kilauea volcano. J. Volcanol. Geotherm.
Res., 7, 295–317.

Gerlach, T. M. (1982). Interpretation of volcanic gas
data from tholeiitic and Alkaline Mafic Lavas. Bull.
Volcanol., 45, 235–244.

Gerlach, T. M. (1993a). Oxygen buffering of Kilauea
volcanic gases and the oxygen fugacity of Kilauea
basalt. Geochim. Cosmochim. Acta, 57(4), 795–814.

Gerlach, T. M. (1993b). Thermodynamic evaluation
and restoration of volcanic gas analysis: An ex-
ample based on modern collection and analytical
methods. Geochem. J., 27, 305–322.

Gerlach, T. M. and Nordlie, B. E. (1975). The C-O-
H-S gaseous system; Part II, Temperature, atomic
composition, and molecular equilibria in volcanic
gases. Am. J. Sci., 275, 377–394.

Giggenbach, W. F. (1980). Geothermal gas equilibria.
Geochim. Cosmochim. Acta, 44, 2021–2032.

Giggenbach, W. F. (1987). Redox processes govern-
ing the chemistry of fumarolic gas discharges from
White Island, New Zealand. Appl. Geochem., 2,
143–161.

Giggenbach, W. F. (1996). Chemical composition of
volcanic gases. In Scarpa, R. and Tilling, R. I., ed-
itors, Monitoring and Mitigation of Volcano Haz-
ards, pages 221–256. Springer Verlag, Berlin.

Giggenbach, W. F. (1997). The origin and evolution
of fluids in magmatic-hydrothermal systems. In
Barnes, H. L., editor, Geochemistry of Hydrothermal
Ore Deposits, pages 737–796. John Wiley & Sons Inc,
New York.

Gilat, A. L. and Vol, A. (2012). Degassing of primordial
hydrogen and helium as the major energy source



106 Alessandro Aiuppa and Yves Moussallam

for internal terrestrial processes. Geosci. Front., 3,
911–921.

Halmer, M. M., Schmincke, H.-U., and Graf, H.-F.
(2002). The annual volcanic gas input into the
atmosphere, in particular into the stratosphere: a
global data set for the past 100 years. J. Volcanol.
Geotherm. Res., 115, 511–528.

Helz, R. T., Cottrell, E., Brounce, M. N., and Kel-
ley, K. A. (2017). Olivine-melt relationships and
syneruptive redox variations in the 1959 eruption
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calBP Laacher See eruption (3–15 Tg S), the plinian component of the 39.85 ka Campanian Ignimbrite
(2–9 Tg S), and the 1890 calBCE “Avellino” and 79 CE eruptions of Vesuvius. Our findings demonstrate
that alkali-rich magmas do not outstrip dacite or rhyolite arc compositions in respect of sulphur
abundance and can inform both climate modelling efforts and the search for the eruptions’ signatures
in ice core records.
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1. Introduction

Volcanic eruptions can propel large quantities of ra-
diatively important and chemically reactive species
into the atmosphere [e.g., Robock et al., 2009, Timm-
reck, 2012, Oppenheimer, 2002, Oppenheimer et al.,
2014, Cadoux et al., 2015]. The atmospheric and cli-
matic consequences have been widely studied draw-
ing on evidence from direct observations [e.g., Guo
et al., 2004], indirect and proxy records [e.g., Büntgen
et al., 2020] and modelling efforts [e.g., Toohey et al.,
2019]. While many factors come into play in influ-
encing the climatic impact of a given eruption, the
primary forcing agent is recognised as stratospheric
sulphate aerosol and thus estimates of sulphur yields
for past eruptions are a first order requirement for ef-
forts to understand their climatic and societal conse-
quences. Much attention has been given to determi-
nation of stratospheric sulphur yields but significant
uncertainties remain in the estimates [Scaillet and
Oppenheimer, 2024]. For example, estimates draw-
ing on evidence from the rock record are sensitive to
uncertainties in tephra mass (eruption magnitude),
the abundance and composition of any vapour phase
in the pre-eruptive reservoir, and the behaviour of
volatile elements during storage and eruption [e.g.,
Marshall et al., 2022, Metcalfe et al., 2023, Venugopal
et al., 2020, Schiavi et al., 2020, Schmidt and Black,
2022, Scaillet and Oppenheimer, 2023, 2024].

Sulphur yields can now be estimated with a range
of spaceborne sensors [e.g., Pardini et al., 2017, Tay-
lor et al., 2018]. Despite challenges in validation, this
approach is regarded as the gold standard of eruptive
sulphur yield quantification during an eruption, as it
involves spectroscopic measurement of abundances
of sulphur-bearing gases and aerosol. Sulphur yields
of past events are also estimated from polar ice core
records [e.g., Sigl et al., 2015] drawing on understand-
ing of global atmospheric dispersion of point source
tracer injections in the stratosphere. This approach
also entails substantial uncertainties, for instance in
the case of ice core signals that are not attributed to a
particular volcano (the vast majority), the source lo-
cation (and its proximity to the deposition site) is un-
known. In effect, measurement of traces (ppb) of the
emitted sulphur is used to extrapolate to global sul-
phur yields (Tg).

The third approach draws on petrological analy-
ses of the erupted rocks [Devine et al., 1984] along

with petrological arguments [Scaillet et al., 2003]. In
this case, it is not the emitted sulphur that is mea-
sured but rather the non-emitted sulphur that is
evaluated, based on analyses of sulphur contents in
crystal-hosted glass inclusions and of matrix glass.
The difference in these quantities is then used to
estimate syn-eruptive sulphur yields by scaling to
the estimated total eruptive rock mass [which it-
self typically has high uncertainty; Engwell et al.,
2015, Bonadonna et al., 2015]. Realisation that this
approach failed to yield estimates even close to
the satellite-measured sulphur yields of eruptions,
such as those of El Chichón in 1982 and Pinatubo
in 1991, fuelled recognition that volatile-saturated
pre-eruptive magmas may already contain an abun-
dant sulphur-rich gas phase [e.g., Luhr et al., 1984,
Westrich and Gerlach, 1992, Scaillet et al., 1998, Wal-
lace and Edmonds, 2011]. This became known as
the “excess sulphur” problem, and it is particularly
acute for eruptions of evolved magmas, though less
so for basaltic ones [e.g., Sharma et al., 2004]. The
amount of this sulphur is not captured by the “petro-
logic method” [Devine et al., 1984]. Rather, it has
been inferred from wider geochemical, petrological
and geophysical knowledge of magma bodies [no-
tably drawing on experimental petrology studies and
thermodynamic calculations, e.g., Scaillet and Picha-
vant, 2003]. An alternative approach uses apatite as
a proxy for volatile contents of magmas [e.g., Stock
et al., 2016, Humphreys et al., 2021] but this also re-
quires assumptions, in particular how to relate the
volatile contents of apatite with those of the coex-
isting melt and gas, in addition to apatite occur-
rence. There remain few and sometimes inconclu-
sive constraints on S partitioning between apatite
and melt/fluid [e.g., Peng et al., 1997, Parat and Holtz,
2005]. While promising, this method requires further
experimental work.

In general, very few eruptions before the satel-
lite remote sensing era have been identified with any
degree of confidence in ice core records (this re-
quires geochemical fingerprinting of tephra grains
in the ice cores). Thus, when all we have to go on
are the proximal deposits of large eruptions, esti-
mates of sulphur yield must rely on petrological and
eruption magnitude assessments. While significant
progress has been made in understanding the be-
haviour of sulphur in silicic magmas [e.g., Carroll and
Webster, 1994, Scaillet et al., 1998, Clemente et al.,
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2004, Scaillet and Macdonald, 2006, Keppler, 2010,
Zajacz et al., 2012, Masotta et al., 2016], permitting
estimation of sulphur yields of quartz-oversaturated
felsic arc magmas [e.g., Scaillet et al., 2003], for
quartz-undersaturated, or alkali-rich magmas, the
constraints are limited. This is despite recognition
that the presence of alkalis increases sulphur solu-
bility [e.g., Carroll and Rutherford, 1987, Ducea et al.,
1994] and hence sulphur carrying capacity.

In addition to Tambora 1815 [Oppenheimer,
2003], renowned eruptions of alkali-rich phonolite
to trachyte magmas include those of Campi Fle-
grei, Somma-Vesuvius (Italy) and Laacher See (Ger-
many). In the case of the 13 kyr calBP [Reinig et al.,
2021] eruption of Laacher See, estimates of sulphur
yield range up to 150 Tg [Schmincke et al., 1999]
influencing the parameterisation of climate mod-
els [e.g., Textor et al., 2003, Niemeier et al., 2020]
as well as the search for potential sulphur signa-
tures of the episode in polar ice core records [Baldini
et al., 2018, Abbott et al., 2021]. Our aim here is to
re-assess sulphur yields of Laacher See and other
significant phonolite–trachyte eruptions drawing on
improved understanding of volatile behaviour in al-
kalic magmas and focusing on eruptions for which
pre-eruptive conditions—pressure (P ), temperature
(T ), H2O content and, crucially, redox state—are
experimentally constrained. We use relationships
between the fugacities of key S-bearing species (H2S,
SO2) and their concentrations in phonolite liquids
to quantify the partial pressures of corresponding
species in pre-eruptive magma reservoirs. We focus
on the more evolved portions of erupted magmas
since they are likely to accumulate volatiles during
reservoir growth.

2. Methodology

We follow Anderson Jr et al. [1989] and Scaillet and
Pichavant [2003] in calculating the partial pressures
of dissolved volatile species using thermodynamic
models and volatile concentrations measured in melt
inclusions (MI). We consider primarily the role of
H2O, CO2 and S-bearing species. For the latter,
we use fugacity-concentration relationships estab-
lished by Moncrieff [2000], as reported in Burgisser
et al. [2012]. Since the melt compositions we are
concerned with are broadly phonolitic, we use the
water solubility model of Carroll and Blank [1997],

established using a sodic phonolite. For CO2, the
model used is that of Burgisser et al. [2012], which is
also calibrated on Na-rich phonolite. As shown be-
low, the majority of eruptions had dissolved CO2 con-
tents below detection (<20 ppm), indicating partial
pressures of CO2 below 10 MPa, the fluid being es-
sentially a mixture of water and sulphur (+Cl). For
any species i , the relationships between fugacity, fi ,
mole fraction, Xi , and partial pressure, Pi , is given by:

fi =Σγi Xi Pi (1)

where γi is the fugacity coefficient that describes de-
parture from ideal gas behaviour. In all cases, we
have computed γi from a Modified Redlich Kwong
equation of state using coefficients from Holloway
[1987] and Ferry and Baumgartner [1987]. We treat
the gas as an ideal mixture of real gases (Lewis and
Randall rule), i.e., γi is that of the pure species i at
given P and T .

The total pressure is given by:

ΣPi = Ptot (2)

which we can recast as:

PH2O +PCO2 +PH2S +PSO2 = Ptot (3)

In the results presented below, the retrieved Ptot

was checked against independent phase equilibrium
constraints for pre-eruptive conditions. To accom-
modate uncertainties in f O2, we carried out cal-
culations assuming that S is present either as H2S
(reduced, or around the Quartz-Fayalite-Magnetite
buffer, QFM) or SO2 (oxidized, i.e. 2 log units above
QFM).

Evaluating the S yield related to the release of the
gas phase present in the reservoir requires assess-
ment of the quantity of this phase, a notoriously chal-
lenging task [Wallace et al., 1995]. Geochemical anal-
yses based on trace element behaviour point to pro-
portions ranging from 1 to 6 wt% of the gas phase (ex-
pressed as bubbles in the magmatic reservoir) which
holds all volatiles, including H2O, CO2 and S-bearing
species, the high end corresponding with the apical
portion of evolved magma reservoirs [Wallace et al.,
1995]. Gas amounts of 5–6 wt% are thought to corre-
spond to a percolation threshold, beyond which bub-
bles interconnect, preventing accumulation of higher
gas contents [Wallace, 2001]. Comparison of the sul-
phur yield of eruptions for which both petrologi-
cal constraints and remote sensing, or ice core con-
straints on sulphur yield are available shows that, in
most cases, both approaches agree if a gas content in
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the reservoir of about 5 wt% is assumed [Scaillet et al.,
2003].

Estimation of gas content can also be achieved
using the bulk vesicularity of pumice clasts, as re-
cently shown for the rhyolite of the Changbaishan
(Paektu) Millennium eruption in north Korea [Scail-
let and Oppenheimer, 2023]. Here, the bulk gas con-
tent of magma at fragmentation (the sum of dissolved
and exsolved volatiles) is restored assuming equilib-
rium conditions between gas and melt for both H2O
and CO2 volatiles, which represent more than 95 wt%
of the total volatile complement of evolved magmas.
The calculation uses established solubility laws of
H2O and CO2 in phonolitic liquids [Carroll and Blank,
1997, Burgisser et al., 2012] and a modified Redlich–
Kwong equation of state for describing the fugacities
of corresponding species in the gas phase [Holloway,
1987]. Once that bulk H2O and CO2 contents are
known, the amount of excess gas, if present, at reser-
voir conditions can be calculated if the pre-eruptive
pressure is adequately constrained. The calculation
assumes also that the magma retains volatiles dur-
ing ascent, which has been shown to hold for felsic
eruptions along a significant part of their ascent path
[e.g., Newman et al., 1988]. The lower melt viscos-
ity of phonolitic magmas [Andújar and Scaillet, 2012]
may permit loss of gas during early stages of magma
ascent, however.

An example of such calculation is shown in Fig-
ure 1, using a bulk vesicularity of 0.75, and pre-
eruption P–T of 200 MPa and 800 °C. These P–T val-
ues are typical for evolved reservoirs, including for
those feeding phonolitic–trachytic eruptions [Scaillet
et al., 2008, Fabbrizio and Carroll, 2008, Andújar et al.,
2010]. We show the effect of remaining CO2 in the
matrix glass at fragmentation, for two H2O contents
in matrix glass (0.5 wt% and 1 wt%), on the restored
amount of gas in a reservoir holding a phonolitic melt
at 200 MPa and 800 °C. In Figure 1, a magma reach-
ing 10 ppm CO2 and 0.5 wt% H2O in the residual (ma-
trix) glass at fragmentation yields a gas content of 4
wt%. Such a magma would have a silicate melt with
1.05 wt% dissolved H2O and 434 ppm dissolved CO2.
Increasing the residual H2O content of the matrix
glass at fragmentation to 1 wt% (orange curve) would
increase the gas amount to slightly over 5 wt% with
the dissolved H2O content increasing to 2.46 wt% and
the dissolved CO2 decreasing to 319 ppm.

The residual volatiles in the matrix glass at frag-

Figure 1. (a) evolution of gas mass fraction in
the reservoir with the residual CO2 content in
the matrix glass for two H2O content in the ma-
trix glass: blue 1 wt% H2O and orange 0.5 wt%
H2O. Both sets of calculations are performed
for a terminal bulk vesicularity of 0.75. The
dissolved H2O (wt%) and CO2 (ppm) contents
of the melt phase in the reservoir are shown
along each curve. (b) Same data as in (a) but
showing how the dissolved H2O and CO2 con-
tents in the melt vary. The red box shows
typical pre-eruptive conditions for phonolitic–
trachytic magmas, inferred from the analyses of
dissolved volatiles in crystal-hosted glass inclu-
sions.

mentation are poorly constrained for phonolitic
eruptions, in particular the CO2. For silicic magmas
(rhyolites) available data typically show H2O in the
range 0–2 wt% and up to 20–30 ppm CO2 [e.g., New-
man et al., 1988, Wadsworth et al., 2020] and it is
likely that phonolitic magmas display comparable
values. In Figure 1b, the same calculations are shown
but using a conventional diagram of dissolved H2O–
CO2 contents in the silicate melt. The data define
a single isobaric trend, showing how the amount of
excess gas varies with residual CO2 for two different
residual H2O contents. As in Figure 1a, increasing
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CO2 content leads to an increase in the amount of
excess gas but also to an increase in dissolved CO2

content at pre-eruptive conditions. These calcu-
lations can be compared with typical pre-eruptive
H2O–CO2 contents of phonolitic magmas as inferred
from H2O–CO2 analyses in melt inclusions, which
typically reveal elevated water contents (up to 6–
7 wt%) and CO2 contents below detection limit [e.g.
Cioni, 2000]. Inspection of Figure 1b suggests that
phonolitic magmas have excess gas contents corre-
sponding with the low end of the range inferred for
silicic magmas [Scaillet et al., 2003, Wallace, 2005].

Since we lack precise knowledge of residual
volatiles in phonolitic to trachytic matrix glass at
fragmentation, in the following we assume a gas con-
tent in the reservoir of 5 wt%, bearing in mind that it
likely represents a maximum in most cases.

A critical aspect in performing calculations of S
yields is the accuracy of melt sulphur contents, which
are widely determined by electron microprobe anal-
yses of glass inclusions in phenocrysts. This instru-
ment affords relatively low detection limits, of order
of 50–200 ppm depending on analytical conditions.
Figure 2 illustrates how the calculated mass of emit-
ted sulphur varies with melt sulphur contents, based
on a notional eruption of 4 km3 of DRE magma,
initially stored at 200 MPa, with 5–6 wt% H2O and
20 ppm CO2 in melt along with sulphur, and coex-
isting with 5 wt% of excess gas. The calculations are
shown for both reduced and oxidized conditions. For
the reduced case, taking the case of a magma whose
pre-eruptive S content is at 200 ppm (and 5 wt% H2O
in melt), produces a yield of about 9.3 Tg S. Vary-
ing the S abundance by ±50 ppm corresponds to a
range in the S yield from 5.3 Tg (150 ppm S) to 14.3 Tg
(250 ppm). In other words a typical 50 ppm analyti-
cal uncertainty, equivalent to the standard deviation
of that element in a group of melt inclusions of a sin-
gle event, propagates into 50% uncertainty in the cal-
culated S yield from the gas phase.

While the situation for oxidized conditions seems
less critical, an uncertainty of order 50% in S yield still
emerges. The two curves shown for reduced condi-
tions illustrate also that the melt water content is a
critical parameter. An increase of H2O content of 1
wt% (from 5 to 6 wt%) for the same magma reduces
S yield by around 30% to 6.3 Tg. It is thus essential
to quantify as precisely as possible pre-eruptive con-
ditions in order to calculate volatile yields associated

Figure 2. Variation of the sulphur yield with
pre-eruptive melt sulphur content (S in glass)
for a phonolitic magma stored at 200 MPa,
760 °C and with 5 wt% excess gas, calculated
for either reduced (pyrrhotite-bearing) or oxi-
dized conditions. For reduced conditions, re-
sults are shown for two pre-eruptive melt wa-
ter contents. A variation in ±50 ppm of sulphur
in matrix glass corresponds to a variation of the
calculated sulphur yield of ±50%.

with volcanic eruptions.

2.1. Caveats

Our method is primarily aimed at estimating the S
content of bubbles, whether in the residual melt or
trapped along with a melt inclusion inside a phe-
nocryst. If at equilibrium, the bubble composition is
independent of its location (inside a melt inclusion
within the crystal or outside the crystal). Methods
have been developed to determine the composition
of gas bubbles coexisting with melt inclusions in phe-
nocrysts [e.g., Wallace et al., 2015, 2021, Aster et al.,
2016], including their solid compounds or precipi-
tates [e.g. Venugopal et al., 2020, Schiavi et al., 2020].
These reveal that a significant part of CO2 and S of
the MI and coexisting bubble in basaltic rocks resides
in the bubble. What could affect our calculations
is if the bubbles in the melt inclusions are shrink-
age bubbles arising from cooling, or in other words,
if exsolution of volatiles has occurred after entrap-
ment as inferred for mafic compositions [e.g. Wal-
lace et al., 2015, Venugopal et al., 2020, Schiavi et al.,
2020], thereby changing the amount of S (and CO2)
dissolved in the melt inclusion pre-eruptively, which
would change the corresponding fugacities. How-
ever, while exsolution during cooling is conceivable
for low viscous mafic melts, the colder and viscous
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felsic melts we consider here are much less suscep-
tible. The fact that S contents of matrix glass are
comparable to those of melt inclusions in explosively
erupted felsic magmas [e.g., Westrich and Gerlach,
1992] is direct evidence for limited exsolution of S be-
fore the glass transition temperature is crossed.

Conversely, some of the S present in the excess
fluid in the reservoir could condense as a solid phase
during eruption (i.e. upon cooling) [Rose Jr, 1977,
Schmauss and Keppler, 2014], such as shown for
the Pinatubo 1991 eruption [Jakubowski et al., 2002].
This process would reduce the amount of S released
to the atmosphere. An additional process excluded
in our calculations is breakdown of S-bearing miner-
als, such as pyrrhotite or anhydrite, during magma
ascent. For “cold” magmas, however, this process is
kinetically inhibited, as shown by Gerlach et al. [1996]
for the 1991 Pinatubo eruption.

The preceding discussion illustrates some key
sources of uncertainty in the petrologic method, in
addition to uncertainties in eruption magnitude and
proportion of exsolved fluid, which both scale lin-
early with S yield. In most cases, eruption magnitude
is uncertain at least to a factor of two [Scaillet and Op-
penheimer, 2024]. While these sources of uncertainty
may seem very large, even spaceborne observations
of eruption yields are subject to comparable uncer-
tainty, as are extrapolations of ice core S abundances
to total S yields to the stratosphere.

3. Application

The essential figures calculated for each event are
listed in Table 1, while Figure 3 compares the S con-
tent of the corresponding fluid phase with that esti-
mated for other arc-related magmas.

3.1. Tambora

We first consider the 1815 eruption of Tambora, for
which independent estimates of sulphur yield are
available based on recorded deposition of sulphur
in bipolar ice cores. These indicate a stratospheric
injection of 28 Tg of S [Toohey and Sigl, 2017], ap-
proximately three times the amount measured for the
Pinatubo emission. A recent re-evaluation of volatile
yields (based on melt inclusions) has concluded that
about 74 Tg S were emitted from melt degassing
[Pouget et al., 2023]. The eruption, with an estimated

output of 30–40 km3 DRE of magma [Self et al., 2004,
Kandlbauer and Sparks, 2014] is around 4–8 times
greater in magnitude than that of Pinatubo. From
Self et al. [2004] and Andújar and Scaillet [2012], the
magma was stored at a pressure of around 100 MPa,
a temperature of 935 °C, with a melt water content of
about 3 wt% at an f O2 around QFM+2. The average
sulphur content of melt inclusions ranges from 689 to
775 ppm [Self et al., 2004, Pouget et al., 2023] and in
the following we take a value midway between these
two studies (732 ppm).

For reduced conditions, the fluid phase would
have more than 30 wt% sulphur, while for oxidised
conditions the sulphur content would be around
11 wt% (Table 1, Figure 3). For a 5 wt% gas phase
in the reservoir and 35 km3 DRE of magma, the up-
per bounds for the sulphur released from the excess
gas are 1415 Tg (reduced) and 502 Tg (oxidised), the
lower value being already more than 10 times the
stratospheric S injection estimated based on ice core
records. For 1 wt% excess gas, the corresponding
amounts are 283 and 100 Tg S, respectively. Con-
sidering the inferred high f O2 [Self et al., 2004], the
lower bounds of these ranges seem more appropri-
ate. This suggests that had the reservoir been gas-
saturated, the amount of such a free gas phase was
<1 wt%, or <0.5 wt% considering that a significant
part of S yield comes from melt degassing alone [Self
et al., 2004, Pouget et al., 2023]. The low vesicu-
larity of Tambora pumices [<60%, Suhendro et al.,
2021] compared with other plinian eruptions of fel-
sic magmas [70–80%, Thomas et al., 1994], is consis-
tent with a low pre-eruptive excess gas content. This
first example already illustrates that the assumption
of abundant gas in the reservoir may not be universal,
calling for a case by case approach when calculating
past S emissions. Gas loss prior to eruption during
magma storage has been inferred for the so-called
Millenium Eruption of Paektu [Scaillet and Oppen-
heimer, 2023] and the 1815 Tambora event may be an
additional example.

3.2. Laacher See

Pre-eruptive conditions have been experimentally
determined by Harms et al. [2004] and Berndt et al.
[2001]. These works concluded that the upper-
most part of the magma reservoir, which yielded
most (4 km3 DRE) of the erupted material was
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Table 1. Volatile contents, fluid phase compositions and calculated sulphur yields of famous phonolite–
trachyte eruptions

Tambora Laacher See Campanian
Ignimbrite (Plinian)

Vesuvius Pompei Vesuvius Avellino

Reduced Oxidised Reduced Oxidised Reduced Oxidised Reduced Oxidised Reduced Oxidised

P, bar 1010 800 1796 1760 1950 1950 1940 1920 2020 1900

T, °Ca 935 935 760 760 760 760 815 815 785 785

H2O, wt%a 0.030 0.030 0.056 0.056 0.060 0.060 0.063 0.063 0.060 0.060

CO2, ppma 20 20 20 20 20 20 20 20 20 20

S, ppma 732 732 270 270 100 100 200 200 560 560

f H2O, barb 510 510 1209 1209 1330 1330 1422 1422 1330 1330

f CO2, barc 197 197 197 197 197 197 197 197 197 197

f H2S, bard 331 45 6 25 194

f SO2, bare 95 10 1 5 52

PH20, bar 555 548 1639 1633 1830 1830 1799 1797 1763 1748

PCO2, bar 154 162 122 123 116 116 117 118 114 118

PH2S, bar 296 0 35 0 5 0 19 0 143 0

PSO2, bar 0 88 0 7 0 1 0 3 0 37

Fluid composition, molar

XH2O 0.550 0.685 0.912 0.928 0.938 0.938 0.927 0.936 0.873 0.920

XCO2 0.152 0.203 0.068 0.070 0.060 0.060 0.060 0.061 0.056 0.062

XH2S 0.293 0.020 0.002 0.010 0.071

XSO2 0.110 0.004 0.000 0.002 0.019

Fluid composition, wt%

H2O 0.3725 0.4355 0.8179 0.8330 0.8621 0.8647 0.8485 0.8569 0.7631 0.8067

CO2 0.2525 0.3151 0.1488 0.1538 0.1337 0.1341 0.1349 0.1373 0.1202 0.1334

H2S 0.3750 0.0333 0.0042 0.0166 0.1167

SO2 0.2494 0.0131 0.0012 0.0058 0.0599

S fluid, wt% 0.3516 0.1247 0.0312 0.0066 0.0039 0.0006 0.0155 0.0029 0.1094 0.0299

Bulk S content, wt% 0.352 0.125 0.156 0.033 0.020 0.003 0.078 0.015 0.547 0.150

Fluid, wt% 0.01 0.01 0.05 0.05 0.05 0.05 0.05 0.05 0.05 0.05

vol magma, km3 35 35 4.04 4.04 23 23 0.50 0.5 0.1 0.1

mass S, Tg 283 100 14.5 3.1 10.3 1.6 0.89 0.17 1.26 0.34

a The pre-eruptive temperature. dissolved H2O, S and CO2 contents come from: Tambora: Self et al. [2004], Pouget
et al. [2023], Andújar and Scaillet [2012]; Laacher See: Harms et al. [2004], Berndt et al. [2001], Harms and Schmincke
[2000]; Campanian Ignimbrite: Signorelli et al. [2001], Marianelli et al. [2006]; Vesuvius: Scaillet et al. [2008], Cioni [2000],
Signorelli et al. [1999].

b f H2O = 10((Log(wt% H2O)−Log(0.0329))/0.7238), from Carroll and Blank [1997].

c f CO2 = 10((Log(wt% CO2)−Log(0.000005611))/1.112), from Burgisser et al. [2012].

d f H2S = 10((Log(wt% S)−Log(0.004))/0.501), from Burgisser et al. [2012].

e f SO2 = 10((Log(wt% S)−Log(0.01))/0.437), from Burgisser et al. [2012].
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Figure 3. The sulphur content of the excess gas phase (in wt%) in the reservoir of several volcanic
eruptions, calculated using petrologic and thermodynamic constraints on pre-eruptive P–T –H2O- f O2

conditions. Data for calco-alkaline magmas are from Scaillet et al. [2003]. See text for details of
calculations.

comparatively cool (about 760 °C), water-rich (5–
6 wt% dissolved H2O) and possibly gas-saturated,
and in the pressure range of 150 to 200 MPa. This
magma appears to have been relatively oxidised,
based on S6+/S2− ratios in melt inclusions [Harms
and Schmincke, 2000] and the presence of hauyne
in the mineral assemblage [Wörner and Schmincke,
1984, Berndt et al., 2001]. The sulphur coming from
melt degassing of that part has been estimated at
0.45 Tg [Harms and Schmincke, 2000]. The low-
ermost, more mafic part of the erupted magma
(2.3 km3 DRE), is thought to have been gas-free, re-
flecting its lower water content (4 wt% H2O). Ac-
cordingly, its contribution to the sulphur yield cor-
responds to the sulphur exsolved from melt during

decompression, estimated as 1.45 Tg [Harms and
Schmincke, 2000].

Analyses of melt inclusions from the upper part
of the Laacher See reservoir indicate a pre-eruptive S
content average of 270 ppm [Harms and Schmincke,
2000]. Calculations of S-species fugacities and partial
pressures, and the corresponding fluid phase com-
positions are reported in Table 1. The sulphur con-
tent of the fluid varies between 3.1 wt% (reduced)
and 0.7 wt% (oxidised), falling within the range es-
timated for typical arc magmas [Scaillet et al., 2003]
(Figure 3). Assuming an upper value of gas content in
reservoirs of 5 wt% (which includes the contribution
of all gas species) and taking a magma DRE volume of
4 km3, then, depending on redox state, the Laacher
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See eruption may have released up to 1.5 Tg (oxi-
dised) or 13.6 Tg (reduced) sulphur in addition to that
released by the melt [0.45+1.45 = 1.9 Tg, Harms and
Schmincke, 2000]. This amounts to a total release of
sulphur in the range 3–15 Tg.

3.3. Campanian ignimbrite

The 39.85 ka BP [Giaccio et al., 2017] Campanian
Ignimbrite erupted an estimated 155–265 km3 DRE
(or 4.1–6.9 × 1014 kg) of magma [Marti et al., 2016,
Silleni et al., 2020]. Phase equilibrium constraints
show that the upper part of the magma body was
stored at pressures of 140 to 200 MPa, at a temper-
ature of 740–780 °C, and at or close to H2O satu-
ration, i.e. with dissolved H2O in the melt of about
6 wt% [Fabbrizio and Carroll, 2008], the latter consis-
tent with melt inclusion constraints [Marianelli et al.,
2006]. These temperature estimates are significantly
lower than those based on clinopyroxene-melt ther-
mometry [900–950 °C; Forni et al., 2016], suggesting
that clinopyroxene may record early stages of magma
evolution and not later pre-eruptive conditions.

The pre-eruptive sulphur content of the melt has
been studied in some detail by Signorelli et al. [2001]
by analysing melt inclusions in phenocrysts belong-
ing to the early plinian phase of the event, which
ejected an estimated 23 km3 DRE of magma [Marti
et al., 2016]. Melt inclusions in phenocrysts in-
ferred to record pre-eruptive conditions (salitic py-
roxenes) have sulphur contents below the detection
limit of electron microprobe (EMPA) (approximately
200 ppm for the given analytical conditions). Whole
rock analyses (which are representative of matrix
glass analyses owing to the low crystal content of the
rock of about 5%) indicate values of 110–140 ppm
of undegassed sulphur [Signorelli et al., 2001]. Sul-
phur measurements made by Marianelli et al. [2006]
of various MI from both the fallout or ignimbrite de-
posits range from below 100 ppm for the H2O-rich
MI to over 500 ppm for H2O-poor MI. For our cal-
culations, we take a pre-eruptive sulphur content of
100 ppm, assuming that the H2O-rich portion repre-
sents the top part of the reservoir which fueled the
plinian column. The prevalence of pyrrhotite inclu-
sions in pyroxene suggests reduced conditions [Sig-
norelli et al., 2001]. MELTs simulation of liquid lines
of descent has also suggested that the redox state
during crystallization was around QFM [Fowler et al.,

2007]. Some petrological information on volatiles is
available for both H2O and CO2 but not for sulphur
for the voluminous ignimbrite component of the de-
posit [Moretti et al., 2019], precluding evaluation of
its pre-eruptive sulphur budget.

The results (Table 1) indicate a sulphur content
of the gas phase of 0.4 wt% under reduced con-
ditions (Figure 3). For the 23 km3 (DRE) magma
erupted in the plinian phase, the sulphur yield aris-
ing from exsolved gas (5 wt%) in the reservoir under
reduced conditions amounts to 9.7 Tg. This is simi-
lar to the 10 Tg S erupted by the 1991 Pinatubo erup-
tion which ejected 5 km3 DRE of magma [Guo et al.,
2004], underscoring the fact that alkaline magmas
do not necessarily eject more S than calc-alkaline
magmas. Similar calculations performed for oxidised
conditions (all SO2) yield a sulphur fluid content of
0.15 wt% (Figure 3) and a bulk sulphur yield of 0.8 Tg,
which is a tenth of the reduced scenario. Taking the
higher estimate inferred for the plinian phase as rep-
resentative of the entire erupted magma would im-
ply a total S yield of order 100 Tg S. Note, however,
that this scaling implies a constant gas content in the
reservoir, which is unlikely considering the propen-
sity of gas bubbles to migrate upwards, as demon-
strated for the Bishop Tuff [Wallace et al., 1995]. It
also assumes that all eruptive components (plinian,
ignimbrite) are equally able to release their volatiles
into the atmosphere, which is also unlikely [e.g., Pec-
cia et al., 2023].

3.4. Vesuvius

The erupted volume of phonolite to tephriphono-
lite magmas for the renowned 79 CE eruption is es-
timated as 1.5 km3 DRE [Cioni et al., 2008], around a
third that of Pinatubo’s 1991 eruption. Pre-eruptive
conditions of the phonolite magma have been de-
fined via phase equilibrium and melt inclusion stud-
ies [Cioni, 2000, Scaillet et al., 2008] indicating a
reservoir pressure of 200 ± 20 MPa, temperature of
815 ± 10 °C and water-rich conditions (6–6.5 wt%).
The sulphur content of phonolitic melt inclusions
was found to be below the EMPA detection limit
[200 ppm, Cioni, 2000], therefore we take this fig-
ure as the maximum sulphur concentration at the
top of the reservoir. Similarly, the CO2 content was
found to be below the FTIR analysis detection limit
[Cioni, 2000], and therefore we use a pre-eruptive
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value of 20 ppm. Redox conditions have been esti-
mated to lie around the NNO solid buffer, consistent
with presence of sulphide globules.

For these conditions, our calculations indicate
that the fluid phase in the apical portion of the
magma body had a sulphur content of 1.6 wt% (Ta-
ble 1, Figure 3), if reduced, corresponding to a sul-
phur yield for the phonolitic part of the deposit
[about 0.5 km3 DRE, Cioni et al., 2008] of around
0.8 Tg, comparable to that released by the 1980 El
Chichón eruption [Mexico, Krueger et al., 2008]. Al-
ternatively, for oxidising conditions, with SO2 preva-
lent over H2S in the fluid, then we calculate a sulphur
content of the fluid of 0.3 wt% yielding 0.1 Tg of sul-
phur to the atmosphere.

Pre-eruptive conditions for the Bronze Age Avel-
lino plinian eruption, dated 1890 calBCE [Sevink
et al., 2021], are similar to those for the 79 CE “Pom-
peii” eruption in terms of P–T –H2O [Scaillet et al.,
2008, Balcone-Boissard et al., 2012]. The sulphur
content appears to have been higher than for the
79 CE eruption, averaging 560 ppm [Signorelli et al.,
1999]. This gives a sulphur content in the fluid of
11 wt% for reduced, or 3 wt% for oxidised, conditions.
The modest magnitude, estimated as 0.9 km3 DRE,
of which 0.1 km3 were phonolite [Cioni et al., 2008,
Sulpizio et al., 2010], translates into a sulphur yield
of less than 1.5 Tg in both cases (1.2–0.17 Tg, respec-
tively).

4. Discussion

Our estimated upper limits for the sulphur yields of
these renowned eruptions are comparatively mod-
est, with the possible exception of the Campanian
Ignimbrite. The restored gas+melt S contents (i.e.
S content of the magma before eruption, excluding
that locked in sulphide/sulphate minerals, which is
not available for degassing) range from 37 ppm up to
5130 ppm (Table 1). In detail, considering the likely
redox state (with regard to S) of erupted magmas (ox-
idized for Laacher See and sulphide-bearing for the
others), the bulk content of S is in general of order
several 102 ppm and not several 103 ppm, except for
Avellino. This parameter is compared with the val-
ues calculated for calc-alkaline magmas by Scaillet
et al. [2003] using the same general methodology
(Figure 4).

Excluding the case of Avellino eruption, the bulk
S contents of alkaline magmas appear to be slightly
lower than those of arc magmas. This could reflect
the oxidized nature of calc-alkaline magmas which
allows efficient mafic-to-felsic S transfer during frac-
tionation, by inhibiting extensive sulphide fraction-
ation [e.g. Scaillet and Macdonald, 2006]. How-
ever, the case of Laacher See, an oxidized yet S-poor
magma, does not fit with such a scenario. The ap-
parent low S content of alkaline felsic magmas may
primarily reflect the source rather than a process but
additional data are clearly needed to furnish a more
robust statistical lens on this question.

The sulphur yield of alkaline magmas is positively
correlated with the volume (DRE) of magma emitted,
falling along the same trend defined by arc magmas
(Figure 5). At a given volume a dispersion of 1–2
orders of magnitude in sulphur yield is apparent, in
particular for large eruptions, stressing that eruption
size alone is not a good guide to S yield (and potential
climate impact).

Below we consider our S estimates for alkaline
magmas in the light of previous estimates, and dis-
cuss their relevance in the context of climate proxies
and modelling efforts.

4.1. Laacher See

Schmincke et al. [1999] and Harms and Schmincke
[2000] estimated syn-eruptive exsolution and de-
gassing of order 2 Tg S for the Laacher See eruption.
Drawing an analogy with Pinatubo 1991, Schmincke
et al. [1999] suggested the total yield could have been
as much as 150 Tg S. Based on more specific consid-
eration of the mineralogy and petrology of Laacher
See’s products, Harms and Schmincke [2000] sug-
gested a total yield of at least 10 Tg S, speculating
that it may have been “appreciably more”. A sub-
sequent work acknowledging the implications of re-
dox state suggested a range of 1.7–49 Tg S [Textor
et al., 2003]. More recently, Baldini et al. [2018] ar-
gued for a release of order 42 Tg S drawing on scaling
arguments and sulphur emissions data for other non-
basaltic eruptions. This high emission led them to
suggest a prominent sulphur anomaly in the Green-
land Ice Sheet Project 2 (GISP2) core might repre-
sent the Laacher See eruption, though this match has
been discounted by subsequent high-precision dat-
ing of the eruption [Reinig et al., 2021]. They also
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Figure 4. The calculated bulk sulphur content stored in both melt and pre-existing gas phases. Data from
calco-alkaline magmas are from Scaillet et al. [2003]. The values corresponding to Láscar and Stromboli
volcanoes are beyond the range shown (7 and 36 wt% sulphur respectively).

Figure 5. Relationship between volume of
magma erupted and corresponding sulphur
yield for calco-alkaline (orange) and alkaline
(blue) magmas. The data for calco-alkaline
magmas are from Scaillet et al. [2003].

suggested that with such a high sulphur yield, the
eruption may have played a role in triggering the
Younger Dryas.

A study by Graf and Timmreck [2001] presented
a simulation of the climate response to the Laacher
See eruption, based on a 7.5 Tg S injection. Though
not intended as palaeoclimate simulations, work by
Niemeier et al. [2020] nevertheless has some bearing
on understanding dispersal of the Laacher See ash

and gas emissions and their radiative effects. They
modelled sulphur chemistry and ash dispersion for
a range of scenarios predicated on a “Laacher See-
type” eruption with 0.75, 7.5 and 50 Tg S emissions.
Based on our upper limit of 3–15 Tg of S, the lower
emission scenarios would be more representative for
understanding the potential climatic impacts of the
Laacher See eruption, and for targeting any search
of polar ice core records for its signature (which will
ultimately rest on geochemical fingerprinting of ash
grains). We stress that the oxidised nature of erupted
rocks points to an S yield for the Laacher See event
lying at the lower end of our calculated range, i.e.
3 Tg S.

The 3 Tg S estimate corresponding to oxidised
conditions, as suggested by petrological arguments,
may seem counterintuitive but the lower sulphur
content of the gas phase at high f O2 is an unavoid-
able consequence of the higher solubility of sulphur
in silicate melt at high f O2 [Carroll and Ruther-
ford, 1987]: in other words higher sulphur contents
are achieved with lower PSO2 relative to PH2S: As
readily apparent from Equation (1), a lower PSO2

translates into a lower mole fraction of SO2 in the
coexisting fluid phase, and thus a lower sulphur
content.
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4.2. Campanian ignimbrite

Our calculations for the Campanian Ignimbrite al-
low for a sizeable sulphur release (up to an order
of magnitude greater than that of the 1991 Pinatubo
eruption). However, they are not consistent with far
higher estimates, exceeding 1 Pg S [Scaillet et al.,
2003, and reported in Fedele et al., 2007]. Mean-
while, Marti et al. [2016] estimated a yield of 84–
89 Tg S. Clearly, it is the mass of erupted magma
that makes this event potentially important from the
viewpoint of S yield, not intrinsically high S content
of the magma (Figure 2).

Curiously, very few data are presently available for
S content in MI in minerals from the different CI de-
posits. This is probably because most of the MI have
S concentrations below typical EMPA detection lim-
its, although some data [Webster et al., 2003] sug-
gest SO2 contents up to 2800 ppm. The genesis of
the CI magma is debated, and reflects complex open-
system processes of crystallization, assimilation and
recharge [Fowler et al., 2007]. Based on MI data, Mar-
ianelli et al. [2006] suggested that the plinian phase
(corresponding to >20 km3 of magma) was fed by
magma which had ascended from the main magma
body to a depth of 2–3 km depth. If this is the case,
the presence of a large amount of fluid phase in the
deeper (6–8 km) reservoir could be questioned. Re-
cent work has also suggested that a large part of the
magma erupted derived from thermal reactivation of
a large body of crystal mush in the deeper reservoir
[Forni et al., 2016, Di Salvo et al., 2020]. In this sce-
nario, the process by which a free, S-bearing, fluid
phase accumulates in the reservoir is unclear [see
Parmigiani et al., 2016]. Further progress in estimat-
ing the S release to the atmosphere for CI eruption
requires deeper understanding of the petrogenesis of
the magma combined with more comprehensive MI
studies. The behaviour of volatiles associated with
ignimbrite formation (i.e., processes accompanying
and following column collapse) also requires further
study [e.g., Peccia et al., 2023].

4.3. Vesuvius

We note that our low estimated yield of sulphur for
the 79 CE eruption is consistent with the lack of a
prominent sulphur anomaly in Greenland ice cores
at depths consistent with the age of the 79 CE erup-
tion [Plunkett et al., 2022].

5. Concluding remarks

Our calculations highlight the important role of re-
dox conditions, with estimates of sulphur yields for
the considered eruptions differing by an order of
magnitude depending on whether reduced or oxi-
dised conditions apply. Clearly oxidising conditions,
which enhance the solubility of sulphur in silicate
melts, limit sulphur partition into the fluid phase.
Other factors being equal, higher temperature should
have the same effect because increasing tempera-
ture increases sulphur solubility in silicate melts [e.g.,
Clemente et al., 2004].

The role of chlorine needs to be addressed as well.
Experiments have shown that addition of chlorine in-
creases the solubility of sulphur by a factor of up to
two in rhyodacite melt [Botcharnikov et al., 2004].
Phonolite and trachyte magmas are generally Cl-rich
[e.g., Signorelli and Carroll, 2000], hence an abun-
dance of chlorine may affect sulphur behaviour as
well. The results of Botcharnikov et al. [2004] sug-
gest that our calculated sulphur contents for the gas
phase could be overestimated by 50% or more. We
note however that in the case of Vesuvius, whose
mafic melt inclusions hold up to 2000 ppm S [Cioni
et al., 1995], the Cl-rich character of felsic MI (up to
1 wt% Cl) did not act to sustain high S contents dur-
ing magma evolution, possibly because sulphur was
continuously scavenged into the fluid during frac-
tionation.

Our results clearly discount any suggestion that
alkaline magmas, i.e., trachytes and phonolites, are
special in respect of sulphur emissions during explo-
sive eruptions. Excluding perhaps the case of Cam-
panian Ignimbrite, the other eruptions we have con-
sidered yield sulphur emissions comparable with,
or even lower than, those associated with the 1991
Pinatubo eruption. It appears also that there is
considerable variability between alkaline magmas.
Without robust petrological control, simple extrap-
olation from one case to another (even for similar
chemistries such as with Vesuvius 79 CE and Avellino)
is inadvisable.

While we restrict our work to only four centres
for which volcanological and petrological knowl-
edge is extensive, we note that many other alka-
lic provinces deserve similar attention: oceanic is-
land volcanoes can erupt voluminous quantities of
trachyte or phonolite, such as manifested in the
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Canary islands [Andújar et al., 2008]. Further promi-
nent examples include the Kenyan flood phonolites,
which comprise more than 50,000 km3 of Miocene
lavas and tephra deposits [Macdonald, 2002], and al-
kaline volcanic centres of the West Antarctic Rift Sys-
tem. More experimental work is needed to quan-
tify the S behaviour in alkaline undersaturated mag-
mas, in particular in the presence of a multicompo-
nent fluid phase, in addition to the requirements for
detailed petrological understanding of erupted prod-
ucts.
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